LEIBNIZ INSTITUTE FOR
BALTIC SEA RESEARCH

P Universitat
Rostock

||
i\l

5‘1“‘ ]
—-_w_ 7" Traditio et Innovatio

i§

DOCTORAL THESIS

Diurnal Warm Layers in the Ocean: Dynamics,
Turbulence and Atmospheric Feedbacks

Author: Supervisor:
Mira SCHMITT PD Dr. Lars UMLAUF

A cumulative thesis submitted in fulfillment of the requirements
for the degree of Doctor rerum naturalium (Dr. rer. nat.)

in the

Faculty of Mathematics and Natural Sciences
at the University of Rostock

Rostock, September 2024

https://doi.org/10.18453/rosdok_id00005110


https://www.mathnat.uni-rostock.de/en/
https://www.uni-rostock.de/en/

Reviewers:

1. Reviewer: PD Dr. Lars Umlauf

Leibniz-Institut fiir Ostseeforschung Warnemiinde

2. Reviewer: Prof. Dr. Peter Brandt

GEOMAR Helmbholtz-Zentrum fiir Ozeanforschung Kiel

Submission date: 30.09.2024
Defense date: 14.03.2025



1ii

“We demand rigidly defined areas of doubt and uncertainty!”

Douglas Adams, The Hitchhiker’s Guide to the Galaxy






UNIVERSITY OF ROSTOCK

Faculty of Mathematics and Natural Sciences

Abstract

Diurnal Warm Layers in the Ocean: Dynamics, Turbulence and Atmospheric Feedbacks

by Mira SCHMITT

Small-scale physical processes in the ocean surface layer govern the energy exchange at
the air-sea interface and play a crucial role in the distribution of momentum, energy and
tracers in the ocean. However, they are usually not directly resolved in climate models due
to limited computational resources. This dissertation investigates the influence of Diurnal
Warm Layers (DWLs), which are thin, buoyant layers that form on the surface of the ocean
on days with weak surface winds and waves due to heating by the sun, on oceanic mixing
and flux exchange with the atmosphere.

Based on a second-moment turbulence model and Large Eddy Simulations, the interplay
between DWLs and Langmuir Turbulence (LT) is investigated. LT introduces a Stokes shear
mechanism that impacts DWL energy budgets, and reduces surface buoyancy and velocity
significantly, even under weak wind and wave conditions. This impact is included in a
parameterization for DWLs that is based on dimensional analysis and results in reliable
estimates of DWL bulk properties over a large physical parameter space.

A combination of field measurements and second-moment turbulence modelling reveals
a complex interplay caused by the coexistence of DWLs and submesoscale fronts. DWLs pe-
riodically decouple the deeper parts of the surface layer from direct atmospheric forcing. In
the presence of a front, this effectively eliminates the modification of the surface-layer Ertel
potential vorticity by the surface fluxes, with strong implications for the surface-layer sta-
bility properties. The underlying layer remains marginally unstable, making it susceptible
to symmetric instability and turbulence from small disturbances.

A regional ocean model located in the trade-wind zone of the tropical North Atlantic,
forced at the surface by a high-resolution atmospheric model, is used to investigate the im-
pact of diurnal heating, local precipitation, cold pools and wind bursts, on air-sea exchange
and the structure of the ocean surface layer. Results show that the oceanic heat loss is re-
duced by on average 30 W m~2 in the presence of cold pools. Moreover, the non-solar
heat flux is dominated by the diurnal cycle of the trade winds rather than by diurnal heat-
ing. In the surface layer, rain layers and cloud shading induce a strong lateral variability
in the strength and depth of DWLs. From a series of numerical tracer experiments, a new
shear-dispersion mechanism is identified, induced by the Diurnal Jet, that is reflected in an
extreme anisotropy of horizontal dispersion with diffusivities of order 10-100 m? s~ 1.

A kilometer-scale global coupled simulation reveals the impact of DWLs on atmospheric
convection in the tropics. DWLs cause an abrupt afternoon increase of atmospheric moisture
due to enhanced latent heat flux, followed by an increase in cloud cover and cloud liquid
water. However, this effect lasts only 5-6 hours and leads to an absolute difference of 1% in
cloud cover, which is negligible in the tropical mean.
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Zusammenfassung

Diurnal Warm Layers in the Ocean: Dynamics, Turbulence and Atmospheric Feedbacks

von Mira SCHMITT

Kleinskalige physikalische Prozesse in den oberflaichennahen Schichten des Ozeans bestim-
men den Energieaustausch zwischen Ozean und Atmosphire und spielen eine essentielle
Rolle bei der Verteilung von Impuls, Energie und gelosten Stoffen im Ozean. Aufgrund be-
grenzter Rechenkapazitidten werden sie jedoch in Klimamodellen meist nicht direkt aufge-
16st. Diese Dissertation untersucht der Einfluss von Diurnal Warm Layers (DWLs), diinnen,
leichten Schichten, die sich bei schwachem Wind und Wellengang an der Ozeanoberfla-
che aufgrund der Erwdrmung durch die Sonne bilden, auf die Durchmischung der tieferen
Schichten des Ozeans und den Austausch mit der Atmosphare.

Auf der Grundlage eines Turbulenzmodells und einer Large Eddy Simulation wird das
Zusammenspiel von DWLs und Langmuir Turbulenz (LT) untersucht. LT und Stokes-Scherung
wirken sich auf das Energiebudget von DWLs aus und verringern Oberflichenauftrieb und
-geschwindigkeit selbst unter schwachen Wind- und Wellenbedingungen erheblich. Die
Auswirkungen von LT auf DWLs sind in einer Parametrisierung fiir DWLs enthalten, die
auf einer Dimensionsanalyse basiert und zu zuverldssigen Schitzungen der DWL-Bulk-
Eigenschaften tiber einen grofien physikalischen Parameterraum fiihrt.

Eine Kombination aus Feldmessungen und Turbulenzmodellierung offenbart ein kom-
plexes Zusammenspiel verursacht durch die Koexistenz von DWLs und submesoskaligen
Fronten. DWLs entkoppeln die tieferen Teile der Oberflachenschicht periodisch von direk-
ten atmosphérischen Einfliissen. In Gegenwart einer Front wird dadurch die Anderung
der Ertel Potential Vorticity wirksam beseitigt, was sich stark auf die Stabilitdt der Ober-
flachenschicht auswirkt. Die untere Schicht bleibt marginal instabil, was sie anféllig fiir
symmetrische Instabilitdten und Turbulenz durch kleine Stérungen macht.

Mit einem regionalen Ozeanmodell der Passatwindzone des tropischen Nordatlantiks,
angetrieben durch ein hochauflosendes Atmosphérenodell, werden die Auswirkungen tag-
licher Erwdrmung, lokaler Niederschldge, Cold Pools und Windbden auf den Energieaus-
tausch mit der Atmosphére und die Struktur der Oberflachenschicht untersucht. Die Er-
gebnisse zeigen, dass der Warmeverlust des Ozeans in Regionen mit Cold Pools um durch-
schnittlich 30 W m~2 reduziert wird. AuBerdem werden die nicht-solaren Warmefliisse
durch den Tageszyklus der Passatwinde und nicht durch DWLs dominiert. Regen und
Wolken bewirken eine starke laterale Variabilitdt in der Stiarke und Tiefe der DWLs. Aus
numerischen Tracer-Experimenten wird ein neuer, durch den Diurnal Jet induzierter, Scher-
Dispersions-Mechanismus identifiziert, der sich in einer extremen Anisotropie der horizon-
talen Dispersion mit Diffusivititen in der Groenordnung 10-100 m? s~! widerspiegelt.

Eine globale gekoppelte Simulation mit Auflosung im Kilometer-Bereich zeigt den Ein-
fluss von DWLs auf atmosphérische Konvektion in den Tropen. DWLs verursachen einen
Anstieg der Feuchtigkeit in der Atmosphdre am Nachmittag aufgrund eines erhohten la-
tenten Warmeflusses, gefolgt von einer Zunahme der Wolkenbedeckung und des fliissigen
Wassers in den Wolken. Dieser Effekt hilt jedoch nur 5-6 Stunden an und fiihrt zu einer
absoluten Differenz von 1% bei der Wolkenbedeckung, was im tropischen Mittel vernach-
lassigbar ist.
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Chapter 1

Introduction

1.1 Motivation

The focus of this dissertation is the analysis of small-scale physical processes near the air-sea
interface, which is the boundary between the atmosphere and the ocean and one of the most
physically and chemically active regions on the planet.

Here, atmosphere and ocean exchange energy and momentum via radiative energy trans-
fers and turbulent fluxes of heat and momentum. Changes in the atmospheric dynamics
feed back to the turbulent fluxes, short- and longwave radiation, and precipitation, which
all affect the ocean temperature, salinity and momentum, with the most immediate impact
felt by the surface mixed layer. In return, changes in the energy input from the ocean to
the atmosphere can affect the atmospheric state, the redistribution of energy within the at-
mosphere, and therefore the atmospheric circulation. Hence, atmosphere and ocean form a
coupled system, in which a multitude of feedback mechanisms occur (Foltz, 2019).

Despite the importance of these energy transfers for climate studies, most climate models
are unable to achieve the high horizontal and vertical scales required to resolve the small-
scale processes involved. This dissertation contributes to the Collaborative Research Centre
TRR 181, whose aim is to develop the necessary understanding of the energy transfers be-
tween the different dynamical regimes in the atmosphere and ocean, and develop, test and
implement new and energetically consistent parameterizations in ocean, atmosphere and
coupled models.

This work focuses mainly on the smallest spatial and temporal scales, where small-scale
turbulence drives the dissipation of kinetic energy to internal energy, and on how these
smallest scales are ultimately linked to and strongly influence the larger scales of the energy
cycle through a variety of complex processes. More specifically, a large part of this disserta-
tion focuses on modelling and understanding Diurnal Warm Layers, which are thin layers
that form on the ocean surface due to the absorption of solar shortwave radiation during the
day. Diurnal Warm Layers are able to impact mixing in the ocean and modify the strength
of the radiative fluxes back to the atmosphere, yet they remain unresolved in most model
studies, and universally applicable parameterizations are a topic of ongoing work. In this
dissertation, several gaps in the study of Diurnal Warm Layers are investigated:

1. None of the previous attempts to parameterize Diurnal Warm Layers used a system-
atic and comprehensible non-dimensional approach to the problem, which led to a
limited applicability of the results. Moreover, the effect of surface wave turbulence on
Diurnal Warm Layers remained excluded from earlier parameterizations. The publi-
cation Schmitt et al. (2024), included in this dissertation, focuses on these topics with
the use of a high resolution second-moment turbulence model, validated by a Large
Eddy Simulation.
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2. Interactions between Diurnal Warm Layers and submesoscale fronts are investigated
for the first time in Peng et al. (submitted) by combining observations with idealized
second-moment modelling.

3. The three-dimensional features of Diurnal Warm Layers, their transport of tracers, and
interplay with Rain Layers and small-scale atmospheric processes involving the for-
mation of cold pools, were never previously studied using a three dimensional ocean
model. The publication Schmitt et al. (submitted), included here, is the first model
study that resolves, and has a specific focus on, the impact of all of these processes.

4. The feedback that Diurnal Warm Layers have on the atmosphere had never been stud-
ied in a fully-coupled, global model configuration. In Shevchenko et al. (2023), a direct
resolution of DWLs in such a set up was realized for the first time, allowing for an
analysis of their impact on the atmosphere.

Working towards closing these gaps contributes to understanding air-sea interactions
and reducing biases in climate predictions.

1.2 Fundamental Principles

To provide an overview of the physical principles that form the basis of the models used
in this dissertation, this section briefly summarises the fundamental governing equations,
turbulence closures, and basic concepts of turbulent boundary layer theory.

1.2.1 The Shallow-Water Equations

The basis for all atmosphere and ocean fluid dynamics are the Navier-Stokes Equations for
momentum and buoyancy. This set of partial differential equations, derived from funda-
mental principles like the balance of momentum and the first law of thermodynamics, ac-
curately describes the motions of Newtonian Fluids such as air and water. However, due to
limited computational resources, a statistical approach is required when modelling the tur-
bulent nature of atmosphere and oceans with its chaotic and unpredictable fluctuations and
non-linear interactions. Osborne Reynolds was the first to propose a decomposition of the
turbulent field quantities, e.g. the velocity, into mean (u;) and fluctuating (1) components,
which led to the Reynolds Averaged Navier-Stokes (RANS) Equations for momentum:

aui Jd

Jdu; 19 ;
=+ o (w4 (ujus) — va—zl) + 265 Qjuy = — P8, (1.1)
)

ot = Ox; t 00 0X; pop

Here, the indices denote zonal, meridional and vertical direction and (-) the mean (Kundu
et al., 2016). The first term on the left hand side represents the change with time, followed
by three transport terms, namely the mean advective flux, the momentum flux supported
by the turbulent motions and the diffusive flux with the kinematic viscosity v. The fifth term
represents the Coriolis acceleration with () denoting Earth’s rotation. The terms on the right
hand side consist of a pressure gradient force with pressure p and a gravitational force with
the gravity vector g;. For the ocean, the Boussinesq approximation is assumed, in which
the fluid is incompressible and the density pg is constant except for the buoyancy term.
The second-order tensor <u;u;> is physically equivalent to a stress and is therefore usually
called the Reynolds stress tensor. The presence of this term makes it impossible to obtain
a closed set of equations, since it requires solving new transport equations in which new,
unknown, higher-order terms appear. This is known as the closure problem of turbulence
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(Burchard, 2002), and can only be solved with the use of empirical modelling assumptions
and parameterizations, as explained in more detail in Section 1.2.2.

Since geophysical fluid flows are very shallow, i.e. their vertical scale is much smaller
than their horizontal scale, (1.1) can be simplified to what is known as the shallow-water
equations for velocities # and v in zonal and meridional direction:

ou ou> ouv Juw vy WYy 9, ,, u _lop

54‘@"‘ ay + 9z + ox + a]/ +$(<uw>—vg)—fv——p—oa, (12)
dv dou dv*>  dow A(u) 9W@Y) 9 ,,, , ov _ lop
a"i‘g"i‘@‘f’ oz + ox + ay +£(<vw>—v$)+fu_—;0@, (1-3)

where the Coriolis frequency f = 2Q)sin(¢) at a latitude ¢ was introduced (Burchard, 2002).
The vertical velocity w can be reduced to the hydrostatic relation, and the continuity equa-
tion becomes

—++=—=0. (1.4)

In ocean models, the potential density p of water is determined from an equation of state
involving the potential temperature T, salinity S and pressure p. Assuming a simplified
linear approximation, p = po + a(T — Tp) + B(S — So), where « and B denote the thermal
and haline volume expansion coefficients, and 0 a reference value (Olbers et al., 2012), the
RANS transport equation for buoyancy b = —g/po(p — po) can be derived from the trans-
port equations for T and S as

o + i(uib + (ujb'y — ngi

ot T ox )=r, (1.5)

where r represents all possible sources and sinks of buoyancy, like e.g. heating due to ab-
sorption of solar radiation (Burchard, 2002).
The equations in (1.2)-(1.5) form the basis for all the models used in this dissertation.

1.2.2 Turbulence Closure

As already mentioned in Section 1.2.1, deriving expressions for the turbulent Reynolds
stresses in (1.2), (1.3) and (1.5) requires numerical parameterizations and is one of the key
elements of turbulence modelling. A simple starting point is the eddy viscosity assumption,
in which, in analogy with the molecular transport, the Reynolds stresses are formulated in
terms of a turbulent diffusivity (also called eddy viscosity) and the gradient of the mean
quantities. The separation of horizontal and vertical scales in the shallow-water equations
also implies different turbulent diffusivities in the horizontal and vertical direction, denoted
here by K and v, respectively (Klingbeil et al., 2022). Under these assumptions, one common
formulation for the Reynolds stress tensor for momentum is

W'y W'y (u'w') } :[ —2Koyu —K(9xv + 0yu) —v0.u (1.6)

('u'y (W'Y (Yw') —K(0yv 4 oyu) —2Koyv —140,0

Analogously, the buoyancy stress (u/b’) introduces additional diffusivities K? and v}. The
horizontal turbulent diffusivities K can be determined from a Smagorinsky-type closure that
takes the horizontal model resolution and shear into account. Usually, K? is then calculated
in terms of a prescribed turbulent Prandtl number K? = K/Pr; (for more details see Kling-
beil et al., 2022; Schmitt et al., submitted). The vertical turbulent diffusivities v; and vf are
highly variable in time and space and, for high-Reynolds number flows as encountered in
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this study, typically many orders of magnitude larger than the molecular viscosity. In the
publications Schmitt et al. (2024), Peng et al. (submitted) and Schmitt et al. (submitted),
the vertical turbulent diffusivities are computed by the General Ocean Turbulence Model
(GOTM) with the use of a second-order turbulence closure. This type of closure calculates
v; and v! based on the turbulent kinetic energy (TKE) k, a typical length scale, I, or, equiv-
alently, a frequency or the dissipation €, and a set of dimensionless stability functions that
represent the effects of shear and stratification on the diffusivities. The two quantities k and
[ are computed by solving their corresponding transport equations. Only the TKE trans-
port equation is shown here, for the length scale it is referred to the Appendix of Schmitt
et al. (2024).

The TKE k = §(u}u!) is the kinetic energy of the turbulent velocity fluctuations and its
transport equation can be written as

ok

= —=D+P+G-¢. (1.7)
ot

On the right hand side, the transport terms D describe transport of TKE by the mean flow,
transport by turbulent motions, viscous transport, and pressure transport. The second term
on the right is a shear-production term

ou v
— AN N 2
P=—(u'w) . (v'w >az VS (1.8)
with the squared shear S? = (du/9dz)? + (9v/9z)?. It represents the conversion from mean-
flow energy to TKE, and vice-versa. The third term is the buoyancy production term

pob _

G=(w't) = —vo =

—vPN? (1.9)
that describes conversion between TKE and potential energy, with the introduction of the
Brunt-Viisélld frequency N. Lastly, the final term is the rate of dissipation ¢ of TKE into
internal energy (Burchard, 2002; Olbers et al., 2012).

1.2.3 Boundary Layer Turbulence

Close to a boundary, in this work represented by the air-sea interface, a steady state (dk/dt ~
0) and lateral homogeneity can be assumed, which leads to a balance between TKE produc-
tion and the dissipation rate. Under these assumptions, (1.7) becomes

P+G=c¢. (1.10)

Assuming a neutrally stable boundary layer, the buoyancy production only depends on
the incoming or outgoing buoyancy flux B, and can therefore be approximated as G ~ B.
Likewise, the Reynolds stresses in the shear production term are approximated by a constant
friction velocity u? = 7/py that is proportional to the normalized wind stress 7. Very close
to a boundary, the flow is dominated by shear production and from the logarithmic law of
the wall follows P = € = u3/(xz), where ¥ = 0.4 is known as the von Kadrman constant and
z describes the distance from the wall (Burchard, 2002). Further away from the boundary,
shear production reduces and buoyancy production becomes the dominant term in the TKE
production. The Monin-Obhukov length Lyjo is defined as the distance from the wall, at
which the two forces balance (G = P), from which follows

us u3
B = * L == 1.11
— Lvo = 3 (1.11)

N KLMQ
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Lymo forms the basis of the Monin-Obukhov similarity theory (MOST), which is often used
to describe the nonlinear turbulent exchange of momentum, heat, and mass between Earth’s
surface and the overlying atmosphere in weather, climate, and air pollution models (Monin
and Obukhov, 1954). Based on dimensional analysis, MOST states that for high Reynolds
number flows, in the absence of mean vertical flow, in steady state conditions, and over
horizontally homogeneous and flat surfaces, a single nondimensional ratio { = z/ Lo fully
characterizes the turbulent fluxes and vertical gradients (Stiperski and Calaf, 2023). Accord-
ing to MOST, any mean quantity x (e.g. momentum, heat) in the surface layer, when prop-
erly non-dimensionalized with the respective turbulent scaling variable x*, formed from the
key variables, can be expressed as a universal function F, of the scaling parameter {:

A —F(Q). (1.12)
X

The functional forms of the scaling relations F, have to be obtained experimentally, notewor-
thy is here the landmark 1968 Kansas field experiment by Businger et al. (1971), in which
temperature and wind velocity were measured from a tower in the middle of a flat wheat
field, leading to exceptional agreements with MOST. There are, however, various shortcom-
ings: MOST assumes flat and horizontally homogeneous terrain, yet it is often applied to
more complex topography. There is a lack of scaling of horizontal velocity variances un-
der unstable thermal stratification, and its applicability to the ocean is unclear since the
assumptions that lead to (1.10) really only apply to rigid walls. The presence of waves or
ocean currents is therefore not properly considered. Hence, the processes introduced in the
next sections complicate the exchange between ocean and atmosphere beyond the findings
from MOST. The Monin-Obhukov length, however, remains a relevant length scale when
parameterizing Diurnal Warm Layers, as shown later on in Section 2.1 which summarizes
Schmitt et al. (2024).

1.3 Relevant Small-Scale Processes

As explained in Section 1.2.3, classical boundary layer theory has its limitation, and the
small-scale processes investigated in this dissertation, which are all summarized in Fig. 1.1,
complicate the energy exchange between ocean and atmosphere. This section therefore in-
troduces the current state of research on Diurnal Warm Layers and Rain Layers, and ex-
plains the generation of Langmuir turbulence by surface waves. Next, submesoscale fronts
and frontal instabilities are introduced. Lastly, atmospheric feedbacks and their influence
the ocean through cold pools, wind bursts and precipitation is explained.

1.3.1 Diurnal Warm Layers

Diurnal Warm Layers (DWLs) form on the surface of the ocean on days with strong solar
heating and weak to moderate wind and wave conditions. Lasting from late morning to
the evening hours, the characteristic feature of DWLs is a strong temperature stratification
down to depths on the order of meters (Price et al., 1986). In the oceanic mixed layer, DWLs
lead to a modification of the turbulent motions by trapping the wind stress within the strong
stratification. This causes strong turbulence within the DWL and a horizontal acceleration,
termed the Diurnal Jet, that persists for as long as the DWL is present and reaches velocities
on the order of 0.1 ms~! (Hughes et al., 2020). At the same time, TKE and energy dissipation
in the deeper mixed layer are reduced by several orders of magnitude in the presence of a
DWL (Moulin et al., 2018).
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FIGURE 1.1: Process sketch depicting the coexistence of Diurnal Warm Layers,
Rain Layers, surface wave turbulence, submesoscale fronts and the exchange
of energy with the overlying atmosphere.

A typical DWL evolution at a latitude of 10°N, based on a high-resolution simulation
with the model GOTM (see Section 1.2.2 and Section 1.4), is shown in Fig. 1.2. At the sur-
face, the model is forced by a constant wind stress T, equivalent to 3 m s~! wind speed, and
an idealized net heat flux Qpe; that resembles the typical daily variation of cooling at night
time and heating during the day with a maximum at midday. Shortly after Qnet becomes
positive, a DWL starts to develop that reaches its maximum sea surface temperature (SST)
anomaly of 1°C at around 15:00 (see Fig. 1.2b). At this tropical latitude, the inertial period
from the Coriolis rotation is much longer than the lifetime of the DWL, which is why the di-
urnal jet in this simulation is only marginally influenced by the Coriolis force and constantly
points in the direction of wind propagation (Fig. 1.2c). The rotation of the jet at higher lati-
tudes with shorter Coriolis periods, and the resulting changes in DWL evolution, are part of
the analysis in Schmitt et al. (2024). During the afternoon, the DWL depth starts to increase
due to entrainment of colder water at the base of the DWL. This entrainment is the result
of wind-driven shear instabilities, as also evident by the gradient Richardson number Ri
being close to the critical value 0.25 (Fig. 1.2d). The non-dimensional number Ri = N?/§2
compares the destabilizing influence of the wind shear, S, and the stabilizing influence of
stratification, represented by N. Large values of Ri indicate that mixing is suppressed, while
Ri = 0 is indicative of a well-mixed, convective layer. From instability theory (Smyth and
Carpenter, 2019), it was derived that a Richardson number of Ri ~ 0.25 is a necessary crite-
rion for the development of shear instability. The suppression of turbulence below the DWL
is evident in both Ri > 1, as well as the reduction in turbulent kinetic energy k (Fig. 1.2e).

DWLs are difficult to observe since they require undisturbed measurements of the ocean
surface layer at a high temporal and spatial resolution. Successful measurements of tem-
perature and velocity were obtained using surface following platforms (Hughes et al., 2020;
Hughes et al., 2021), drifters (Hans et al., 2024) and autonomous gliders (Peng et al., sub-
mitted). Similarly, modelling of DWLs requires high vertical resolutions of ideally < 0.10 m
near the surface and small time steps, which is why not only global, but also regional model
studies usually do not resolve the surface warming and subsequent mixing suppression in
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FIGURE 1.2: Time series of DWL evolution with (a) surface heat flux and wind
stress, (b) temperature, (c) u—velocity in wind direction, (d) gradient Richard-
son number, and (e) turbulent kinetic energy.

the deeper layers correctly. For these reasons, a parameterization for DWLs is a topic of
ongoing research.

The first publication that aimed at finding reliable scaling formulas for the most impor-
tant DWL bulk properties was the study by Price et al. (1986). Their scaling model uses a
critical Richardson number criterion applied to the momentum and heat transport equations
to determine the DWL depth h, an average bulk temperature T and an average bulk velocity
V, all evaluated at the midday heat flux maximum. In comparisons with observations taken
at around 30°N and results from a simple bulk mixing model, the derived scaling performed
well. Shortcomings are the assumption that the DWL is noninteractive with the mixed layer
below, the lack of a parameterization for different water types with varying shortwave ab-
sorption lengths, the lack of surface-wave effects, an uncertainty in the applicability of the
scaling at higher latitudes, and missing information about the vertical structure and tempo-
ral evolution of DWL temperatures and velocities.

The Price et al. (1986) scaling was expanded upon in the publication by Fairall et al. (1996),
in which the authors focused on deriving the evolution of temperature profiles over the
course of the day. For this, they integrated the incoming surface fluxes in time and made
the assumption that there is a linear gradient in temperature through the warm layer. A
three-band spectral parameterization for the absorption of shortwave radiation was intro-
duced, tuned to the water type found at their observational site. Unfortunately, Fairall’s



8 Chapter 1. Introduction

model focuses only on temperature and neglects to derive expressions for the velocity pro-
files. Furthermore, the dependency of the profiles on latitude and Coriolis frequency f was
neglected, and surface-wave effects are still missing. Gentemann et al. (2009) further refined
Fairall’s model by the use of a nine-band absorption model, again tuned to the clear waters
found at their study site. In addition, they introduced reduction rates that are supposed
to incorporate the effects of mixing and entrainment at the DWL base, and improved the
shape of the temperature profiles from linear to exponential with a dependency on wind
speed. These profiles are predicted at each time step in the model and provide an estimate
of the vertical temperature structure within the diurnal thermocline that compared well to
their observations. On the downside, due to the heavy tuning of the absorption model to fit
the observations, the profiles predicted by the Gentemann et al. (2009) model are not uni-
versally applicable to all water types. Moreover, the introduced reduction rates are simply
derived by fitting to the observations and lack physical reasoning.

All in all, none of the attempts at deriving a scaling for DWLs have been able to in-
corporate all possible atmospheric forcings, locations and water types. There is a lack of a
non-dimensional approach to the problem, and existing proposed scalings were never thor-
oughly tested over large parameter spaces. Schmitt et al. (2024), included in this dissertation,
aims to fill this gap.

1.3.2 Rain Layers

Precipitation on the ocean leads to the formation of thin Rain Layers (RLs), an accumulation
of buoyant fresh water on the more saline surface mixed layer. RLs have similar charac-
teristics as DWLs, in that they stably stratify the near ocean surface under low wind con-
ditions and in doing so temporarily stall vertical mixing (Schliissel et al., 1997; Shackelford
etal., 2022). The trapping of momentum causes an acceleration of the fresh water lens, iden-
tical to the formation of the Diurnal Jet, which led to the term "slippery layer" (Kudryavtsev
and Soloviev, 1990). Float experiments by Shcherbina et al. (2019) in the Eastern Pacific
Fresh Pool showed an increased lateral advection of surface waters by 25 km compared to
waters at 30 m depth due to this slippery layer effect. The acceleration of the surface cur-
rent is further increased by the suppression of surface gravity waves under heavy rainfall
(Laxague and Zappa, 2020).

Furthermore, RLs can have a significant effect on air-sea CO, exchange directly through
increased transfer velocity and indirectly by chemical dilution and wet deposition, partic-
ularly in regions of low wind and high precipitation (Turk et al., 2010). Although rain was
observed to also cool the surface waters, the stabilizing effect of rain freshening on surface
buoyancy is reported to be larger than the destabilizing effect of rain cooling on surface
buoyancy (Thompson et al., 2019).

1.3.3 Langmuir Turbulence

Langmuir Turbulence (LT), named after its discoverer Irving Langmuir, is a turbulent flow
that is caused by the interaction of ocean surface waves with the mean current. Character-
istic of LT is the formation of shallow, counter-rotating cells with bands of divergence and
convergence at the surface that are aligned with the wind direction (see the schematic in
Fig. 1.3). Most observations of LT consist of marine debris, seaweed or bubbles that accu-
mulate at the surface along the convergence bands in long, straight lines. Below the con-
vergence zones, downward facing jets transport surface waters to the base of the mixed
layer and inject turbulent kinetic energy to depths well below the depth scale for the surface
waves.
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FIGURE 1.3: Schematic of counter-rotating Langmuir cells and resulting di-
vergence and convergence zones with accumulated marine debris.

The generally accepted theoretical interpretation of Langmuir cells is as solutions of the
equations derived by Craik and Leibovich (1976), which are a multi-scale theory for the
phase-averaged dynamics of low-frequency motions in the presence of high-frequency sur-
face gravity waves with Stokes velocity (McWilliams et al., 1997). The Stokes velocity us is a
slow drift in the direction of wave propagation that fluid parcels undergo in the presence of
nonlinear, finite amplitude waves, i.e waves whose amplitude can not be considered small
in comparison with either the wavelength or the depth of water column (Kundu et al., 2016).
In a fully developed sea, where wind and waves are in equilibrium, the Stokes drift can be
derived from empirical wave spectra as in Li et al. (2017) which take into account the peak
wave number, as well as effects like the directional spreading of wind-waves and the re-
motely generated swell which lead to the misalignment of wind and waves. The resulting
Stokes drift profiles have a surface value 1! that is proportional to the wind speed and decay
exponentially with depth. In the theory of Craik and Leibovich (1976), the essential feature
to represent the interaction between wave field and mean flow, is the addition of a "vortex
force" us X w to the momentum transport equations. Here, w = V X u represents the curl
of the Eulerian velocity u.

Under equilibrium conditions, the turbulent Langmuir number, which is the relevant
parameter measuring the competition between shear instability of the wind-driven currents
and the vortex force,

La = (u./u%)z, (1.13)

is usually around 0.2 to 0.5 (McWilliams et al., 1997). Generally, LT is considered to be the
dominant mixing process when La < 0.3. Typical for this range are nonequilibrium swell
conditions with low wind and large wave ages (Kukulka et al., 2013).

Overall, LT has the ability to homogenize and deepen the oceanic near surface bound-
ary layer. In the presence of waves and LT, buoyant surface layers like DWLs and RLs
are expected to be destabilized and mixed deeper than under wind-driven shear instabil-
ities alone. The interplay between surface heating and LT has been the subject of several
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FIGURE 1.4: Schematic of an idealized front, identical to the model set up in
Peng et al. (submitted). The gray scale represents density with horizontal and
vertical buoyancy gradients M? and N2 and a mixed layer down to a depth
depicted by the gray dashed line. The inward pointing arrows show the direc-
tion of the thermal current v, in the y-direction. From Peng et al. (submitted).

high-resolution Large Eddy Simulations (LES), which rely on the computationally expen-
sive solving of the low-pass filtered Craik-Leibovich equations (Min and Noh, 2004; Pearson
et al., 2015; Wang et al., 2023). A parameterization of LT was also included in the second-
moment model GOTM specifically for the study presented in Schmitt et al. (2024), more on
this in Section 1.4.

1.3.4 Submesoscale Fronts

Submesoscale fronts and filaments exist on temporal and spatial scales on the order of hours
to days and 0.1-10 km (Peng et al., 2021) and have the ability to re-distribute water proper-
ties, including momentum, buoyancy, heat, freshwater, and biogeochemical tracers (Gula et
al., 2022). Mesoscale straining leads to a sharpening of frontal gradients in a processes called
frontogensis (Capet et al., 2008), which generates submesoscale fronts that are amenable to
different types of instability. They are characterized by large horizontal density gradients,
which in Fig. 1.4 is represented by a horizontal buoyancy gradient M> = —db/dx where x
is in cross-front direction. Within geostrophically balanced fronts, the hydrostatic pressure
gradient is in a balance with the Coriolis force, resulting in a meridional flow that is termed
thermal jet or geostrophic current v, with the thermal wind shear dvg/dz = M?/ f (Taylor
and Ferrari, 2010).

Fronts are theorized to provide an energetic link between the large, energy-containing
mesoscales and small-scale energy dissipating turbulence through various types of flow in-
stabilities (McWilliams, 2016). Of particular relevance are two instabilities that are expected
to occur if the Ertel potential vorticity (PV) g and the Coriolis frequency f attain opposite
signs:

fa=f(fk+w)Vb<O0. (1.14)

Here, k is the upward unit vector and w the vorticity (Haine and Marshall, 1998). If the
front is straight (db/dy = 0), has a constant M?,a velocity in thermal wind balance and zero
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relative vertical vorticity as assumed in the idealized simulations in Taylor and Ferrari (2010)
and Peng et al. (submitted), the Ertel PV simplifies to § = fN? — M*/f. The two possible
types of instability are gravitational instability for N> < 0, and symmetric instability (SI) for
stable stratification and a sufficiently large M. In the latter case, the condition in (1.14) is
equivalent to a threshold of the balanced Richardson number, Ri, = N?f2/M* < 1 (Taylor
and Ferrari, 2010). The development of SI is closely tied to boundary forcing, which is
capable of changing the surface layer PV. "Forced" SI refers to SI that develops in response
to destabilizing surface forcing. The conditions required for destruction of PV by surface
forcing are discussed in Thomas (2005), who showed that fg is reduced when the ocean
surface is cooled by non-solar heat fluxes, or when the surface wind stress points in the
direction of the geostrophic current, as depicted in Fig. 1.4. The latter process is called a
"downfront wind", during which dense water is advected on top of lighter water by the
cross-front Ekman flow acting on the horizontal density gradient at the front. Both cooling
and downfront wind result in a decrease in surface buoyancy and PV, which triggers SIL
Secondary shear instabilities evolve inside the SI structures, providing the final step towards
energy dissipation (Taylor and Ferrari, 2009).

On the other hand, surface warming is expected to increase PV, leading to a restratifica-
tion and stabilization of the surface boundary layer, and potentially also to the generation of
DWLs. Diurnal variability in the atmospheric forcing therefore strongly affects the dynam-
ics, stability, and turbulence of submesoscale structures, as previously investigated in Peng
et al. (2021). Peng et al. (submitted), summarized in Section 2.2, is the first study in which
fronts could be observed under a diurnal forcing that was strong enough to form DWLs.

1.3.5 Atmospheric Feedbacks

As introduced with the above processes, forcing from winds, heating, cooling, and rainfall
has a profound influence on the distribution of mass, heat, and momentum in the ocean.
In return, the atmosphere can respond to ocean surface conditions, particularly changes
in temperature, salinity and currents, by adapting its patterns of cloudiness, rainfall, and
winds. Thus, the oceans and atmosphere form a coupled system through the exchange of
heat, mass and momentum.

The strength of the latent and sensible heat fluxes radiated by the ocean depend on the
humidity and temperature differences between air and water. They are therefore directly
influenced by the increase in SST in the presence of a DWL, with estimates for the flux
increase ranging from 2-5 W m~2, based on an observational study by Matthews et al. (2014),
to up to 100 W m~2 in the modelling study of atmosphere-ocean interactions in the tropics
by Brilouet et al. (2021). The global increase and effect that this increase has on atmospheric
properties like humidity and cloud cover is the main subject of the publication Shevchenko
et al. (2023) to which this dissertation contributed (see Section 2.4).

An atmospheric process that influences the mixed layer properties of the ocean through
exchange of wind momentum, and in return triggers changes in the surface heat flux, is
an atmospheric cold pool. A cold pool is a cold pocket of dense air that forms when rain
evaporates during precipitation underneath a cloud. The cold air is denser than its sur-
roundings and therefore sinks towards the air-sea interface. There, it generates a divergent
flow that moves radially away from the location of the precipitation and can be felt in the
form of strong wind bursts (see Fig. 1.5). As the wind burst spreads outwards, it increases
the surface heat fluxes and creates entrainment and lifting of warmer air which may trig-
ger new convection and influence wind patterns and cloud cover (Vogel et al., 2021). Cold
pools exist both over land and ocean and are often observed underneath shallow clouds in
the trade-wind region of the subtropics (Bony et al., 2017). The effects they have on mixing
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FIGURE 1.5: (a) Process sketch of a cold pool and (b) cold pools as seen in the

atmospheric Large Eddy Simulation used as forcing in Schmitt et al. (submit-

ted). Shown in (b) is the 2 m air temperature with the mean wind anomaly as

arrows. Several cold pools are clearly visible as dark purple areas surrounded

by circular wind bursts. The white contour marks areas with cloud cover
> 10%.

of the ocean surface and the influence on the surface fluxes is the main subject of Schmitt
et al. (submitted), summarized in Section 2.3.

Last but not least, sharp SST gradients between RLs and the surrounding waters, espe-
cially in the presence of DWLs, have been hypothesized to generate horizontal pressure gra-
dients in the atmospheric boundary layer, thus influencing the distribution of atmospheric
convection (Lindzen and Nigam, 1987). In the same way, submesoscale fronts are hypothe-
sized to influence air-sea fluxes and atmospheric convection patterns because of their sharp
SST gradients, which are sustained even under high winds.

1.4 Methods

The publications included in this dissertation are based on different types of high-resolution
models. The following is a brief summary:

* Schmitt et al. (2024) and Peng et al. (submitted) use the one-dimensional water column
model GOTM (General Ocean Turbulence Model) that solves the one-dimensional ver-
sions of the transport equations in (1.2), (1.3) and (1.5) (Umlauf et al., 2005). Specifically
for Schmitt et al. (2024), the increased mixing by waves and LT is included through
additional terms in the transport equations. Firstly, the Stokes drift components u;
and v are added to the velocities in the Coriolis term in (1.2) and (1.3). Secondly,
the vertical Reynolds stresses are modified to include an additional Stokes diffusivity
v? and the vertical gradient of the Stokes velocity. For example, in (1.2), the modi-
fied stress becomes (u'w') = —(v;0u/9z + v79us/9z). The stability functions needed
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to calculate 14 and v? were also modified to include LT effects following the work in
Harcourt (2015). Lastly, an additional Stokes shear production term Ps was added to
the TKE transport equation in (1.7), as well as to the length scale transport equation.
More details on the model modifications can be found in Schmitt et al. (2024) itself.
To validate these new additions, GOTM was compared to a Large Eddy Simulation
(LES), which is a high-resolution three-dimensional model that solves the low-pass fil-
tered Craik-Leibovich equations and is often used for idealized process studies. The
low-pass filtering can be viewed as a sufficiently fine time- and spatial-averaging such
that the mean flow quantities still resolve the large energy-containing eddies down to
the inertial subrange. Applying this filter reduces the computational cost of the sim-
ulations by ignoring the smallest length scales, which are the most computationally
expensive to resolve. Still, the full momentum balance must be solved, including the
vertical velocity transport equation and the nonhydrostatic pressure contribution. The
unresolved subgrid scales are assumed to be isotropic and can therefore be included in
the form of simple parameterizations. Details on the LES set up in Schmitt et al. (2024)
can be found in Pham et al. (2023) and in the Appendix of Schmitt et al. (2024).

¢ In Peng et al. (submitted), constant horizontal density and pressure gradients, as well
as a geostrophic current v, are prescribed to represent the presence of a front with
infinite width, as inspired by the idealized model set up in Taylor and Ferrari (2010).
This set up makes it possible to account for some of the key physical processes in two-
dimensional fronts with the help of the one-dimensional (vertical) model GOTM.

e Schmitt et al. (submitted) uses the three-dimensional model GETM (General Estuar-
ine Transport Model), which was designed to model the advective transport of water
masses in highly dynamic estuaries and coastal oceans (Burchard and Bolding, 2002).
In GETM, the transport equations in (1.2)-(1.5) are solved under the Boussinesq and
hydrostatic approximations. GETM is coupled to GOTM for the computation of the
vertical turbulent fluxes and uses the second-order turbulence closure explained in
Section 1.2.2.

* Lastly, Shevchenko et al. (2023) is based on the fully coupled, global ICON (ICOsahe-
dral Nonhydrostatic) climate model. Here, ocean and atmosphere are computed with
state of the art 5 km scale resolution on an icosahedral-triangular grid (a detailed de-
scription of the configuration can be found in Hohenegger et al. (2023)). The ocean
model again solves (1.2)-(1.5) and the vertical grid resolution was increased near the
surface to capture diurnal warming. The main difference in this set up is that the pa-
rameterization of turbulent vertical mixing relies on the closure suggested by Gaspar
et al. (1990). This closure, also based on the eddy viscosity assumption, is a simpli-
tied form of the second order closure explained in Section 1.2.2 as it relies on using a
constant instead of the dimensionless stability functions.
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Chapter 2

Results

This chapter summarizes the main results from the publications included in this disserta-
tion. They are structured by increasing model complexity. Firstly, the publication Schmitt
et al. (2024) introduces DWLs in an idealized, one-dimensional framework with a focus on
the interplay with wave turbulence and the search for a global parameterization. Peng et
al. (submitted) uses the same model, but combines it with observations of DWLs and fronts
from a measurement campaign. This is followed by the results from Schmitt et al. (sub-
mitted), in which the three-dimensional structure of DWLs and the reaction of the surface
layer to high-resolution forcing is investigated in a realistic setting. Lastly, Shevchenko et
al. (2023) focuses on the atmospheric feedback caused by DWLs with the use of a global,
fully coupled model configuration.

2.1 Idealized Beginnings:
"Diurnal Warm Layers in the Ocean: Energetics, Non-dimensional
Scaling, and Parameterization"

Schmitt et al. (2024) focused on DWLs with the intent to assess the relevance, implications,
and parameterizations of different processes (in particular: Langmuir Turbulence (LT), rota-
tional effects in high-latitude DWLs, and shortwave absorption) across the entire physically
relevant parameter space. As already mentioned in Section 1.4, the results were obtained
with the one-dimensional second-moment turbulence model GOTM, which was validated
using a high-resolution LES.

GOTM solves the one-dimensional transport equations introduced in Section 1.2.1 for
an infinitely deep water column and was forced at the upper boundary by idealized atmo-
spheric fluxes. These idealized fluxes, depicted in Fig. 2.1, reflect typical atmospheric forc-
ings and help to identify the key parameters that control DWL evolution. The solar radiative
heat flux I, or its equivalent buoyancy flux I, is zero at night time and varies periodically
during the day with a maximum at midday, a period of T, = 24 h and a sunlight duration
Ty during which I, > 0. The non-solar heat or buoyancy loss By, representing long-wave,
latent and sensible fluxes, is assumed constant. The resulting total surface buoyancy flux
B = I + Bp has a midday maximum Bpax and a, for DWLs characteristic, heating time Ty,
during which B > 0. The penetration of short-wave radiation into the water column was
computed from a simple model of the form

=|n

I(z) = lpe , (2.1)

where Iy denotes the surface flux and # the shortwave absorption scale. In addition, all sim-

ulations were forced at the surface with a constant wind stress 7,/ po = u? in x—direction, in-

troducing a constant friction velocity u,. All in all, this forcing, although strongly idealized,
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FIGURE 2.1: Idealized buoyancy forcing with the radiative buoyancy flux at

the surface, Il?, the non-solar surface buoyancy flux, By, and their sum, the to-

tal surface buoyancy flux B for the special case with T; = T, /2. From Schmitt
et al. (2024).

is able to realistically capture DWL evolution (Fig. 1.2 in Section 1.3.1 shows an example of
a typical DWL evolution using this idealized forcing).

As explained in Section 1.4, specifically for this publication, it was decided to include
a LT parameterization in GOTM, for which previous work by Li et al. (2017) and Har-
court (2013); Harcourt (2015) was used. The Stokes drift u; was computed from a theo-
retical wave spectrum assuming equilibrium waves, which resulted in a constant turbulent
Langmuir number La = (u,/u?)'/2 = 0.3.

The results in Schmitt et al. (2024) are divided into three sections, beginning with the
model validation. This is followed by an assessment of the influence of the Coriolis force on
DWLs at high latitudes. Finally, the key-nondimensional parameters in DWL evolution are
identified, before the existing parameterization by Price et al. (1986) is thoroughly tested in
various parameter space studies. The following subsections summarize the findings.

2.1.1 Model Validation

To validate GOTM and its performance concerning LT and DWL evolution, it was compared
to LES results for two selected scenarios, one including Stokes drift and LT, the other exclud-
ing those processes (15 = 0). The horizontally averaged profiles from the three dimensional
LES fields were compared to the second-moment model results. Both models used the same
wave model for the computation of the Stokes drift, identical atmospheric forcing and the
same vertical resolution of 0.05 m at the surface, gradually coarsening towards the bottom
which was deep enough as to not influence the results.

Fig. 2.2 compares the DWL evolution of buoyancy b and zonal velocity u in the LES and
GOTM for four selected points in time. Overall, the characteristics of the LES are well re-
produced by GOTM, including DWL thicknesses and vertical structures of the profiles. The
main differences are near the surface, where the LES shows a strong reduction of stratifica-
tion and shear due to the mixing from surface waves. While GOTM captures this reduction
well in case of the surface velocity (panels d,f), the reduction in buoyancy is existent but
underestimated. Surprisingly, LT does not lead to a strong modification in DWL thicknesses
or bulk values, but the reduction in surface temperature and velocity by almost 50% has im-
portant implications for air-sea coupling. Overall, the performance of the second-moment
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FIGURE 2.2: Comparison of LES and GOTM simulations for (a,c,e,g) buoy-

ancy and (b,d,f,h) u-component of the velocity at four time points. Dashed

lines show LES results with (black) and without (gray) LT. Colored lines cor-

respond to different second-moment models as indicated in the legend. Inlays

panels in (c-f) show enlarged views of the near-surface region. From Schmitt
et al. (2024).

model is excellent and it was concluded that the more advanced Langmuir paramtereriza-
tion by Harcourt (2015), denoted H15 in the figure legend, performed better than the previ-
ous parameterization by Kantha and Clayson (2004) (denoted KC04). It was therefore used
in the remainder of Schmitt et al. (2024).

2.1.2 DWL Energy Budgets

To study the effects of rotation and heating time on high-latitude versus tropical DWLs,
Schmitt et al. (2024) derived budgets for the kinetic and potential energy of DWLs, E; and
Epot- The kinetic energy budget, derived from the equations in (1.2) and (1.3), results in:

0 0 0
d d [u*+0? 0 0
aEk—a/iz dz=u"-71 —|—/fk-(u><us)dz—/sz. (2.2)

Zref Zref Zref
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Here, k is again the upward unit vector, P the shear production term, and subscript 0 de-
notes surface values. The terms on the right hand side are interpreted as (a) the work per-
formed by the wind stress on the DWL, (b) the exchange of kinetic energy with the surface
wave field due to the effect of rotation , and (c) the loss of kinetic energy to TKE k by turbu-
lence shear production.

Similarly, the potential energy budget follows from (1.5) and can be rearranged to yield

1 _ do-—
oh(Bo+1°— )+ qhbw, + SLb2 = — / Gdz , (2.3)
% N——" gt
work required K v d Zref
work required to to mix up work required to ——
mix down buoyancy entrained fluid change the DWL work done
added near surface buoyancy structure by turbulence

where the profile shape factor ¢, the DWL thickness &, the entrainment velocity w, = dh/dt,
_ 7 0
the average bulk buoyancy b, and I, = h™! [ I,dz is introduced. Schmitt et al. (2024) then

Zref
continued with evaluating these budgets for two DWL scenarios. One was a typical tropical

case at 10°N (Coriolis period Tf =69 hours) with a high peak radiative heat flux at midday
and a day length of 12 hours. The other simulated high latitude DWLs at 70°N (T; =12
hours) during the summer months with a weaker midday heat flux maximum, but a longer
day length of 18 hours.

Comparing the kinetic energy budget for both scenarios, Schmitt et al. (2024) showed
that the work performed by the wind stress is the main source of kinetic energy. In the
tropics, this energy source is mainly used to accelerate the DWL over midday and increase
kinetic energy. It is only in the late afternoon that entrainment at the bottom of the DWL
starts to dominate, acceleration slows down and the shear production term becomes the
main energy sink. At high latitudes, the Coriolis force veers the near surface velocity out of
the wind direction in the early afternoon. This leads to a decrease in wind work and a decay
of kinetic energy that is transferred to turbulence shear production instead. Overall, the
energy turnover is reduced by the Coriolis rotation, which leads to a collaps of entrainment
and an increased importance of the Stokes shear production and LT.

In the potential energy budget, Schmitt et al. (2024) showed that, for both tropical and
high-latitude DWLs, during midday, the largest fraction of the work performed by turbu-
lence is used to mix down buoyancy added neat the surface by the solar heating. For the
tropical case, the work required to entrain dense bottom waters becomes the dominant term
in the afternoon and evening, while the work required to change the buoyancy structure
within the DWL remains negligible. This is in contrast to the high-latitude case, where
entrainment never becomes an energetically relevant factor, but instead there is a stronger
tendency to a well-mixed DWL towards the evening, shown by a dominance of the term
representing the work required to change the DWL buoyancy structure.

2.1.3 Key Parameters and Parameterization

This chapter of Schmitt et al. (2024) started with the identification of all dimensional pa-
rameters that effect the strength and evolution of DWLs. For velocity scale, the constant
friction velocity u, was chosen, which, combined with the maximum total buoyancy flux
at midday Bnax, yields the relevant length scale L = 13 / Brax that it proportional to the
Monin-Obukhov length evaluated at midday. Together with the heating period Tj (see
Fig. 2.1), these parameters were used to scale the transport and boundary equations, as well
as the surface forcing including the wave field, which resulted in the identification of the key
non-dimensional parameters of the problem, namely a non-dimensional Coriolis parameter
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f = fT, = 2nTy/ Ty, a forcing ratio R = 12/ (TyBmax), and a non-dimensional absorp-
tion scale j = 7/L. Additional non-dimensional parameters were introduced by the sur-
face buoyancy forcing and the wave and turbulence model: a buoyancy flux ratio By/ Bmax,
a time ratio T,/ T,, a non-dimensional surface roughness Z;, and a non-dimensional peak
wave number lAcp. However, as was shown in parameter space studies, these additional non-
dimensional parameters have negligible impact on the bulk properties of the DWL. There-
fore, the focus for the last part of Schmitt et al. (2024) was on the remaining parameters f, R
and 7] in the search for a universal parameterization.

As already mentioned in Section 1.3.1, the first and most often cited scaling relations
for DWL bulk properties were formulated by Price et al. (1986) (PWP86 from here on), and
included estimates for the DWL thickness h and the bulk anomalies for buoyancy b and
velocity V, all evaluated at midday. Non-dimensionalized and changed to the notation of
Schmitt et al. (2024), these scaling relations can be written as

o= T —a ROPEG), (2.4)

PR SR 25)
Emax

vV = uK:ag-R_l/z, (2.6)

with the non-dimensional model constants a1, a,, and a3, and F a non-dimensional model
function accounting for the effect of rotation:

N—

F(f) = ; [2 —2cos(f/2)] : 2.7)

To test these scaling relations for their accuracy over the entire physically relevant pa-
rameter space, a thorough parameter space study was performed in Schmitt et al. (2024) in
which R and f, or, equivalently, T,/ Tr, were varied while keeping all other non-dimensional
parameters constant. The results, shown in Fig. 2.3, prove that the performance of the
PWP86 scaling is generally excellent, even at high latitudes. Plotted here are simulations
results for /i, b and V, normalized by the scaling relations in (2.4), (2.5) and (2.6) to show
any variability in scaling constants that would reveal errors in the scaling. The only region
where the PWP86 scaling fails is the regime with R < 7.7 - 10~#, which corresponds to weak
winds and strong buoyancy forcing. Here, DWLs remain very shallow, so that molecular
transport becomes of comparable importance as turbulent transport. This, however, is not
accounted for in the scaling and also the model performance becomes questionable under
these circumstances due to the low Reynolds numbers involved here.

Nonetheless, for the regime R > 7.7 - 10~%, Schmitt et al. (2024) presents a set of new
scaling constants that include the effects of Langmuir turbulence and result in reliable bulk
parameters with maximum deviations being only on the order of 10%. In addition to the
midday bulk values, it was possible to show that the scaling works equally well for the
buoyancy peak in the afternoon, typically between 15:00 to 16:30, given the scaling coeffi-
cients are adjusted to the afternoon values presented in this paper.

The PWP86 scaling relations investigated up to here assumed only surface absorption,
therefore 77 was set to zero during all these parameter runs. As this is not a sensible assump-
tion in nature, lastly, Schmitt et al. (2024) investigated the impact of penetrating short-wave
radiation on the bulk properties by carrying out a parameter space study with varying R
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FIGURE 2.3: DWL properties as functions of R = u2/(BmaxT},) and Tj,/ Ty =
f/(27). Shown are midday values of (a) DWL thickness, (b) DWL bulk buoy-
ancy, and (c) DWL bulk velocity, normalized by the PWP86 scalings in (2.4),
(2.5), and (2.6). This implies that the results shown in (a)-(c) correspond to
PWP86 model constants a;. The blue line shows the critical value of R below
which DWL turbulence does not occur. From Schmitt et al. (2024).

and 7 at both a tropical and a high latitude. A non-dimensional function

NIw

J(h/h) = (1 —6.9¢7 ﬁ) ) (2.8)

was introduced to the scaling relations of PWP86 and results showed that this modified
scaling captures the bulk properties well for the tropical case. For the high-latitude case,
the agreement is moderate, which led to the conclusion that future work is needed for an
accurate representation of different water types in a DWL parameterization. An additional
interesting finding was that both LT and # affect the near surface structure of buoyancy and
velocity profiles and surface values, which is of special relevance in coupled models.

2.2 Introducing Observations:
"Interactions between diurnal warm layers and surface-layer
fronts"

Peng et al. (submitted) focused on the interaction of DWLs and submesoscale fronts, which
were introduced in Section 1.3.4, in a subtropical region. The basis of the study were mea-
surements taken over the course of 6 days at a study area located on the Australian North-
west Shelf. Characteristic of this site is a strong tidal forcing and frequently occurring sub-
mesoscale eddies, fronts and filaments. In addition, Peng et al. (submitted) employed an
idealized model to further analyse the findings from the observations.

Key to observing DWLs was an autonomous glider equipped with sensors to measure
temperature and salinity. The glider slowly moved up and down the water column while
following a track that crossed the front twice. In addition, a fixed mooring was deployed
at a depth of around 200 m inside the frontal region. This mooring consisted of a chain of
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FIGURE 2.4: The evolution of (a) 10-m wind speed (blue) and shortwave radi-
ation (black), (b) glider-based conservative temperature, (c) absolute salinity,
(d) near-surface density, and (e) near-surface temperature anomaly, relative to
the 15-m reference level. Black lines in panels (b) and (c) denote isopycnals
(potential density) at intervals of 0.025 kg m 3. Grey lines and white contours
in panel (e) denote glider dive profiles and near-surface temperature anomaly
at intervals of 0.2°C, respectively, and blue stars indicate the scaling of diurnal
warm layer depth (which is out of range on 6 October and thus not shown).
From Peng et al. (submitted).

temperature sensors and an Acoustic Doppler Current Profiler that allowed for the mea-
surement of currents between 19 and 155 m depth. Satellite data provided the SST distri-
bution, which was used to determine the lateral buoyancy gradient M? (see Section 1.3.4).
Meteorological data of surface wind and heat fluxes was taken from reanalysis. The vertical
turbulent diffusivity was estimated from the mooring data and involves the measured shear
S, the background temperature gradient and the turbulent temperature fluctuations based
on Ivey et al. (2018); Ivey et al. (2021). Note that this paper uses the conservative temper-
ature, which is denoted by the symbol ®. More details on all of the instruments and data
processing is found in Peng et al. (submitted).
The following is a brief summary of the observations.

2.2.1 Results from Observations

The glider data analysed in Peng et al. (submitted) is shown in Fig. 2.4. As evident from
panel Fig. 2.4a, the surface forcing was favourable for the formation of DWLs with strong
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midday peaks in short wave radiation and moderate to weak winds, staying below 10 m s~

for the majority of the survey period. The temperature, salinity and near-surface density
data clearly shows two crossings of the front, which extends down to 80 m, with strong
horizontal temperature gradients and tilted isopycnals. Estimates of M? from satellite data
showed a horizontal surface buoyancy gradient that fluctuated around 1.5 — 21077 s2
during the survey period. The near surface temperature anomaly, shown in Fig. 2.4e, reveals
that, from 7 October onwards, robust DWLs formed with temperature anomalies from 0.1
to 0.7°C, indicated by white contours in panel e. These observations agree closely with the
midday DWL thicknesses calculated from the DWL scaling relation in (2.4), supporting the
scaling derived in Schmitt et al. (2024).

Satellite SST showed that the frontal region was at the mooring location between 6-9 Oc-
tober, which could be confirmed by the temperature sensors at the mooring. Strong vertical
shear O(107° — 10~*) s~ was measured between 7-8 October throughout the entire surface
boundary layer, even during daytime, when the glider data showed the presence of DWLs.
Unfortunately, the upper 19 m were not measured by the instruments on the mooring, so
information about the Diurnal Jet and associated shear is missing from the velocity data.
Further analysis concluded that the high shear below the DWL can be associated with the
thermal current or jet, v, that was already introduced in Section 1.3.4. Comparison with the
strength of M? further confirmed this. This observation led to a more detailed investigation
of the coexistence of DWLs and frontal instability, as will be summarized next.

2.2.2 DWL-Front Interactions

Peng et al. (submitted) continued with showing that, between 7 and 8 October, the entire
surface boundary layer below the DWL exhibited gradient Richardson numbers Ri < 1
and, locally, even below 0.25, which indicates conditions favourable for shear instability
and other types of frontal instability, such as SI. Furthermore, turbulent diffusivities were
calculated to increase with depth, different from what would be expected for surface-driven
turbulence, with peak values of around 1073 m? s~ ! at 55 m depth. The presence of a DWL
without a front is expected to increase Ri and decrease diffusivity in the deeper surface
layers (see Fig. 1.2d,e), hence the measurements indicated instabilities that were not directly
driven by surface forcing. Possible drivers are local processes, including frontal instability
(such as SI), local shear instability, or other local dynamics such as internal tides.

To further investigate this, Peng et al. (submitted) used an idealized GOTM set up (de-
picted in Fig. 1.4 and explained in Section 1.4) of an infinite front under idealized diurnal
forcing. The boundary and initial conditions were chosen to closely match the observations,
with a constant M? and a constant downfront wind. Three simulations are compared, one
of a front without diurnal forcing, one of a DWL without a front (M? = 0), and one in-
cluding both processes. Only the last one will be summarized here, for the other see Peng
et al. (submitted). Note that the notation and definition for the buoyancy flux has changed
between Schmitt et al. (2024) and Peng et al. (submitted). In Peng et al. (submitted), the total
buoyancy flux, previously B, is denoted as By, and defined as negative for ocean heating
(see Fig. 2.5a).

The simulation in Fig. 2.5 shows the typical diurnal variations in vertical stratification
and shear associated with DWL dynamics near the surface, and the key features of vertical
frontal stratification with according N? and S? in the subsurface layers below the DWL,
closely matching the observations. Comparison with the DWL only simulation revealed a
reduction in the near-surface magnitudes of N> and S? and a reduction of the day-night
temperature variations when a front is present. This suggests that frontal dynamics can
play an additional role in modulating the development of DWLs by mixing near-surface
momentum and density through additional frontal turbulence. This additional turbulence
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FIGURE 2.5: The GOTM simulation with DWLs and fronts: Evolution of (a)

net surface buoyancy flux and temperature at z = —5m, (b) vertical stratifica-

tion, (c) vertical shear, (d) 4 times gradient Richardson number, (e) turbulence

energy dissipation rate, and (f) Ertel potential vorticity. Dashed lines marked

in (b) and (c) denote N2 = 10~* s=2 and S? = 10735 s2. From Peng et
al. (submitted).

is also the reason why, during the evening, the diurnal shear reaches deeper layers compared
to conditions without a front. Moreover, the Ertel PV in Fig. 2.5f, calculated based on (1.14),
shows negative regions within and below the DWL, suggesting instability with respect to
a mix of shear instability and SI. The main conclusion from the GOTM simulations in Peng
et al. (submitted) therefore was that even in the presence of a DWL, the underlying regions
remain close to marginal instability and may become sporadically turbulent if an additional
disturbance or energy source, e.g. due to internal tides, becomes available. This seems to be
the case in the turbulence measurements at the mooring location.
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FIGURE 2.6: Overview map showing the size and location of the model do-
mains off the coast of South America. The black box in (a) represents the
ocean model grid with an increase in grid size towards the boundaries (only
every 10th grid line shown). The red box marks the boundary of the ICON-
LES with 312 m resolution. The inset (b) shows an enlarged view of the ocean
model domain with an example snapshot of the air temperature at 2 m height
on 8 February at 09:50 local time. Black arrows in (b) show the wind speed at
10 m above the surface, representative of the constant trade winds that were
present during the entire simulation period. Dark and light blue squares in (b)
mark the initial locations of the near-surface tracers discussed in 2.3.2. From
Schmitt et al. (submitted).

2.3 Realistic Forcing;:
"Three-dimensional Ocean Surface Layer Response to Rain, Wind
bursts and Diurnal Heating"

For Schmitt et al. (submitted), the idealized set up from the one-dimensional study in Schmitt
et al. (2024) was expanded to three dimensions and the forcing was replaced by realistic,
high-resolution atmosphere model output. The goal was to study the direct response of the
oceanic mixed layer to small-scale atmospheric processes that remain unresolved in most
regional and global model studies.

The forcing was provided from an ICON-LES of a region in the trade-wind zone of the
tropical North Atlantic. The LES has a high horizontal resolution of 312 m and is able to
directly resolve deep and shallow convection. It was designed to complement the EUREC*A
field campaign that took place in February 2020 and focused on the interplay between clouds
and convection (Bony et al., 2017). Characteristic features of the LES are small, frequently
occuring cold pools (as explained in Section 1.3.5) that are advected across the model domain
by moderate easterly trade winds (see the inset in Fig. 2.6b for an example snap shot of the
air temperature and winds).

The ocean was modelled using GETM for a period of 8 days and covers the area of
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200x200 km from 12.65-14.35°N and 55.35-53.65°W (see black grid in Fig. 2.6a) with a high-
resolution central area between 13-14°N and 55-54°W that is resolved by 430 m. As in
Schmitt et al. (2024), the vertical resolution near the surface allowed for the resolution of
DWLs and the bottom was sufficiently below the halocline as to not effect the results. Sur-
face fluxes of wind stress and non-solar heat were computed from the bulk algorithms pre-
sented in Fairall et al. (2003).

The analysis of Schmitt et al. (submitted) focused on two gaps in the study of air-sea
interactions. Firstly, it is known that the cold air, circular wind bursts and cloud cover in the
presence of cold pools all have a direct influence on the strength of the non-solar surface heat
fluxes. However, few model studies have so far been able to resolve these effects, a notable
exception being the publication by Brilouet et al. (2023). However, Schmitt et al. (submitted)
is the first study that is located in the trade-wind zone, uses a three-dimensional model, and
has an area large enough to provide statistics on the change in surface fluxes in the presence
of cold pools. Secondly, while the reduction of the vertical diffusivity in the presence of sta-
bilizing DWLs and RLs has been the subject of various publications, there has been less focus
on the three-dimensional structures and processes that affect mixing and dispersion in the
ocean surface layer, such as increased transport due to the Diurnal Jet, and increased mixing
by wind bursts surrounding cold pools. The high-resolution three-dimensional ocean model
customized set up presented in Schmitt et al. (submitted) is the first that was designed with
the study of these processes in mind. In the following, the results are briefly summarized.

2.3.1 Impact on Air-Sea Fluxes

Following Brilouet et al. (2023), cold pools in Schmitt et al. (submitted) were defined as areas
in which the the air temperature anomaly exceeds the threshold

Tj = Tom — (Tom) < —0.3°C, (2.9)

where (-) indicates the mean over the high-resolution central model area between 13-14°N
and 55-54°W, and primes the deviation from the mean (see an example in Fig. 2.7a). Due
to the constant trade winds present in this study, all cold pools are moving from east to
west, and wind anomalies within cold pools, Uép, are unequal on the western and eastern
edges of the cold pools, termed "leading" and "trailing edges", due to the superposition of
circular wind bursts and trade winds. On the leading edge, wind anomalies are positive,
while the trailing edges are characterized by negative wind anomalies (see Fig. 2.7b). The
wind, together with the cloud cover and air temperature, are the main factors in the strength
of the surface heat fluxes. The analysis in Schmitt et al. (submitted) therefore began with an
evaluation of the spatial variability of the total non-solar heat flux Qns and its components,
the long-wave radiation Qy,, latent heat Qy,; and sensible heat Qsen, in the presence of cold
pools for a selected in time point representative of the entire data set.

Focusing on the total non-solar heat flux first, Fig. 2.7c shows that the highest heat losses
with the most negative Qps are found in areas without cold pools in the northern part of the
high-resolution central model area, as well as at the leading edges of the cold pools, where
trade winds and cold-pool wind bursts are aligned. Schmitt et al. (submitted) showed that
the latent heat contributes approx 60% to the total Qns with same behaviour in the presence
of cold pools. The long-wave heat flux, here depicted in Fig. 2.7d, has the second largest
contribution to the total surface heat flux with approx. 35% and is reduced underneath
cloud cover, which often coincides with cold pools, but is not strictly limited to the same
areas. Lastly, the sensible heat flux was shown to have the most negligible contribution
to the total heat flux with only 5%. It showed the largest heat loss inside cold pool areas
due to a larger T,—SST difference caused by the drop in air temperature. Overall, the net
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FIGURE 2.7: The model domain on 5 February, 23:00 local time with (a) air

temperature anomaly T, (b) wind anomaly Uy, within the cold pools, (c) the

total non-solar heat flux and (d) net long-wave radiation. Gray areas in panel

(b) show regions blocked by the cold pool mask. Gray vertical and horizontal

lines mark the high-resolution part of the domain. Modified from Figures 3
and 4 in Schmitt et al. (submitted).

effect of these opposing trends inside cold pools remained unclear, therefore, Schmitt et
al. (submitted) continued with an investigation of the temporal evolution.

The time series of the mean non-solar surface fluxes over the 8 days of the model run
showed, first of all, that the fluxes” evolution was dominated by changes in the mean wind
speed. Despite the presence of DWLs in the mean SST signal, which are known to lead to an
increase in surface fluxes (Brilouet et al., 2021), there was instead a visible reduction of Qs
during the day due to a concurrent reduction of the mean winds which over-compensated
the impact of the DWLs. The diurnal reduction in trade winds is not fully understood, but
the phenomenon is widely observed in the trade wind zone (Savazzi et al., 2022). Moreover,
the time series showed that the Qns heat loss was larger on the leading edges of the cold
pools than on the trailing edges, but, when averaged over the entire cold pool area, the heat
loss was smaller than in the surrounding regions by on average 30 W m~2. This could be
explained by three factors: (i) areas with cold pools are characterized by higher humidity,
(i) the cold pool areas are typically characterized by lower mean wind speeds in our study
(iii) areas with cold pools have higher cloud cover. (i) and (ii) both reduce the latent heat
loss by on overage 15 W m~2. (iii) increases the atmospheric long-wave back radiation,
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and therefore reduces the net long-wave heat loss to the ocean by on average 24 W m~2.
Although there is an increase in sensible heat loss in the presence of cold pools by on average
9 W m~2 and an increase on the leading edges due to positive wind anomalies, both effects
do not compensate the overall reduction of non-solar surface heat loss in the presence of
cold pools.

2.3.2 Impact on Surface Layer Processes

Focusing on the ocean surface layer next, Schmitt et al. (submitted) investigated how the
small-scale variability in winds and surface fluxes affected the three-dimensional structures
and processes that are responsible for mixing and dispersion. The simulations showed
an unexpected lateral variability in DWL temperature and thickness distribution, as evi-
dent in the meridional cross-section shown in Fig. 2.8a. This is mirrored in a variability of
the horizontal and vertical mixing coefficients (Fig. 2.8¢c,d), with possible consequences for
ecosystem processes. The stronger RLs also show a direct impact on the mixing coefficients
(Fig. 2.8b,d) but, due to the weakness of the precipitation events in this study, this effect is
small and transient.

To gain insights into these ocean processes that would be "sub-grid" in coarser-resolution
models in terms of both atmospheric forcing fields and ocean surface-layer processes, Schmitt
et al. (submitted) conducted several tracer release experiments. Four tracer patches were re-
leased in the surface layer at different locations of the model domain (dark blue squares in
Fig. 2.6b) at the start of the simulation and their temporal evolution was tracked by fitting
a 2D Gaussian distribution to the (normalized) depth-integrated tracer concentration C for
each tracer patch at each time step.

Assuming that the normalized tracer concentration in each patch has a total mass M and
a Dirac delta distribution at time t = 0, the two-dimensional anisotropic diffusion equation
has a known solution of the form

22 2
C= M exp( ad J >, (2.10)

- = T h 2 ~ 2
27040y 207 20'yA

corresponding in shape to an anisotropic Gaussian distribution in £ and 7 with variances
07 = 2K;t and 0 = 2Kyt, respectively. K; and K; are the spatially constant diffusivities in
the time-dependent directions of £ and § and can be computed from the observed spreading
rates according to
= L%
W2 ot
The time evolution of the fitted 2-0 confidence ellipses for Tracer 1 (marked with "1" in
Fig. 2.6b) is shown in Fig. 2.9a as an example for all tracers. The Gaussian distribution fit
starts off as a circle with equal standard deviations 03 = 0y, however, within the next days,
the ellipses start to stretch and rotate out of the wind direction, while the entire tracer patch
is advected north-west, clearly indicating the relevance of Ekman effects. Most interestingly,
however, is that all tracer patches experienced a strongly anisotropic spreading in the hori-
zontal with the largest spreading rates found along a direction oriented approximately 15-25
degrees to the right of the mean wind direction. The resulting variances (Fig. 2.9b) show
very little growth in the §J-direction when compared to the strong spreading observed along
the major £-axis. The growth of 03 occurs intermittently with the largest spreading rates ob-
served each day during the afternoon and evening hours (see for example the yellow area),
followed by a nighttime plateau with strongly reduced spreading rates (blue area).

Schmitt et al. (submitted) found the explanation for this strong anisotropy to be the pres-
ence of the Diurnal Jet. Over the course of the afternoon, the jet displaces the surface tracers

K (2.11)
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FIGURE 2.8: Cross section along 54.8°W with (a) temperature, (b) salinity, (c)
horizontal subgrid diffusivity, (d) vertical turbulent diffusivity. From Schmitt
et al. (submitted).

relative to the underlying waters by several kilometers. At the same time, vertical mixing
is confined to the DWL, suggesting a decoupling of the laterally advected tracer inside the
DWL from the underlying waters. This differential advection process is reflected in a stretch-
ing of the vertically integrated tracer patch in the direction of the Diurnal Jet, or, mathemat-
ically, in an increase in 03, as observed in Fig. 2.9b. The angle of rotation of the major axis
of the tracer patch to the right of the mean wind direction reflects the Ekman-induced veer-
ing of the diurnal jet out of the wind direction. In the evening hours, the tracer evolution
is dominated by entrainment and DWL deepening, and increasing vertical diffusivity ho-
mogenizes the tracer the entire surface layer. Vertical mixing, however, does not change the
horizontal distribution of the vertically integrated tracer concentrations, which explains the
nighttime plateau. Overall, the anisotropic tracer spreading was found to be largely a result
of a DWL-induced shear-dispersion mechanism, combining differential tracer advection due
to the presence of DWLs during daytime, with nighttime vertical mixing. Calculated 24 h
average diffusivities based on (2.11) showed that K; is O(10) m? s~!, and with that 10-30
times larger than Kj.
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FIGURE 2.9: Evolution of Tracer 1 with (a) depth integrated normalized con-
centration on 8 February, 12:00 local time and evolution of fitted 2-¢ tracer iso-
contours according to (2.10) over the entire time range, (b) time series of vari-
ances in major (£) and minor (i) axes directions with 24 h averages marked.
Yellow and blue areas mark daytime and nighttime spreading periods dis-
cussed in the text. Modified from Fig. 9 in Schmitt et al. (submitted).

Schmitt et al. (submitted) also investigated the impact of the small-scale atmospheric
variability (especially regarding the effect of cold pools and associated wind bursts and
RLs) on horizontal tracer dispersion, but found it to be negligible. The reasons for this are the
horizontal resolution of the model and the time scales of the relevant processes, which cause
a transport that is not resolved. However, beyond the potential direct advective impact in
even finer models, the wind burst-induced velocity anomalies were found to induce small-
scale horizontal strain, which was mirrored in an increased subgrid-scale dispersion rate,
although of a smaller magnitude than the DWL-induced diffusivities.
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tween 22 and 30 January 2020 in (a) Scontrol, (P) S+pwL, and (c) ERA5. The

white rectangle in (b) designates an area in the Indian ocean that is analyzed

later on, and the black rectangle designates the EUREC*A campaign area.
From Shevchenko et al. (2023).

2.4 Coupled Global Study:
"Impact of Diurnal Warm Layers on Atmospheric Convection"

Shevchenko et al. (2023) was the first publication that extended the question of interactions
between DWLs and atmospheric convection to a realistic, global framework with resolved
convection and directly resolved DWLs by using a kilometer-scale global coupled simula-
tion. Particular interest was on whether the presence of DWLs enhances cloud cover (CC)
in a time frame of several days and if so, whether this happens through a direct moistening
by the latent heat flux Qj,: (abbreviated by LHF in this study), or by enhancing the spatial
gradient in SST and mesoscale circulations.

The analysis in Shevchenko et al. (2023) was based on two model simulations. The ref-
erence set up, named Scontro;, Used the ICON model in its Sapphire configuration with a
horizontal grid spacing of approximately 5 km, which is at the boundary of resolving con-
vection (Hohenegger et al., 2023). The ocean component had 128 vertical levels, starting at
2 m at the surface and gradually growing with depth. The second simulation, S.pwr., dif-
fered in only one setting: Here, the ocean was resolved with 139 vertical levels, allowing for
an increase in resolution near the surface, starting here at 0.5 m. The layer thickness of the
SipwL simulation was determined using GOTM and it was ensured that it allows for the
accurate modelling of DWL temperature evolution. The analysis then concentrated on the
tropics, which is defined in Shevchenko et al. (2023) as the area comprised between 40°N
and 40°S.

DWLs were defined as places with a diurnal SST amplitude (DSA) larger than 0.1°C. SST
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in the simulation was defined as the temperature in the uppermost layer, which means that
in S pwy it is the average temperature over 0.5 m and in Scontrol the average temperature over
2 m. This difference is not corrected for, since the main interest of Shevchenko et al. (2023)
is the response of the atmosphere. Fig. 2.10 compares the DSA magnitude for both S,pwr.
and S, control to results from ERAS5, a reanalysis that combines model data with observations
(Hersbach et al., 2023). DWLs appear frequently and the spatial distribution is in moderately
good agreement with ERA5. While for Scontro1 the DSA field appears nearly homogeneous
and the extremes are underestimated compared to ERA5, as expected from the use of thick
ocean vertical layers, the amplitudes in S,pwi, are much larger than in the reanalysis, with
values twice as high. The overestimation probably is because of insufficient vertical mixing
in the upper layers of the ocean, an error that requires further future investigation. However,
as this study concentrated on the atmospheric effect of the DWLs, this problem does not
jeopardize the analysis, and if anything indicates that the simulated effects are too strong.

Apart from the overestimated amplitudes, the spatial organisation of DWLs was cap-
tured well in the model, with the strongest DWLs in areas with little cloud cover, high
shortwave radiation and low wind speeds. The majority of DWLs had a small horizon-
tal extend on the O(10) km?, but there were also a few DWLs that extend to 10° km?. They
were not persistent, with 80% of all episodes lasting 5 days or less. The dependency of DSA
on wind speed and heat flux was reproduced as expected and a comparison with Glider
data from the EUREC*A campaign showed good agreement in vertical structure and timing
of maximum DSA despite the overestimation in heat anomaly.

The main analysis then focused on assessing the impact of DWLs on convective clouds
by analyzing the differences between the simulations Scontro1 and Sipwr. at places where
DWLs of a certain magnitude are present in S.pwr. For this, the ocean was divided into
squares and the hourly maximal SST difference between S,pwr and Sconiror during a day;,
denoted by ASST, was computed. The analysis only included the first 4 days after the start
of each simulation, during which the simulations remain highly correlated, before diverging
due to the chaotic nature of the atmosphere. The following is a summary of the results.

2.4.1 Effects on Convection

Firstly, Shevchenko et al. (2023) investigated the effect of higher ASST on the latent heat flux
(LHF) and the column water vapor path (WVP).

As shown in Fig. 2.11a, the LHF is increased when DWLs are present, with a peak around
noon on every day. The increase of WVP (Fig. 2.11b) after 12 hr reflects the increase in mois-
ture due to increased LHF. While LHF reacts immediately and is tied directly to differences
in temperature, the effect on WVP is delayed by several hours and persists over the follow-
ing days without losing its magnitude. The dip just before 12 h is likely caused by a weak-
ening in convergence of moisture due to the weakening winds required for DWL formation.
The analysis was accompanied by statistical t-tests for equality of means for independent
samples with different variances. In Fig. 2.11c,d, p-values smaller than 0.005 indicate that
the differences observed visually are highly significant even on the third day. Nonetheless,
when compared to the global averages of the two quantities over the ocean, which are ca.
130 W m~2 for LHF and ca. 34.6 kg m~2 for WVP, the increase in the presence of DWLs is
small. A plausible reason for this is that DWLs develop in wind still areas. LHF increases
with higher SST, but it also scales linearly with wind, which means that the impact of DWLs
on the LHF remains small.

For the impact of DWLs on clouds, Shevchenko et al. (2023) analysed the total CC and
cloud liquid water (CLW) path. Both showed a similar behaviour: on midday of the first
day, DWL regions exhibit dips whose magnitude is positively correlated with the ASST am-
plitude (see Fig. 2.12a,c). The reason for this is that stronger DWLs generally appear in areas
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with low cloud amount. Shortly after midday, CC and CLW both show a growth that is sta-
tistically significant starting from an SST amplitude of 0.3 K and lasts for 5-6 h. The second
and third day show the same behaviour, however here the deviation is barely significant.
Overall, the average increase in CC is about 0.2% and the increase in CLW about 1% even
for very large ASST, which remains a very small effect. Therefore, Shevchenko et al. (2023)
concluded that DWLs do not significantly increase the global mean of CC or CLW path. Dif-
ferentiating between shallow and deep clouds did not lead to relevant differences, and also
fluctuations in precipitation did not show statistically significant dependence on ASST.

Lastly, Shevchenko et al. (2023) compared the diurnal cycle of shallow convection for
areas with DWLs to areas without DWLs in the EUREC*A region and found that an increase
in CC from the appearance of DWLs occurred in the late afternoon, but overall there was
a reduction in CC amplitude by about 10% due to reduced CC in the morning hours. This
showed that in some specific locations, DWLs do play a role in the evolution of convection,
however, this remains a local phenomenon.






35

Chapter 3

Summary and Discussion

The publication Schmitt et al. (2024) focused on the derivation of a universal scaling, in-
cluding the influence of LT on DWL properties. It was shown that LT strongly impacts
DWL energetics, mainly by reducing the work performed by the surface stress and partly
compensating for this effect by Stokes shear production. In the presence of waves, surface
buoyancy and surface velocity are strongly reduced, even under weak winds, which has
important implications for air-sea exchange in coupled models.

The scaling presented in this publication provides reliable bulk properties at midday
and the afternoon buoyancy maximum for a large range of possible forcings and settings.
The most important non-dimensional parameters for the evolution of DWLs are the forcing
ratio R = u2/(T},Bmax), the non-dimensional Coriolis parameter f = fT, and the non-
dimensional shortwave absorption length 77 = #/L. Together with the set of scaling coef-
ficients presented in Schmitt et al. (2024), the most important DWL bulk properties can be
calculated based on these non-dimensional numbers.

Here, it needs to be mentioned that these scalings were derived with the use of an equi-
librium wave model. Under equilibrium waves, LT only has a small effect on the bulk
properties, while other studies focusing on swell effects (Kukulka et al., 2013) have shown a
stronger impact of LT on DWL properties. The scaling coefficients may have to be adjusted
for different wave conditions. Moreover, the effects of penetrating shortwave radiation with
the inclusion of the function J(1/7) only yielded good agreement with our simulations for
tropical DWLs, pointing at future work for a reliable description of high-latitude DWLs.

Peng et al. (submitted) focused on the interactions between DWLs and surface-layer
fronts using field observations and a second-moment turbulence model. It is concluded that
the presence of a DWL isolates the deeper layers of the front from diabatic and frictional
surface forcing, which causes these layers to quickly become non-turbulent while remaining
in a state of marginal stability. This condition suggests that small perturbations from local
processes, such as internal tides and waves, can easily trigger instability and turbulence.

The model, although highly idealized, was able to reproduce the key features of frontal
dynamics when compared to previous LES studies by Taylor and Ferrari (2010). Although
the one-dimensional model cannot directly simulate SI, it does indicate conditions favourable
for SI (fq < 0), and therefore predicts instability. The model results were largely consistent
with the observations, which showed enhanced turbulence and shear especially in the low-
est part of the surface boundary layer, where internal-tide motions were present at the field
site. The complex dynamics in the interplay of DWLs and fronts deserves further analysis,
either involving three-dimensional LES or dedicated measurement campaigns that can also
capture the near-surface DWL shear, but Peng et al. (submitted) provides a first look into
the combination of these two processes.

Schmitt et al. (submitted) continued the study of DWLs by introducing realistic atmo-
spheric forcing and three-dimensional processes with the use of a regional ocean model for
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the tropical north-east Atlantic. The atmospheric LES used as forcing explicitly resolves at-
mospheric convection, cold pools and associated local rain patches, wind bursts, and cloud
shading effects.

Focusing on the surface fluxes first, results showed that DWLs were present throughout
the simulated period of 8 days, but there was no increase in the ocean heat loss to the atmo-
sphere as expected from the flux parameterizations of the latent and sensible heat. A more
detailed analysis showed that the evolution of DWLs in the simulations co-occured with a
slight reduction of the trade winds during daytime, which overcompensated the effects of
DWLs and higher SST. This leads to the conclusion that the impact of DWLs on the air-sea
fluxes may be overestimated in studies of the trade wind zone, where a diurnal reduction
of wind has been reported frequently. The result stands in contrast to model studies of the
Indian Ocean and points at regional differences in DWL impact.

The publication found a reduction of the oceanic heat loss underneath cold pools by
30 W m~2, which contrasts a recent publication by Brilouet et al. (2023), who observe the
opposite instead. The difference may be explained by the magnitude of the background
wind field, which was much weaker in Brilouet et al. (2023). This result also suggests that
the influence of cold pools on the surface heat fluxes is not universal.

The small-scale variability in the atmospheric forcing (cold pools, wind bursts, rain
patches) induced a strong lateral variability in DWL properties, most notably a factor-3
variability in DWL thicknesses and a factor-2 variability in DWL temperature anomaly. The
bulk parameter scaling from Schmitt et al. (2024) showed great accuracy when compared
to average DWL properties over the entire model domain, but the variability under small-
scale forcing reveals that the local applicability of bulk scalings is questionable. The three-
dimensional high-resolution ocean model revealed a new shear-dispersion mechanism with
an advective component associated with the Diurnal Jet and a mixing component associ-
ated with night time convection. This mechanism leads to extreme anisotropy of horizontal
tracer spreading, with net horizontal diffusivities that are comparable in magnitude to dif-
fusivities associated with baroclinic mixed layer instabilities in the vicinity of submesoscale
surface layer fronts (Fox-Kemper et al., 2008). The mechanism has implications for the trans-
port of particles like e.g. micro plastics, but is not resolved in most regional model studies
and has not received much attention up to now.

Finally, Shevchenko et al. (2023) extended the study of DWLs to atmospheric effects with
the use of a global coupled climate model. This model configuration represents the state of
the art of high-resolution climate models, and it was the first time that DWLs were directly
resolved in a coupled global model. The DWLs produced by the simulation reproduced the
extent and evolution known from observations, but the magnitude of the diurnal SST fluc-
tuations was exaggerated in comparison to reanalysis, by about a factor of two. A possible
reason for this are complications with the simpler turbulence model by Gaspar et al. (1990)
under strong heating.

In the atmosphere, the increase in SST led to a significant increase in LHF and WVDP, but
the overall values were small. Similarly, CC and CLW decreased around noon in areas with
strong diurnal warming, before increasing in the afternoon. However, these effects were
small and lost statistical significance within 5-6 hours of appearance. The impact of DWLs
on convection remained small even for a strongly enhanced diurnal SST amplitude, possi-
bly due to the low wind speeds that facilitated the presence of DWLs (this is supported by
the findings in Voldoire et al. (2022)). Nonetheless, it needs to be differentiated between the
local and the overall impact of DWLs, as also became clear in Schmitt et al. (submitted). The
small impact of DWLs on convection due to weak winds leads to the conclusion that it is
important to resolve (sub)mesoscale oceanic structures such as the fronts presented in Peng
et al. (submitted), as they can result in large SST anomalies even under strong wind condi-
tions. There are some limitations to the model set up in Shevchenko et al. (2023). Firstly,
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the 5 km resolution distorts shallow convection in the subtropics, which is why model bi-
ases can not be excluded here. Moreover, the study only covers short-term effects of DWLs.
DWLs may have a long-term influence on the energy budget that is not treated here.

Overall, the presence of DWLs results in a multitude of interesting physical processes
and interactions with larger scales. The results presented in this dissertation are a contribu-
tion towards the understanding and modelling of DWLs, yet there is much more to learn.
Advances in ocean and climate modelling with higher model resolution will allow for even
more of these processes to be investigated in the future.






39

Bibliography

Bony, Sandrine et al. (2017). “EUREC4A: A Field Campaign to Elucidate the Couplings Be-
tween Clouds, Convection and Circulation”. In: Surveys in Geophysics 38(6), pp. 1529-
1568. 1SSN: 1573-0956. DOI: 10.1007/s10712-017-9428-0.

Brilouet, Pierre-Etienne, Jean-Luc Redelsperger, Marie-Noélle Bouin, Fleur Couvreux, and
Cindy Lebeaupin Brossier (2021). “A Case-Study of the Coupled Ocean—Atmosphere
Response to an Oceanic Diurnal Warm Layer”. In: Quarterly Journal of the Royal Meteoro-
logical Society 147(736), pp. 2008-2032. 1SSN: 1477-870X. DOI: 10.1002/qj . 4007.

Brilouet, Pierre-Etienne, Jean-Luc Redelsperger, Marie-Noélle Bouin, Fleur Couvreux, and
Najda Villefranque (2023). “A Numerical Study of Ocean Surface-Layer Response to
Atmospheric Shallow Convection: Impact of Cloud Shading, Rain, and Cold Pools”.
In: Quarterly Journal of the Royal Meteorological Society n/a(n/a). ISSN: 1477-870X. DOTI:
10.1002/qj . 4651.

Burchard, Hans (2002). Applied Turbulence Modelling in Marine Waters. Springer. ISBN: 978-3-
540-43795-6. DOI: 10.1007/3-540-45419-5.

Burchard, Hans and Karsten Bolding (2002). GETM: A General Estuarine Transport Model; Sci-
entific Documentation. EUR 20253 EN, JRC23237. European Commission, Joint Research
Centre, Institute for Environment and Sustainability. URL: https://publications. jrc.
ec.europa.eu/repository/handle/JRC23237.

Businger, J. A., J. C. Wyngaard, Y. Izumi, and E. F. Bradley (1971). “Flux-Profile Relationships
in the Atmospheric Surface Layer”. In: Journal of the Atmospheric Sciences 28(2), pp. 181-
189. 1SSN: 0022-4928, 1520-0469. DOI: 10.1175/1520-0469(1971)028<0181:FPRITA>2.0.
CO;2.

Capet, X., J. C. McWilliams, M. J. Molemaker, and A. F. Shchepetkin (2008). “Mesoscale to
Submesoscale Transition in the California Current System. Part II: Frontal Processes”.
In: Journal of Physical Oceanography 38(1), pp. 44—-64. 1SSN: 0022-3670. DOI: 10 . 1175/
2007JP03672.1.

Craik, A. D. D. and S. Leibovich (1976). “A Rational Model for Langmuir Circulations”. In:
Journal of Fluid Mechanics 73(3), pp. 401-426. 1SSN: 1469-7645, 0022-1120. DOI: 10.1017/
50022112076001420.

Fairall, C. W., E. F. Bradley, J. E. Hare, A. A. Grachev, and ]. B. Edson (2003). “Bulk Param-
eterization of Air-Sea Fluxes: Updates and Verification for the COARE Algorithm”. In:
Journal of Climate 16(4), pp. 571-591. 1SSN: 0894-8755, 1520-0442. DOI: 10 . 1175 /1520 -
0442(2003)016<0571:BPOASF>2.0.C0;2.

Fairall, C. W,, E. E. Bradley, D. P. Rogers, J. B. Edson, and G. S. Young (1996). “Bulk Pa-
rameterization of Air-Sea Fluxes for Tropical Ocean-Global Atmosphere Coupled-Ocean
Atmosphere Response Experiment”. In: Journal of Geophysical Research: Oceans 101(C2),
pp. 3747-3764. 1SSN: 2156-2202. DOI: 10.1029/95JC03205.

Foltz, Gregory R. (2019). “Wind- and Buoyancy-Forced Upper Ocean”. In: Encyclopedia of
Ocean Sciences. Elsevier, pp. 113-121. 1SBN: 978-0-12-813082-7. DOI: 10.1016/B978-0-12-
409548-9.11336-3.

Fox-Kemper, Baylor, Raffaele Ferrari, and Robert Hallberg (2008). “Parameterization of Mixed
Layer Eddies. Part I: Theory and Diagnosis”. In: Journal of Physical Oceanography 38(6),
pp- 1145-1165. 1SSN: 0022-3670. DOI: 10.1175/2007JP03792. 1.


https://doi.org/10.1007/s10712-017-9428-0
https://doi.org/10.1002/qj.4007
https://doi.org/10.1002/qj.4651
https://doi.org/10.1007/3-540-45419-5
https://publications.jrc.ec.europa.eu/repository/handle/JRC23237
https://publications.jrc.ec.europa.eu/repository/handle/JRC23237
https://doi.org/10.1175/1520-0469(1971)028%3C0181:FPRITA%3E2.0.CO;2
https://doi.org/10.1175/1520-0469(1971)028%3C0181:FPRITA%3E2.0.CO;2
https://doi.org/10.1175/2007JPO3672.1
https://doi.org/10.1175/2007JPO3672.1
https://doi.org/10.1017/S0022112076001420
https://doi.org/10.1017/S0022112076001420
https://doi.org/10.1175/1520-0442(2003)016%3C0571:BPOASF%3E2.0.CO;2
https://doi.org/10.1175/1520-0442(2003)016%3C0571:BPOASF%3E2.0.CO;2
https://doi.org/10.1029/95JC03205
https://doi.org/10.1016/B978-0-12-409548-9.11336-3
https://doi.org/10.1016/B978-0-12-409548-9.11336-3
https://doi.org/10.1175/2007JPO3792.1

40 Bibliography

Gaspar, Philippe, Yves Grégoris, and Jean-Michel Lefevre (1990). “A Simple Eddy Kinetic
Energy Model for Simulations of the Oceanic Vertical Mixing: Tests at Station Papa and
Long-Term Upper Ocean Study Site”. In: Journal of Geophysical Research: Oceans 95(C9),
pp- 16179-16193. 1SSN: 2156-2202. DOI: 10.1029/JC0951C09p16179.

Gentemann, Chelle L., Peter ]J. Minnett, and Brian Ward (2009). “Profiles of Ocean Surface
Heating (POSH): A New Model of Upper Ocean Diurnal Warming”. In: Journal of Geo-
physical Research: Oceans 114(C7). 1SSN: 2156-2202. DOI: 10.1029/2008JC004825. (Visited
on 09/25/2023).

Gula, Jonathan, John Taylor, Andrey Shcherbina, and Amala Mahadevan (2022). “Chapter
8 - Submesoscale processes and mixing”. In: Ocean Mixing. Elsevier, pp. 181-214. ISBN:
978-0-12-821512-8. DOI: https://doi.org/10.1016/B978-0-12-821512-8.00015-3.
URL: https://www.sciencedirect.com/science/article/pii/B9780128215128000153.

Haine, Thomas W. N. and John Marshall (Apr. 1998). “Gravitational, Symmetric, and Baro-
clinic Instability of the Ocean Mixed Layer”. In: Journal of Physical Oceanography 28(4),
pp. 634-658. 1SSN: 0022-3670, 1520-0485. DOI: 10 . 1175 /1520 - 0485(1998 ) 028<0634 :
GSABI0>2.0.C0;2.

Hans, A. C., P. Brandt, FE. Gasparin, M. Claus, S. Cravatte, ]. Horstmann, and G. Reverdin
(2024). “Observed Diurnal Cycles of Near-Surface Shear and Stratification in the Equa-
torial Atlantic and Their Wind Dependence”. In: Journal of Geophysical Research: Oceans
129(8), €2023]JC020870. 1SSN: 2169-9291. DOTI: 10.1029/2023JC020870.

Harcourt, Ramsey R. (2013). “A Second-Moment Closure Model of Langmuir Turbulence”.
In: Journal of Physical Oceanography 43(4), pp. 673-697. 1SsSN: 0022-3670, 1520-0485. DOTI:
10.1175/JP0-D-12-0105.1.

Harcourt, Ramsey R. (2015). “An Improved Second-Moment Closure Model of Langmuir
Turbulence”. In: Journal of Physical Oceanography 45(1), pp. 84-103. 1SSN: 0022-3670, 1520-
0485. DOI: 10.1175/JP0-D-14-0046.1.

Hersbach, H. et al. (2023). “ERAS5 hourly data on single levels from 1940 to present”. In: DOI:
10.24381/cds.adbb2d47.

Hohenegger, C. et al. (2023). “ICON-Sapphire: simulating the components of the Earth sys-
tem and their interactions at kilometer and subkilometer scales”. In: Geoscientific Model
Development 16(2), pp. 779-811. DOI: 10.5194/gmd-16-779-2023.

Hughes, Kenneth G., James N. Moum, and Emily L. Shroyer (2020). “Evolution of the Ve-
locity Structure in the Diurnal Warm Layer”. In: Journal of Physical Oceanography 50(3),
pp. 615-631. 1SSN: 0022-3670. DOI: 10.1175/JP0-D-19-0207 . 1.

Hughes, Kenneth G., James N. Moum, Emily L. Shroyer, and William D. Smyth (2021).
“Stratified Shear Instabilities in Diurnal Warm Layers”. In: Journal of Physical Oceanog-
raphy 51(8), pp. 2583-2598. 1sSN: 0022-3670, 1520-0485. DOI: 10.1175/JP0-D-20-0300. 1.

Ivey, Gregory N, Cynthia E Bluteau, Bishakhdatta Gayen, Nicole L Jones, and Taimoor Sohail
(2021). “Roles of shear and convection in driving mixing in the ocean”. In: Geophys. Res.
Lett. 48(3), e2020GL089455.

Ivey, Gregory N, Cynthia E Bluteau, and Nicole L Jones (2018). “Quantifying diapycnal mix-
ing in an energetic ocean”. In: J. Geophys. Res. 123(1), pp. 346-357.

Kantha, Lakshmi H. and Anne Carol Clayson (2004). “On the Effect of Surface Gravity
Waves on Mixing in the Oceanic Mixed Layer”. In: Ocean Modelling 6(2), pp. 101-124.
ISSN: 1463-5003. DOI: 10.1016/51463-5003(02)00062-8.

Klingbeil, Knut, Eric Deleersnijder, Oliver Fringer, and Lars Umlauf (2022). “Basic Equa-
tions of Marine Flows”. In: The Mathematics of Marine Modelling: Water, Solute and Particle
Dynamics in Estuaries and Shallow Seas. Springer International Publishing, pp. 1-9. ISBN:
978-3-031-09559-7. DOI: 10.1007/978-3-031-09559-7_1.


https://doi.org/10.1029/JC095iC09p16179
https://doi.org/10.1029/2008JC004825
https://doi.org/https://doi.org/10.1016/B978-0-12-821512-8.00015-3
https://www.sciencedirect.com/science/article/pii/B9780128215128000153
https://doi.org/10.1175/1520-0485(1998)028%3C0634:GSABIO%3E2.0.CO;2
https://doi.org/10.1175/1520-0485(1998)028%3C0634:GSABIO%3E2.0.CO;2
https://doi.org/10.1029/2023JC020870
https://doi.org/10.1175/JPO-D-12-0105.1
https://doi.org/10.1175/JPO-D-14-0046.1
https://doi.org/10.24381/cds.adbb2d47
https://doi.org/10.5194/gmd-16-779-2023
https://doi.org/10.1175/JPO-D-19-0207.1
https://doi.org/10.1175/JPO-D-20-0300.1
https://doi.org/10.1016/S1463-5003(02)00062-8
https://doi.org/10.1007/978-3-031-09559-7_1

Bibliography 41

Kudryavtsev, Vladimir and Alexander Soloviev (1990). “Slippery Near-Surface Layer of the
Ocean Arising Due to Daytime Solar Heating”. In: Journal of Physical Oceanography 20(5),
pp. 617-628. DOI: 10.1175/1520-0485(1990) 020<0617 : SNSLOT>2.0.C0; 2.

Kukulka, T., A. J. Plueddemann, and P. P. Sullivan (2013). “Inhibited Upper Ocean Restrat-
ification in Nonequilibrium Swell Conditions”. In: Geophysical Research Letters 40(14),
pp- 3672-3676. I1SSN: 1944-8007. DOI: 10.1002/gr1.50708.

Kundu, Pijush K., Ira M. Cohen, and David R. Doling (2016). Fluid Mechanics. Elsevier. ISBN:
978-0-12-405935-1. DOI: 10.1016/C2012-0-00611-4.

Laxague, Nathan J. M. and Christopher J. Zappa (2020). “The Impact of Rain on Ocean Sur-
face Waves and Currents”. In: Geophysical Research Letters 47(7), €2020GL087287. ISSN:
1944-8007. DOI: 10.1029/2020GL087287.

Li, Qing, Baylor Fox-Kemper, @yvind Breivik, and Adrean Webb (2017). “Statistical Models
of Global Langmuir Mixing”. In: Ocean Modelling 113, pp. 95-114. 1SSN: 1463-5003. DOTI:
10.1016/j.0cemod.2017.03.016. (Visited on 07/19/2022).

Lindzen, Richard S. and Sumant Nigam (Sept. 1987). “On the Role of Sea Surface Tem-
perature Gradients in Forcing Low-Level Winds and Convergence in the Tropics”. In:
Journal of the Atmospheric Sciences 44(17), pp. 2418-2436. 1SSN: 0022-4928, 1520-0469. DOI:
10.1175/1520-0469(1987)044<2418:0TR0SS>2.0.C0;2.

Matthews, Adrian J., Dariusz B. Baranowski, Karen J. Heywood, Piotr J. Flatau, and Sunke
Schmidtko (2014). “The Surface Diurnal Warm Layer in the Indian Ocean during CINDY/DYNAMO”.
In: Journal of Climate 27(24), pp. 9101-9122. 1SSN: 0894-8755, 1520-0442. DOI: 10 . 1175/
JCLI-D-14-00222.1.

McWilliams, James C. (May 2016). “Submesoscale Currents in the Ocean”. In: Proceedings of
the Royal Society A: Mathematical, Physical and Engineering Sciences 472(2189), p. 20160117.
DOI: 10.1098/rspa.2016.0117.

McWilliams, James C., Peter P. Sullivan, and Chin-Hoh Moeng (1997). “Langmuir Turbu-
lence in the Ocean”. In: Journal of Fluid Mechanics 334, pp. 1-30. ISSN: 1469-7645, 0022-
1120. DOI: 10.1017/80022112096004375.

Min, Hong Sik and Yign Noh (2004). “Influence of the Surface Heating on Langmuir Circu-
lation”. In: Journal of Physical Oceanography 34(12), pp. 2630-2641. 1SSN: 0022-3670, 1520-
0485. DOI: 10.1175/JP0JP0-2654.1.

Monin, AS and AM Obukhov (1954). “Osnovnye zakonomernosti turbulentnogo peremeshiv-
anija v prizemnom sloe atmosfery (Basic laws of turbulent mixing in the atmosphere near
the ground)”. In: Trudy geofiz. inst. AN SSSR 24(151), pp. 163-187.

Moulin, Aurélie J., James N. Moum, and Emily L. Shroyer (2018). “Evolution of Turbulence
in the Diurnal Warm Layer”. In: Journal of Physical Oceanography 48(2), pp. 383-396. ISSN:
0022-3670, 1520-0485. pOT1: 10.1175/JP0-D-17-0170. 1.

Olbers, Dirk, Jiirgen Willebrand, and Carsten Eden (2012). Ocean Dynamics. Ed. by Dirk Ol-
bers, Jiirgen Willebrand, and Carsten Eden. Springer: Berlin, Heidelberg. 1SBN: 978-3-
642-23450-7. DOI: 10.1007/978-3-642-23450-7_1.

Pearson, Brodie C., Alan L. M. Grant, Jeff A. Polton, and Stephen E. Belcher (2015). “Lang-
muir Turbulence and Surface Heating in the Ocean Surface Boundary Layer”. In: Journal
of Physical Oceanography 45(12), pp. 2897-2911. 1SSN: 0022-3670, 1520-0485. DOI: 10.1175/
JP0-D-15-0018.1.

Peng, Jen-Ping, Julia Drager-Dietel, Ryan P. North, and Lars Umlauf (2021). “Diurnal Vari-
ability of Frontal Dynamics, Instability, and Turbulence in a Submesoscale Upwelling
Filament”. In: Journal of Physical Oceanography 51(9), pp. 2825-2843. DOI: 10.1175/JP0-
D-21-0033.1.

Peng, ].P., N. Jones, M. Rayson, M. Schmitt, L. Umlauf, C. Whitwell, S.R. Keating, C.J. Shake-
speare, and G.N. Ivey (submitted). “Interactions between diurnal warm layers and surface-
layer fronts”. In: Journal of Geophysical Research: Oceans.


https://doi.org/10.1175/1520-0485(1990)020%3C0617:SNSLOT%3E2.0.CO;2
https://doi.org/10.1002/grl.50708
https://doi.org/10.1016/C2012-0-00611-4
https://doi.org/10.1029/2020GL087287
https://doi.org/10.1016/j.ocemod.2017.03.016
https://doi.org/10.1175/1520-0469(1987)044%3C2418:OTROSS%3E2.0.CO;2
https://doi.org/10.1175/JCLI-D-14-00222.1
https://doi.org/10.1175/JCLI-D-14-00222.1
https://doi.org/10.1098/rspa.2016.0117
https://doi.org/10.1017/S0022112096004375
https://doi.org/10.1175/JPOJPO-2654.1
https://doi.org/10.1175/JPO-D-17-0170.1
https://doi.org/10.1007/978-3-642-23450-7_1
https://doi.org/10.1175/JPO-D-15-0018.1
https://doi.org/10.1175/JPO-D-15-0018.1
https://doi.org/10.1175/JPO-D-21-0033.1
https://doi.org/10.1175/JPO-D-21-0033.1

42 Bibliography

Pham, Hieu T., Sutanu Sarkar, Leah Johnson, Baylor Fox-Kemper, Peter P. Sullivan, and
Qing Li (2023). “Multi-Scale Temporal Variability of Turbulent Mixing During a Mon-
soon Intra-Seasonal Oscillation in the Bay of Bengal: An LES Study”. In: Journal of Geo-
physical Research: Oceans 128(1), 2022]JC018959. 1SSN: 2169-9291. DOI: 10.1029/2022JC018959.

Price, James E.,, Robert A. Weller, and Robert Pinkel (1986). “Diurnal Cycling: Observations
and Models of the Upper Ocean Response to Diurnal Heating, Cooling, and Wind Mix-
ing”. In: Journal of Geophysical Research: Oceans 91(C7), pp. 8411-8427. DOI: 10 . 1029/
JC0911C07p08411.

Savazzi, Alessandro Carlo Maria, Louise Nuijens, Irina Sandu, Geet George, and Peter Bech-
told (2022). “The Representation of the Trade Winds in ECMWF Forecasts and Reanal-
yses during EUREC*A”. In: Atmospheric Chemistry and Physics 22(19), pp. 13049-13066.
ISSN: 1680-7316. DOI: 10.5194/acp-22-13049-2022.

Schliissel, Peter, Alexander V. Soloviev, and William J. Emery (1997). “COOL AND FRESH-
WATER SKIN OF THE OCEAN DURING RAINFALL”. In: Boundary-Layer Meteorology
82(3), pp. 439-474. 1SSN: 1573-1472. DOI: 10.1023/A:1000225700380.

Schmitt, M., K. Klingbeil, R. Shevchenko, and L. Umlauf (submitted). “Three-dimensional
Ocean Surface Layer Response to Rain, Wind bursts and Diurnal Heating”. In: Journal of
Geophysical Research: Oceans.

Schmitt, M., H. T. Pham, S. Sarkar, K. Klingbeil, and L. Umlauf (2024). “Diurnal Warm Layers
in the Ocean: Energetics, Nondimensional Scaling, and Parameterization”. In: Journal of
Physical Oceanography 54(4), pp. 1037-1055. 1SSN: 0022-3670, 1520-0485. DOI: 10 . 1175/
JP0-D-23-0129.1.

Shackelford, Kyle, Charlotte A. DeMott, Peter Jan van Leeuwen, Elizabeth Thompson, and
Samson Hagos (2022). “Rain-Induced Stratification of the Equatorial Indian Ocean and
Its Potential Feedback to the Atmosphere”. In: Journal of Geophysical Research: Oceans
127(3), €2021JC018025. 1SSN: 2169-9291. DOT: 10.1029/2021JC018025.

Shcherbina, Andrey, Eric D’Asaro, and Ramsey Harcourt (2019). “Rain and Sun Create Slip-
pery Layers in the Eastern Pacific Fresh Pool”. In: Oceanography 32(2), pp. 98-107. ISSN:
10428275. DOI: 10.5670/0ceanog.2019.217.

Shevchenko, Radomyra, Cathy Hohenegger, and Mira Schmitt (2023). “Impact of Diurnal
Warm Layers on Atmospheric Convection”. In: Journal of Geophysical Research: Atmo-
spheres 128(14), e2022]JD038473. I1SSN: 2169-8996. DOI: 10.1029/2022JD038473.

Smyth, William D. and Jeffrey R. Carpenter (2019). Instability in Geophysical Flows. Cambridge
University Press: Cambridge. ISBN: 978-1-108-70301-7. DOI: 10.1017/9781108640084.
Stiperski, Ivana and Marc Calaf (2023). “Generalizing Monin-Obukhov Similarity Theory
(1954) for Complex Atmospheric Turbulence”. In: Physical Review Letters 130(12), p. 124001.

DOI: 10.1103/PhysRevLett.130.124001.

Taylor, John R. and Raffaele Ferrari (2009). “On the Equilibration of a Symmetrically Unsta-
ble Front via a Secondary Shear Instability”. In: Journal of Fluid Mechanics 622, pp. 103—
113. 1SSN: 0022-1120, 1469-7645. DOI: 10.1017/50022112008005272.

Taylor, John R. and Raffaele Ferrari (June 2010). “Buoyancy and Wind-Driven Convection at
Mixed Layer Density Fronts”. In: Journal of Physical Oceanography 40(6), pp. 1222-1242.
ISSN: 0022-3670, 1520-0485. DOI: 10.1175/2010JP04365 . 1.

Thomas, Leif N. (2005). “Destruction of Potential Vorticity by Winds”. In: Journal of Physical
Oceanography 35(12), pp. 2457-2466. 1SSN: 0022-3670, 1520-0485. DOI: 10.1175/JP02830.
1.

Thompson, Elizabeth J., James N. Moum, Christopher W. Fairall, and Steven A. Rutledge
(2019). “Wind Limits on Rain Layers and Diurnal Warm Layers”. In: Journal of Geophysical
Research: Oceans 124(2), pp. 897-924. 1SSN: 2169-9291. DOI: 10.1029/2018JC014130.

Turk, Daniela, Christopher J. Zappa, Christopher S. Meinen, James R. Christian, David T.
Ho, Andrew G. Dickson, and Wade R. McGillis (2010). “Rain Impacts on CO2 Exchange


https://doi.org/10.1029/2022JC018959
https://doi.org/10.1029/JC091iC07p08411
https://doi.org/10.1029/JC091iC07p08411
https://doi.org/10.5194/acp-22-13049-2022
https://doi.org/10.1023/A:1000225700380
https://doi.org/10.1175/JPO-D-23-0129.1
https://doi.org/10.1175/JPO-D-23-0129.1
https://doi.org/10.1029/2021JC018025
https://doi.org/10.5670/oceanog.2019.217
https://doi.org/10.1029/2022JD038473
https://doi.org/10.1017/9781108640084
https://doi.org/10.1103/PhysRevLett.130.124001
https://doi.org/10.1017/S0022112008005272
https://doi.org/10.1175/2010JPO4365.1
https://doi.org/10.1175/JPO2830.1
https://doi.org/10.1175/JPO2830.1
https://doi.org/10.1029/2018JC014130

Bibliography 43

in the Western Equatorial Pacific Ocean”. In: Geophysical Research Letters 37(23). ISSN:
1944-8007. DOI: 10.1029/2010GL045520.

Umlauf, Lars, Hans Burchard, and Karsten Bolding (2005). “GOTM - Scientic Documenta-
tion : Version 3.2”. In: 63, p. 279. 1SSN: 0939-396X. DOI: 10.12754/MSR-2005-0063.

Vogel, Raphaela, Heike Konow, Hauke Schulz, and Paquita Zuidema (2021). “A Climatol-
ogy of Trade-Wind Cumulus Cold Pools and Their Link to Mesoscale Cloud Organiza-
tion”. In: Atmospheric Chemistry and Physics 21(21), pp. 16609-16630. 1SSN: 1680-7316. DOTI:
10.5194/acp-21-16609-2021.

Voldoire, Aurore, Romain Roehrig, Hervé Giordani, Robin Waldman, Yunyan Zhang, Shaocheng
Xie, and Marie-Noelle Bouin (2022). “Assessment of the Sea Surface Temperature Diur-
nal Cycle in CNRM-CM6-1 Based on Its 1D Coupled Configuration”. In: Geoscientific
Model Development 15(8), pp. 3347-3370. ISSN: 1991-959X. DOI: 10.5194/gmd - 15- 3347 -
2022.

Wang, Xingchi, Tobias Kukulka, J. Thomas Farrar, Albert ]J. Plueddemann, and Seth E. Zip-
pel (2023). “Langmuir Turbulence Controls on Observed Diurnal Warm Layer Depths”.
In: Geophysical Research Letters 50(10), e2023GL103231. 1SSN: 1944-8007. DOI: 10 . 1029/
2023GL103231.


https://doi.org/10.1029/2010GL045520
https://doi.org/10.12754/MSR-2005-0063
https://doi.org/10.5194/acp-21-16609-2021
https://doi.org/10.5194/gmd-15-3347-2022
https://doi.org/10.5194/gmd-15-3347-2022
https://doi.org/10.1029/2023GL103231
https://doi.org/10.1029/2023GL103231




45

Appendix A

Declaration of my contributions

A.1 Diurnal Warm Layers in the Ocean: Energetics, Non-dimensional
Scaling, and Parameterization

The concept for this study was derived by me and my supervisor, Lars Umlauf. The LES
model results, as well as the LES description in the text, were provided by my co-authors
Hieu Pham and Sutanu Sarkar. The Langmuir Turbulence parameterization in GOTM was
realized by my co-author Knut Klingbeil. I evaluated the parameterization by testing differ-
ent second-moment closures and by tuning the model coefficients. All GOTM runs were per-
formed by me. The analysis, including the comparison with the LES results, was done by me
with valuable input from my supervisor. The visualization and plotting in the manuscript
was done entirely by me. I came up with the first draft, which was then refined with the help
of all co-authors. The revisions were done by me with valuable input from my co-authors,
especially Lars Umlauf.

A.2 Interactions between diurnal warm layers and surface-layer
fronts

As a co-author, I helped with the set up and validation of the idealized model, and interpre-
tation of the results regarding the behaviour of DWLs. I co-wrote Sections 2.4 and 2.5 about
the DWL scaling and the numerical set up. The schematic in Fig. 2 was made by me and
I provided a first draft of the script that runs GOTM and plots Figures 8-10. Lastly, I was
involved in the editing of the final manuscript, especially of the sections that focused on the
model simulations.

A.3 Three-dimensional Ocean Surface Layer Response to Rain, Wind
bursts and Diurnal Heating

This manuscript was again conceptualized by my supervisor, Lars Umlauf, and me. All my
co-authors were involved in the methodology. The atmospheric data for the forcing was cu-
rated by my co-author Radomyra Shevchenko, and the ocean model set up was developed
by Knut Klingbeil with direct consultation by Lars Umlauf and myself. I validated the re-
sults and did all of the analysis with the help of my supervisor. All plotting was again done
by me, as well as the writing of the first draft. The final submission was edited and refined
with the help of all my co-authors.



46 Appendix A. Declaration of my contributions

A.4 Impact of Diurnal Warm Layers on Atmospheric Convection

As a co-author, I was involved in the development of the vertical grid of the S pw; model
set up. To find a vertical resolution that is able to correctly resolve DWL evolution, while
keeping the number of needed grid cells to a minimum for model performance, I performed
several GOTM studies with varying resolutions. Fig. 1 and A1l in the publication were plot-
ted by me. In addition, I helped with the interpretation of the ocean results and was involved
in the editing of the final manuscript.

Mira Schmitt Lars Umlauf



Appendix B

Publications

47



APRIL 2024 SCHMITT ET AL. 1037

Diurnal Warm Layers in the Ocean: Energetics, Nondimensional Scaling,
and Parameterization?

M. SCHMITT®,? H. T. PHAM®,” S. SARKAR®,”° K. KLINGBEIL®,* AND L. UMLAUF®?

 Leibniz-Institute for Baltic Sea Research, Warnemiinde, Germany
> Mechanical and Aerospace Engineering, University of California, San Diego, La Jolla, California
¢ Scripps Institution of Oceanography, University of California, San Diego, La Jolla, California

(Manuscript received 11 July 2023, in final form 26 January 2024, accepted 1 February 2024)

ABSTRACT: Diurnal warm layers (DWLs) form near the surface of the ocean on days with strong solar radiation, weak
to moderate winds, and small surface-wave effects. Here, we use idealized second-moment turbulence modeling, validated
with large-eddy simulations (LES), to study the properties, dynamics, and energetics of DWLs across the entire physically
relevant parameter space. Both types of models include representations of Langmuir turbulence (LT). We find that LT
only slightly modifies DWL thicknesses and other bulk parameters under equilibrium wave conditions, but leads to a
strong reduction in surface temperature and velocity with possible implications for air—sea coupling. Comparing tropical
and the less frequently studied high-latitude DWLs, we find that LT has a strong impact on the energy budget and that
rotation at high latitudes strongly modifies the DWL energetics, suppressing net energy turnover and entrainment. We
identify the key nondimensional parameters for DWL evolution and find that the scaling relations of Price et al. provide a
reliable representation of the DWL bulk properties across a wide parameter space, including high-latitude DWLs. We pre-
sent different sets of revised model coefficients that include the deepening of the DWL due to LT and other aspects of our
more advanced turbulence model to describe DWL properties at midday and during the DWL temperature peak in the
afternoon, which we find to occur around 1500-1630 local time for a broad range of parameters.

KEYWORDS: Atmosphere-ocean interaction; Diurnal effects; Langmuir circulation; Sea surface temperature;
Model evaluation/performance; Parameterization

1. Introduction tends to suppress turbulence below the DWL and induce a near-
surface trapping of momentum, reflected in the evolution of a
near-surface diurnal jet with speeds O(0.1)ms™!. The strong
shear at the lower edge of the diurnal jet generates a marginally
stable stratified shear layer, triggering strong DWL turbulence
and entrainment (Hughes et al. 2020).

This detailed understanding of the DWL dynamics was,
however, almost exclusively gained based on investigations
and long-term studies at tropical latitudes (e.g., Matthews
et al. 2014; Bellenger and Duvel 2009), despite the observa-
tion that during the summer months diurnal SST anomalies at
high latitudes may be as large as those found in tropical re-
gions (Kawai and Wada 2007). The few available studies of
high-latitude DWLs (e.g., Eastwood et al. 2011; Jia et al. 2023)
found a widespread occurrence also in the Arctic Ocean. Jia
et al. (2023) reported a repeated occurrence of DWLs with sig-
nificant warming amplitudes > 2°C, including extreme events
with amplitudes > 5°C, during the two summer months of
their measurement campaign at latitudes of up to 80°N. A re-
cent evaluation of turbulence models, including their perfor-
mance under strong diurnal warming (Johnson et al. 2023),
was for a low-latitude DWL. Due to the lack of detailed obser-
vations and numerical studies of high-latitude DWLs, our un-
derstanding of the energetics and parameterization of these
features is limited at the moment.

& Supplemental information related to this paper is available at A few recent studies focusing on the impact of surface-
the Journals Online website: https://doi.org/10.1175/JPO-D-23- wave effects on DWLs (Kukulka et al. 2013; Pham et al. 2023;
012951 Wang et al. 2023) underlined the importance of Langmuir tur-

bulence (LT) for the evolution of diurnal near-surface stratifi-

Corresponding author. Mira Schmitt, mira.schmitt@io-warnemuende.de  cation, typically identifying a reduction of the diurnal SST

Diurnal warm layers (DWLs) form near the surface of the
ocean on days with strong solar radiation, weak to moderate
winds, and weak surface-wave activity. Reviewing existing litera-
ture, Kawai and Wada (2007) noted that DWLs are a widespread
feature, found at all latitudes and characterized by typical sea
surface temperature (SST) anomalies of O(0.1-1)°C and typical
thicknesses of O(1-10) m. DWLs isolate the deeper parts of the
surface layer from atmospheric forcing (Wijesekera et al. 2020),
provide a niche for marine microorganisms (Kahru et al. 1993),
modify air-sea fluxes (Matthews et al. 2014), and feed back to
the atmosphere in ways that are just beginning to be understood
(Brilouet et al. 2021).

Recent field investigations with specialized instrumentation
(Matthews et al. 2014; Sutherland et al. 2016; Moulin et al.
2018; Hughes et al. 2020) and numerical modeling studies
(Sarkar and Pham 2019; Large and Caron 2015) have provided a
consistent picture of the physical processes determining the evo-
lution of DWLs in the ocean: strong surface buoyancy forcing
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amplitude and an increase of the DWL thickness due to stron-
ger mixing. The ability of existing parameterizations (Price
et al. 1986, hereafter PWP86; Fairall et al. 1996) and ocean
turbulence models to reproduce these effects has not been
systematically evaluated so far.

The goal of this paper is to investigate the relevance, impli-
cations, and parameterizations of different processes (in par-
ticular: LT and rotation effects in high-latitude DWLs) across
the entire physically relevant parameter space. Section 2 in-
troduces the models used in this study. Most of the analysis is
based on a second-moment turbulence model that includes
the effects of LT. To validate this model and evaluate its per-
formance concerning the effects of LT, we use section 3 to
compare it to our LES results for a typical DWL scenario. Af-
ter that, in section 4, we use our validated second-moment
model to investigate DWL energy budgets in a typical tropical
versus a high-latitude DWL, thereby focusing especially on
the effects of rotation and day length that have so far received
only little attention. Last, in section 5, we attempt to provide
a unified description of DWLs in the ocean by first identifying
the key nondimensional parameters that govern their struc-
ture and evolution, and then evaluating the influence of these
parameters across a large parameter space. Here, we also test
the applicability of the frequently used bulk parameter model
by PWPS86 for high latitudes and DWLs influenced by LT.

2. Model formulation
a. Momentum and buoyancy equations

Our analysis will be based on the one-dimensional trans-
port equations for momentum and buoyancy for an infinitely
deep water column,

u d u aT
R + = __|ly—| — =%
i) az(vaz) oz’ W
v ot ) a( gv) 97, 2
e =21, -
at 7 az\ 9z) oz’
ob d ob J al
_:_(Vb_)__G.i__b’ 3)
a9z 0z 0z 0z

where u and v are the Reynolds-averaged velocities in the x
and y directions, u; and v, are the corresponding Stokes drift
velocities, f is the Coriolis parameter, and v and v? are the
molecular diffusivities of momentum and buoyancy (or heat),
respectively. The vertical turbulent momentum fluxes (normal-
ized here with a constant reference density py = 1027 kg m™>)
are denoted by 7, and 7,. The evolution of the Reynolds-averaged
buoyancy b is determined by the vertical turbulent buoyancy
flux G and the radiative buoyancy flux /, due to penetrating
shortwave radiation. We use the conventions that z points verti-
cally upward with z = 0 at the surface, that all turbulent fluxes
are positive upward, and that the radiative buoyancy flux 7, is pos-
itive downward.

As boundary conditions for the momentum equations in
(1) and (2), we describe the components of the (normalized)
wind stress, 70 and ’TS, at the surface. Similarly, for the buoyancy
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equation in (3), we prescribe the nonsolar surface buoyancy
flux By = agQOhns/(poc,) at z = 0, where Qs (positive downward)
is the nonsolar heat flux, accounting for the longwave, latent,
and sensible heat fluxes. Here, g is the acceleration of gravity,
¢, the specific heat capacity, and « the thermal expansion coeffi-
cient. Note that Qs and B, will generally be negative (surface
heat loss) in our study. Zero-flux conditions for the turbulent
fluxes of momentum and buoyancy are applied at z - —x
(practically, the lower boundary conditions are imposed at
some finite value of z that is sufficiently far below the surface to
not affect the results).

b. Surface forcing

To identify the key parameters controlling the DWL evolution
and structure, the following analysis will be based on idealized at-
mospheric fluxes that reflect the essential characteristics of the at-
mospheric forcing under conditions favorable for DWLs. This
forcing consists of a constant nonsolar heat (or buoyancy) loss at
the surface (By < 0), and a periodic diurnal variability induced
by the radiative heat flux according to

}, 4)

1(,_ Q)
T,\' 2

where T, is the period of the prescribed forcing (24 h), T, the
duration of the daylight period with Iy > 0, and /,,,,x the maxi-
mum radiative heat flux reached at 7,/2 (midday). We per-
formed numerical tests in which we compared this simplified
solar radiation model with a more realistic radiation expres-
sion based on Stull (1988) and found only small differences in
the DWL evolution that did not affect any of our conclusions.
For our idealized study focusing on the basic mechanisms of
DWL formation, the downward shortwave radiation / will be
computed from a simple absorption model of the form

> “max

I = maX{O I cos

1(z) = I,e¥, 3)

where m is the shortwave absorption scale. Note that in
section 3 (model validation), and in some parts of the parame-
ter space study in section 5, we will make the additional sim-
plifying assumption that m = 0, i.e., that all radiation is
absorbed at the surface. The radiative buoyancy flux 7, in (3)
follows from

ag
I, = —1I 6
= e (©)

The temporal evolution of the surface buoyancy flux By, the
radiative buoyancy flux at the surface /,(z = 0) = I}), and their
sum (the total surface buoyancy flux B), are shown in Fig. 1.

The surface buoyancy forcing defined this way is completely
described by four dimensional parameters: the two time scales
T, and T,, the maximum total surface buoyancy flux at midday
B,.x, and the surface buoyancy loss Bj. Rather than 7,, the
more sensible parameter to describe the formation of DWLs is
the heating period 7}, during which the total surface buoyancy
flux B is positive (see Fig. 1). From (4), it is clear that these
two time scales are related according to
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m— B =10+ B,
I

—= By

Bmax

FIG. 1. Idealized buoyancy forcing with the radiative buoyancy
flux at the surface I‘b) , the nonsolar surface buoyancy flux By, and
their sum, the total surface buoyancy flux B. Note that here we
show the special case for which T, = T,/2.

™)

_ 2T,
T, = 7arccos 5 5

All our simulations will be forced by a constant wind stress in the x
direction, 7 = C,(p,/p,) U, Where p, = 123 kg m™” is the air
density, Uy is the 10-m wind speed, and C; = 1.7 X 1073 is a cons-
tant drag coefficient. Introducing the friction velocity, u, = /|77,
as another key dimensional parameter of the problem, the qua-
dratic drag law can also be expressed as uz = C (/o) U3,

Finally, surface wave parameters used to calculate the Stokes
drift in our study are computed from the “Theory Wave” ap-
proach of Li et al. (2017). In brief, this model accounts for con-
tributions to the Stokes drift profile from the entire frequency
band of the theoretical wave spectrum of Phillips (1958), ignor-
ing swell but including the effects of directional spreading. The
surface Stokes drift velocity «? and the Stokes transport V; are
estimated from expressions of the form

u) = Uygp V= ngU%O’ ®)

where ¢, = 0016 and C, = 2.67 X 107> s* m 2 are model con-
stants. From these expressions, and the quadratic drag law men-
tioned above, the turbulent Langmuir number La = (u*/u?)l/ 2,
defined by McWilliams et al. (1997), can also be expressed as
La=(p,C d)l/d'/(pocf)m‘ Note that this yields a constant La = 0.3,
as typical for equilibrium wave fields.

As shown by Li et al. (2017), the profile of the Stokes velocity
ug predicted by their model is a function of the surface Stokes

velocity 1 and the spectral peak wavenumber defined as

0
MS
k, = 0,17675. (9)

For the exact expressions of the Stokes velocity profile,
uz, u?, kp), which we use to compute the Stokes shear in our
model, please refer to Li et al. (2017) or to section 1 in the on-
line supplemental material.

¢. Second-moment turbulence modeling approach

In our second-moment turbulence modeling approach, which
is validated in section 3 and then used for all of the analyses in
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sections 4 and 5, the turbulent momentum fluxes appearing in
(1) and (2) are computed from downgradient expressions of the
form

0 ou
T =(u’w'>=—v—u+vts—3,
"9z a9z

19z t E (10)

o v 50V,

Ty—(uW)——(v—-i-V ),
where primes and angle brackets denote turbulent fluctua-
tions and ensemble averages, respectively, and v, and v$ the
vertical turbulent diffusivities of momentum related to the
Eulerian and Stokes velocities, respectively (Harcourt 2013;
Harcourt 2015, hereafter H15). Similarly, the vertical turbu-
lent buoyancy flux in (3) is computed from

ab
G=(Wb')=-v—==-1'N, (11)

0z
with the vertical turbulent diffusivity »? and the squared
buoyancy frequency N* = ab/oz.

As discussed in more detail in appendix A, the turbulent dif-
fusivities are assumed to be proportional to a turbulence length
scale / and a turbulent velocity scale k', where k = u/u/2 is
the turbulence kinetic energy (TKE) computed from a trans-
port equation of the form

ok
—=D,+P+P +G-—g

o (12)

generalized here to also account for the effects of LT. Here,
D, denotes the vertical transport of TKE and & the turbulence
dissipation rate. The terms P and P, are the Eulerian and
Stokes shear production terms defined as (Harcourt 2013;
H15):

9 Jd
P= —<u’w/>£ - <U'W/>£ =S+ 1S, (13)
_ ro s /w’' (")US = 2 S g2
P =—(u'w) —<UW>£*VzSc+VtSs’ (14)
where
@ = 'LuZ+ ‘lvz g2 = duou, | dvdv, 52:(%)2+ 8&2
az) " \oz)> T Tazez azoz’ ¢ \oz az)
(15)

Finally, the turbulent length scale /, required for the computa-
tion of the turbulent diffusivities, is inferred from the solution
of a Mellor-Yamada-type transport equation for the product
kl in (A2) or, alternatively for comparison, from a transport
equation for the inverse turbulence time scale » * k2! in
(A4). All relevant details of the turbulence closure models
used in our study are summarized in appendix A.

d. LES modeling approach

The LES approach is used to validate the second-moment mod-
els in section 3. The approach is based on the Craik—Leibovich
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equations to produce the Eulerian velocity, pressure, and buoy-
ancy fields in a temporally evolving three-dimensional compu-
tational domain. Readers are referred to appendix B for the
numerical implementation of the LES and the model setup.

From the LES, horizontally averaged profiles of velocities
(Uy), buoyancy (B), and turbulent fluxes (U; U}) are obtained
and used to compare with the second-moment turbulence
model outputs (e.g., u, v, and b) in (1)-(3), as elaborated in
section 3. Here, we use angle brackets to denote the hori-
zontal average of the LES fields and primes to denote the
fluctuations.

3. Comparison of LES and second-moment models

In this section, we compare the second-moment turbulence
closure models to our LES results for a typical tropical DWL
scenario both with and without the effects of LT, focusing es-
pecially on the performance of the second-moment model for
this newly included process. Both LES and second-moment
models are driven with identical atmospheric and buoyancy
forcing and use the same parametric surface-wave model by
Li et al. (2017) to compute the Stokes velocities. Note that the
effects of surface-wave breaking are not taken into account in
our simulations.

The three different second-moment models that we want to
test are described in detail in section 2c and appendix A. They
include (i) the full model of H15, which represents LT effects
in both the stability functions and the transport equations for
k and ki in Eqs. (12) and (A2) through the additional Stokes
production term Py; (ii) the model of Kantha and Clayson
(2004, hereafter KC04), which only considers the additional
Stokes production terms in the transport equations but ignores
the impact of LT on the stability functions; and (iii) the model
of Kantha and Clayson (1994), which ignores LT effects en-
tirely. Both the models of H15 and KC04 converge to the
model of Kantha and Clayson (1994) for the special case of zero
Stokes drift (u; = 0), which allows for a clear separation of LT ef-
fects from other modeling components. To compute the turbulent
length scale /, we used an extended version of the Mellor—Yamada
equation for k7 in (A2) for all of the following simulations but we
will also include a short comparison with a modified version of the
k—o model in section 2 of the supplemental material.

All second-order moment model simulations were con-
ducted with a modified version of the General Ocean Turbu-
lence Model (GOTM), described in Umlauf et al. (2005). The
time step for these simulations was set to 6 s, and the domain
depth and grid size match those of the LES grid with a resolu-
tion of 0.05 m at the surface, gradually coarsening toward the
bottom (see appendix B). These parameters were found to
ensure numerical convergence and exclude any impact of the
lower edge of the domain on the DWL properties.

For all the simulations in this section, we use a peak solar
buoyancy flux of I, = 2.3 X 1077 m? s> at noon at the surface
(see Fig. 1), which, for comparison, would correspond to a
peak solar heat flux of /;;,,x = 400 W m 2 for a thermal expan-
sion coefficient « = 2.4 X 10~* K~ '. To keep the setup for
this model comparison as simple as possible, we also assume
that the nonsolar surface buoyancy flux vanishes (B, = 0)
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and that all short wave radiation is absorbed at the surface
(m = 0). The heating period is 7), = T; = 12 h at a tropical lat-
itude of 10°N (corresponding to f = 2.53 X 10> s ! and a
local inertial period of 7y = 69.1 h). A constant friction veloc-
ity of u, =4.4x 10> ms™! is applied, equivalent to a wind
speed of Ujp = 3.1 m s~L. This results in a Monin-Obukhov
length Ly, = ui/(kB) = 0.93m at midday (with k = 0.4),
which is more than an order of magnitude larger than the nu-
merical grid spacing near the surface. For all GOTM runs in
this section, the surface roughness length z, that appears in
the boundary condition (A9) for the turbulence length scale /
was set to zg = 0.01 m. This model parameter is not well con-
strained. Our parameter studies in section 5 show, however,
that the impact of z is negligible.

To save computational resources for the LES, all simula-
tions in this section start at 0500 local time (1 h before the
start of the radiative buoyancy forcing) rather than at mid-
night. Note, however, that in all the following sections, the be-
ginning of the simulations is at midnight.

The horizontally averaged LES results are shown in Fig. 2,
comparing simulations without (#; = 0) and with LT. In both
cases, the buoyancy structure (Figs. 2a,b) shows the evolution
of DWLs with similar characteristics. LT effects are clearly
noticeable especially in the reduced near-surface buoyancy in
the simulation with wave forcing, which is consistent with the
reduced near-surface stratification due to LT-enhanced mixing
(Figs. 2c,d). The Eulerian shear (Figs. 2e.f) in the simulation with
LT deviates from its counterpart with u, = 0 significantly in the
upper 2 m, where the Stokes shear production P; becomes the
dominant source of turbulence (u, decays to approximately 10%
of its surface value within the uppermost 0.65 m). This effect is
also clearly evident in the Richardson number, Ri = N>S2,
which does not account for Stokes shear (Figs. 2g,h).

Figures 3 and 4 compare the DWL evolution in the LES
(with and without LT) and the second-moment models for
four selected points in time (marked in Fig. 2). This compari-
son shows that the overall characteristics of the LES are well
reproduced by all models: both the DWL thicknesses and the
vertical structures of buoyancy, velocity, and the turbulent
momentum flux closely correspond to those predicted by the
LES. Significant differences are largely confined to the upper
1-2 m, where the LES suggest a strong reduction of stratifica-
tion and shear due to the effects of LT. For the period be-
tween 1200 and 1500 local time, when DWL anomalies are
most distinct, the inlay plots in Figs. 3d and 3f show that
the inclusion of LT effects leads to a significant reduction of
the near-surface velocity. Only the model of H15 is in close
agreement with the LES, while the model of KC04 clearly
underestimates the additional mixing of momentum due to LT
effects, underlining the importance of the Stokes shear term in
(10). For the near-surface buoyancy profiles (see inlay plots in
Figs. 3c.e), differences between the second-moment models are
less pronounced, and all tend to underestimate the reduction of
near-surface stratification due to LT. Differences between the
simulations with and without LT become especially clear in the
gradient Richardson number shown in Figs. 4b, 4d, 4f, and 4h.
The pronounced near-surface peak in Ri is captured only by the
most advanced model of H15 as shown in Fig. 4.
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FIG. 2. Evolution of (a),(b) buoyancy, (c),(d) buoyancy frequency squared, (¢),(f) total Eulerian shear squared, and
(g),(h) gradient Richardson number for a typical DWL scenario (left) without and (right) with LT forcing, respec-
tively. Shown are horizontally averaged LES results for the forcing parameters discussed in section 3. Dashed vertical

lines mark the profiles shown in Figs. 3 and 4.

It is worth noting that all second-moment models predict vir-
tually identical profiles underneath the thin near-surface region
directly affected by Stokes production. For the LES, the negligi-
ble effect of LT below the thin-surface layer is the case only for
the late-stage DWLs (Figs. 3e—g), while the DWL evolution in
the morning and around noon (Figs. 3a-d) shows weak but sig-
nificant LT effects also below the Stokes layer. These LT effects
on the mean fields are accompanied by inflectional shear, simi-
lar to observations of inflectional shear by Hughes et al. (2021)
when convective cooling commenced at sundown, as well as by
enhanced TKE transport from the Stokes layer toward the layer
underneath (Li and Fox-Kemper 2020).

Overall, we conclude that the performance of the model of
H15 is most satisfying, and we will therefore use this model
for all of the following numerical investigations. As shown in
section 2 of the supplemental material, simulations conducted
with a modified version of the k-~ model (see appendix A),
using the same stability functions of H15, yield very similar re-
sults, providing support for the robustness of our results.

4. DWL energy budgets at low and high latitudes

In this section, we derive energy budgets for DWLs and use
these to investigate the effects of rotation and heating time on
high-latitude DWLs.

Brought to you by University of Maryland,

a. Theory

For the analysis of the DWL energetics, it is convenient to
define a DWL-averaged buoyancy b and a DWL thickness &
based on expressions of the form

_ 0
bh = |
z

ref

bdz and (16)

0
pbh? = —Jl bzdz, (17)
Zret

where b =b — b, is the DWL buoyancy anomaly, refer-
enced with respect to the buoyancy b,.; at some reference
level z..; below the DWL, and ¢ a shape factor that depends
on the vertical structure of the buoyancy profile. For example,
it can be shown that ¢ = 1/2 and ¢ = 1/3 correspond to the
cases of well-mixed and linearly stratified DWLs, respectively.
For comparison, it is worth noting that Fairall et al. (1996) as-
sumed DWLs with linear stratification (¢ = 1/3), whereas ap-
plying (16) and (17) to the empirical DWL profiles in
expression (17) of Gentemann et al. (2009) yields ¢ ~ 0.2-0.4
with a transition from exponential to more well-mixed profiles
depending on wind speed. In our model, ¢ changes in time
during the evolution of the DWL.
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[—— LES with LT == LES w/o LT = GOTM KC04 =— GOTM H15 = GOTM w/o LT
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FIG. 3. Comparison of LES and GOTM simulations for (a),(c),(¢),(g) buoyancy and (b),(d),(f),(h) u# component of
the velocity at the times indicated in Fig. 2. Dashed lines show LES results with (black) and without (gray) LT. Col-
ored lines correspond to different second-moment models as indicated in the legend. Inset panels in (c)—(f) show en-

larged views of the near-surface region.

Reformulating (3) in terms of b, ignoring the molecular
fluxes, and integrating the resulting equation vertically be-
tween Z,¢; and the surface, the time derivative of the relation
in (16) can be expressed as

dbh) d r . .
e _ 2 =B, +1
dt  dt Zm[bdz 0Tk

which reflects the heat budget of the DWL, expressed in terms of
buoyancy. In the derivation of (18), we have assumed that the
temporal variability of the reference buoyancy b,.r has a negligible
effect. Our idealized simulations show that the variability of b
indeed becomes negligible shortly after the DWL has formed, iso-
lating the reference level from surface buoyancy forcing.

The expression in (17) is recognized as the potential energy
anomaly E, induced by the presence of the DWL. Reformulating

(18)
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(3) in terms of b, multiplying the result by z, and integrating by
parts, yields an equation for the evolution of the potential energy
anomaly:

d . _dgbh?) _

i Fror dt

d 0 0 _
——J bzdz = —j Gdz + hi,, (19)
dt J, s

ref ref

where we again ignored the molecular fluxes and introduced

I, = h‘lLomf I,dz. In the derivation of (19), we have assumed

I(z,0) << I9 to ensure that our analysis includes the entire near-
surface region with significant radiative heating. Similar to (18),
the effect of the temporal variability of b, is found to be negligi-
ble in our simulations and has therefore been neglected in (19).

Using (18), the energy budget in (19) can thus be rear-
ranged in the form
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FIG. 4. As in Fig. 3, but for (a),(c),(e),(g) total (resolved plus subgrid-scale) turbulent momentum flux (u’w’) and
(b),(d),(f),(h) gradient Richardson number Ri.
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added near surface

entrained fluid

0
= —J Gdz, (20)
Zref

work done
by turbulence

where we introduced the entrainment velocity w, = dh/dt.

Similarly, an equation for the DWL kinetic energy can
be obtained by multiplying the momentum equations in (1)
and (2) with u and v, respectively, adding the results, and in-
tegrating from z.¢ to the surface. Ignoring again the molecu-
lar flux terms for simplicity, this yields an energy budget of
the form:
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d d (° u?+ 2 0
—E, =~ d=°-°+I k-(uXu)dz— | Pd
a1 Ex dtj S de=ul-T fk-(uXu)dz i z,

Zref ref

eay)

ref

where Kk is the upward unit vector and u® the velocity at the sur-
face. The terms on the right hand side of (21) can be interpreted
as (i) the work performed by the wind stress on the DWL,
(ii) the exchange of kinetic energy with the surface wave field
due to the effect of rotation (see, e.g., Suzuki and Fox-Kemper
2016), and (iii) the loss of kinetic energy to TKE by turbulence
shear production. Similar to the negligible effect of temporal
variations of b, in (18) and (19), we also find that the tempo-
ral variability of the reference kinetic energy, (u2; + v%;)/2,
has a negligible effect on the energy budget in (21) shortly
after the DWL has formed. Therefore, this term has been
omitted in (21).

The shear production term in (21) connects the DWL ki-
netic energy to the vertically integrated TKE equation,
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TABLE 1. Atmospheric forcing and model parameters used for the analysis of the DWL energetics.
Bunax (m* 577) By (m*s™%) Uio (ms™) Lyio (m) Ty (h) Ty, (h) 2o (m) n (m) k, (m™")
10°N 55 %1077 —2.6 X 1077 31 0.39 69.1 9.5 0.01 0.87 1.13
70°N 1.4 x 1077 -12x 1077 3.1 1.53 12.6 122 0.01 0.87 1.13

0 d 0 0 0
*J Gdz = *—j kdz + j (P+ P)dz — J edz, (22)
Cref dt Zref Cref '

Zref

which is easily derived from (12). The left-hand side of (22)
and the right-hand side of the potential energy budget in (20)
are identical, showing that the energy available for mixing
within the DWL corresponds to the fraction of the (mean
flow and Stokes) shear production that is neither dissipated
nor used to change the DWL integrated TKE. The relative
importance of the various terms in the DWL energy budgets
in (20)—(22) will be investigated in the following discussion.

b. Results

To investigate the DWL energy budgets derived above, we
compare a typical tropical case at 10°N with a high-latitude
DWL at 70°N. The results were obtained using GOTM with
the turbulence closure model of H15 that was shown to com-
pare favorably to the LES in the previous section. We used a
time step of 6 s and a grid spacing of 0.015 m at the surface,
gradually coarsening toward the lower end of the numerical
domain at 50-m depth. The atmospheric forcing and model
parameters are summarized in Table 1. For both cases, we as-
sumed that the surface buoyancy loss By due to cooling ex-
actly compensates for the radiative buoyancy supply over the
course of a day. The buoyancy forcing parameters in Table 1
were chosen to yield realistic summertime values for the peak ra-
diative heat flux I,,x for the corresponding latitudes, water tem-
peratures, and thermal expansion coefficients. For the tropical
case, the values in Table 1 correspond to I,.x = 1000 W m 2, us-
ing & = 34 X 107* K™! for tropical 30°C water temperatures.
Analogously, the parameters for the high-latitude case yield
Lnax = 680 W m ™2 with o = 1.6 X 10™* K™ ! for 10°C water tem-
peratures. Since the buoyancy flux is linearly proportional to «, it
can correspond to different heat fluxes, depending on water tem-
perature. To make our model more generally applicable, we
have therefore formulated it in terms of buoyancy rather than
temperature.

For the tropical case, as before, the period with nonzero
solar radiation was chosen as T, = 12 h (between 0600 and
1800 local time), whereas we assume 7,; = 18 h (between 0300
and 2100 local time) for the high-latitude case. The resulting
effective heating periods 7}, computed from (7), can be found in
Table 1, together with all other model parameters that were kept
constant. To determine the shortwave absorption length 7 in (5),
we varied n and compared our GOTM results for the tropical
scenario against a plot of the parametric temperature profile
from Eq. (17) of Gentemann et al. (2009), who used a more com-
plex nine-band absorption model for clear tropical waters. We
find that our simple one-band model results in a very similar ver-
tical DWL structure for n = 0.87 m, which is the value we used
for all simulations in this section (Table 1).
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The evolution of the near-surface buoyancy for the two
cases is shown in Figs. 5a and 6a. The DWL thickness /4, one
of the most important bulk parameters, is defined here by a
simple density threshold, identifying the lower edge of the
DWL with the vertical position where the buoyancy has de-
cayed to 5% of its maximum value. Figures 5a and 6a show
that this definition provides a plausible representation of the
vertical extent of the DWL for both cases.

The reference level z.¢; is chosen to coincide with the lo-
cation of the minimum buoyancy in the water column, and
b=b- b,.; is defined based on the reference buoyancy by
found at this depth. This definition guarantees that the en-
tire near-surface region affected by radiative heating is in-
cluded in our analysis.

0.0030
0.0024 _
El 0.0018 '»
N 0.0012 E
Q
0.0006
_— h (5%) |
0.0000
— 2_- — #Ex
T — -ffvuydz
mE 0+ — u’-
= _2_- -/Pdz
_4: 10—‘6 T T T T
4 X
— 27 — [Pz
7 i — -fedz
"’; O__ —— [Gdz
- —2 4 JPdz
]
-4 T T T T T
06:00 12:00 18:00 00:00
T T T T T T 1
0.087 0.174 0.26 0.347
t/Te

FIG. 5. Evolution of (a) DWL buoyancy anomaly, (b) DWL ki-
netic energy budget in (21), and (c) turbulent kinetic energy budget
in (22) for the tropical case at 10°N (Table 1). The blue line in
(a) shows the DWL thickness / computed from the depth at which
the buoyancy has dropped to 5% of its maximum value. Note
that the simulation starts at midnight (#7 = 0), and that both the
wind stress and Stokes drift point into the x direction (Tg =0and
vy = 0).
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FIG. 6. As in Fig. 5, but now for the high-latitude case at 70°N
(Table 1). Note the different scales with respect to Fig. 5.

Figure 5b shows the evolution of the kinetic energy budget
in (21) for the tropical case. During the initial DWL forma-
tion phase until approximately early afternoon, the work per-
formed by the wind, %7, is largely used to accelerate the
DWL [cf. to (d/dt)E, ] with a significantly smaller contribution
used for turbulence shear production dez. In the afternoon,
entrainment starts to become increasingly important (Fig. 5a),
and additional energy is thus required to accelerate entrained
fluid. As a consequence, the DWL kinetic energy increases at
a slower rate while shear production becomes the dominant
energy sink. After the surface buoyancy forcing collapses in the late
afternoon and evening, the entrainment rate further increases as no
more work is required to mix down buoyant fluid from the surface
(see more detailed discussion below). This point is marked by a
sharp transition in the energy budget at approximately 1800 local
time, after which (d/dt)E, becomes insignificant, and the wind
work is largely used for turbulence shear production that in turn be-
comes available for entrainment. Stokes shear production (Fig. 5c)
dominates turbulence production during the initial DWL formation
phase until approximately noon, while the exchange of mean
kinetic energy with the wave field (marked in green in Fig. 5b)
is negligible throughout the simulations.

For the high-latitude case shown in Fig. 6, the work per-
formed by the surface stress, u%7>, starts to be suppressed by
the veering of the near-surface velocity out of the wind direc-
tion shortly after the formation of the DWL. This is reflected
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FIG. 7. Evolution of (a) bulk mixing efficiency I', the left-hand
side terms in (20) at (b) 10°N and (c) 70°N, and (d) shape factor ¢
computed from (16) based on & from the 5% density threshold
with the values of Fairall et al. (1996) and Gentemann et al. (2009)
as dashed gray lines. Note the different axes scales in (b) and (c).

in a late-morning peak of the wind energy input, and a subse-
quent monotonic decay down to negative values (energy loss)
around 1400 local time (Fig. 6b). Therefore, starting from the
early afternoon, the pool of DWL kinetic energy built up dur-
ing the initial DWL formation in the morning becomes an in-
creasingly important energy source [(d/df)E, <O0] to feed
turbulence shear production in the afternoon. Comparison
with Fig. 5 shows that due to these effects, the integrated
wind work is approximately a factor of 5 smaller compared to
the tropical case. Due to the overall strongly reduced energy
turnover, the extraction of energy from the wave field due to
Coriolis effects (green line in Fig. 6b) becomes significant in
the mean kinetic energy budget, and Stokes shear production
P, exceeds Eulerian shear production P in the TKE budget.
The net effect of the reduced turbulence production due to
rotation is a complete collapse of entrainment after the initial
DWL shoaling in the morning (blue curve in Fig. 6a).

To investigate the extent to which the strong surface buoy-
ancy forcing and the stratification inside the DWL affect the
energetics of turbulence, we computed the bulk flux coeffi-

cient, I' = —LO Gdz/ LO edz, and find strong differences be-
ref ref

tween tropical and high latitudes. As shown in Fig. 7a, for the
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tropical case we find I' =~ 0.15 during the late afternoon and
evening, close to the popularly used value of I' = 0.2. At high
latitudes, however, I' only reaches positive values during the
time of strongest buoyancy forcing and the values are small
compared to the tropical case. At later times, convection near
the surface dominates the integral of the buoyancy produc-
tion, causing it to change signs.

The different contributions to the potential energy budget
in (20) for the tropical and high-latitude cases are compared
in Figs. 7b and 7c, respectively. During midday, in both cases,
the largest fraction of the work performed by turbulence
against gravity is used to mix down near-surface buoyant
fluid generated by solar heating. According to (20), the
ratio Th/(lgqo) determines to what extent the work required
for this process is reduced by the penetration of shortwave
radiation. If all shortwave radiation is absorbed at the
surface (n = 0), this ratio is zero. We find I,/(I}¢) = 0.53
and I,/(I}p) = 0.44 at midday for the tropical and high-
latitude cases, respectively, suggesting that penetrating short-
wave radiation strongly impacts the DWL potential energy
budget.

Figures 7b and 7c also show that the first hours after the
initial generation of the DWLs are characterized by
“detrainment” (w, < 0) due to the restratifying effect of
the increasing solar radiation. For the tropical case, w,
changes sign in the late morning, and around 1400 local
time the work required for the entrainment of dense fluid
at the DWL base finally becomes the dominating term in
the potential energy budget. This is in strong contrast to
the high-latitude case, in which entrainment never be-
comes an energetically relevant factor.

Beyond the work required for DWL deepening, turbulent
mixing may also act to change the vertical DWL buoyancy
structure. The energetic implications of this third type of en-
ergy conversion in (20) can be quantified by considering
changes in the shape parameter ¢, which is easily computed
from (16) and (17) after determining the DWL thickness &
from the 5% buoyancy threshold discussed above (see blue
lines in Figs. 5a and 6a). Figure 7d shows that during the
morning and early afternoon, this parameter starts close
to ¢ = 1/3, but increases to larger values over the course of
the day, reflecting the tendency toward a more well-mixed
DWL especially in the evening due to the decreasing solar
buoyancy forcing. For comparison, the parametric tempera-
ture profiles in Gentemann et al. (2009) for this wind speed
yield a constant ¢ ~ 0.25, whereas the model of Fairall et al.
(1996) corresponds to a constant ¢ = 1/3. These differences
in ¢ between our model and the models of Fairall et al.
(1996) and Gentemann et al. (2009) can be largely attrib-
uted to the thin near-surface convective layer generated by
penetrating shortwave radiation in our simulations, which is
not represented in the models of Fairall et al. (1996) and
Gentemann et al. (2009). Figures 7b and 7c show that the
work required for this partial homogenization of late-stage
DWLs becomes significant only for the high-latitude case,
where it dominates the potential energy balance during the
afternoon.
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5. Key parameters and DWL parameterization

a. ldentification of dimensional and
nondimensional parameters

The evolution and physical properties of the DWLs in our
idealized simulations are affected by a number of indepen-
dent dimensional parameters, imposed by the atmospheric
forcing and the properties of the surface wave field. The for-
mer includes the constant wind stress, quantified here with
the help of the friction velocity u, (or, equivalently, the wind
speed Uyy), and the parameters describing the idealized buoy-
ancy forcing shown in Fig. 1: the maximum total buoyancy
flux at midday Bpax, the (constant) buoyancy loss at the
surface By, the heating period T}, and the period of the peri-
odic forcing T,,. For penetrating shortwave radiation, the ver-
tical absorption scale m in (5) has to be considered as an
additional parameter.

The surface wave field affects the problem through the sur-
face Stokes velocity u® and a vertical decay scale that is deter-
mined by the peak wavenumber k,. Note that the same two
dimensional parameters would also appear for the simpler
case of monochromatic waves (Kukulka et al. 2013). How-
ever, in the equilibrium wave model of Li et al. (2017) used in
our study, both «? and k, depend on the wind speed through
(8) and (9), and therefore do not constitute independent di-
mensional parameters.

Finally, as all model parameters of the turbulence model
are nondimensional, no additional dimensional parameters are
introduced, with a single exception: the upper boundary condi-
tion for the turbulent length scale / in (A9) involves the sur-
face roughness length z, that we consider in the following as
an additional independent parameter.

The most relevant velocity scale in our problem is the fric-
tion velocity u., which can be used to define the relevant
length scale, L = u3/B__[note that this length scale is directly
proportional to the Monin-Obukhov scale, Ly, = u3/(kB),
evaluated at midday]. If we chose, in addition to u, and L, the
heating period T}, shown in Fig. 1 as the relevant time scale,
we can nondimensionalize the key variables of our problem
(Table 2), and derive nondimensional versions of the transport
equations of momentum and buoyancy in (1)-(3). From
these nondimensional transport equations, it is straight-
forward to identify two key nondimensional parameters
of the problem. The first is the nondimensional Coriolis
parameter, f:fTh = 27T, /T,, which measures the ratio
of the heating period and the inertial period 7. The sec-
ond parameter,

u?

R =
T.B_ ~°

h™~ max

(23)

compares the destabilizing effect of the wind stress u? to the
stabilizing effect of the total buoyancy supply during the heat-
ing period (which is proportional to T},Bax). For simplicity,
we ignore the molecular transport terms in (1)—(3) for our di-
mensional analysis, as their effect is only marginal in our
simulations.
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TABLE 2. Definition of nondimensional variables denoted by the hat (") symbol.
z= ui 3 1= Thf u,v= u*ﬁ’ u.o Ug, vy = u*ﬁs’ u*ﬁs b= maxE k= Lt%/g
Bmax U
3 = A 4 4 _ A N
= 3 i e Bmaxa v, = U ﬁ, Vﬁ) _ U ﬁﬁ) [b - Bmaxlb f = L
Bmax Bmax Bmax Th

Additionally, the buoyancy flux ratio By/Bn.x and the time
scale ratio 75/T, appear as independent nondimensional parame-
ters in our model for the buoyancy forcing in Fig. 1. To reduce
the number of free parameters and allow for quasi-periodic solu-
tions, we will assume in most of the parameter studies that the
daily average of the total buoyancy flux is zero, i.e., that the in-
coming solar radiation is exactly compensated by the net surface
buoyancy loss ByT),. With this constraint, By and By are no lon-
ger independent:

B T
——max — —_P _q, 24)
B, 27,
and combining (7) and (24) thus yields
T, 2T 2T
h_~td d
—t = ——Larccos|—=2|, (25)
Tp T Tp (Tr Tp)

revealing a direct one-to-one relation between the time scale
ratios 7,/T, and T,/T,. The final nondimensional parameter
associated with the buoyancy forcing is the nondimensional
absorption scale, 1) = n/L.

Finally, as pointed out in the context of (8) above, the wave
model of Li et al. (2017) predicts a constant value of the Lang-
muir number La = (u,/u?)"? = 0.3. The second nondimen-
sional product in this wave model is the nondimensional peak
wavenumbcar, IEP = ka, which, from (8) and (9), can be re-
written as k, <u,/(CgB, ), suggesting u./(CgB, . ) as the
only independent nondimensional parameter arising from the
surface wave model.

The surface roughness length, z,, which represents the
length scale of turbulence at the surface, transforms into the
nondimensional roughness parameter Z, = z,/L.

All nondimensional parameters present in this study are
summarized in Table 3. We carefully checked that different
numerical solutions indeed collapse if all nondimensional pa-
rameters are kept constant and all variables are nondimen-
sionalized as in Table 2.

b. Nondimensional PWP86 model

A frequently used model to describe DWL bulk parameters
has been formulated by PWP86. These authors used a vertically

TABLE 3. The nondimensional parameters. Note that the
variability of some parameters appearing in parentheses is
restricted on our model.

R f=rr, L B,
T)B, s T, B
s %0 PO (La = 0.3) 2 Uy
2, =2 == k, o
0 L L P ngBmax
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integrated mixed layer model with a simple parameterization
for entrainment (Pollard et al. 1973), forced, as in our study,
with a constant wind stress and a surface buoyancy forcing iden-
tical to that shown in Fig. 1. Based on a scale analysis of their
model equations, PWP86 suggested simple scaling relations for
the DWL thickness /4, buoyancy anomaly b [as defined in (16)],
and velocity anomaly, V = /(#? + ), with

_ 10~ __10
M—EJ; iidz, U—EJ;

ref ref

vdz (26)

andit =u —u ., 0= o> all evaluated at the peak buoy-
ancy flux (i.e., at noon). Converted to the notation used in our
study, and expressed in nondimensional form, these scaling
relations can be written as

V— UV

~ h _ N
h= 7= @R 2E(f), (27)
2 bu, —12 ¢ -1

b= g - @R F(f) (28)
-2 Vv

V=-—=aR" (29)

where ay, a,, and a; denote nondimensional model constants,
and F is a nondimensional model function accounting for the
effect of rotation:

1

F(f) = 7 [2 — 2 cos(f/2)]"2. (30)

Note that only two of the nondimensional parameters identi-
fied in the previous section, R = u?/(B,, T),) and f, appear in
the PWP86 model. The expressions in (27)—(29) apply only for
the special case n = 0, i.e., if all shortwave radiation is ab-
sorbed at the surface. In section 5d, we will suggest a possible
generalization for the case of penetrating shortwave radiation.

c. Parameter space studies

Before we tested the scaling relations by PWP86 over a
wide parameter range, we performed parameter space studies
for the nondimensional parameters T},/T,, B,/B .., Z,, and
I%p that are not included in the PWP86 scaling. Here, we set
7 =0 for simplicity, varied R over the physically relevant
range from R = 107* to 1072, and individually tested the im-
pact of the above nondimensional parameters. For this pa-
rameter space study, we again used the closure model of H15
with the same time step and the same number of grid cells as
in section 4. However, the depth of the water column was
now automatically adjusted to 10 times the DWL thickness at
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midday to ensure that the lower edge of the numerical do-
main had no significant impact on the results.

As shown in Fig. 8, we find that the nondimensional param-
eters T,/T,, By/B,,,., Z,, and l%p hanA: a negligible impact on
the nondimensional DWL thickness /# (and also on the other
DWL bulk properties not shown here for brevity but included
in section 2 of the supplemental material). We note, however,
that the parameters 7T},/T, and By/By,a.x may have a larger im-
pact for longer simulation periods of several days, where
they may affect the nighttime DWL reset and thus the quasi-
periodic evolution of the surface layer structure. Similarly, the
peak wavenumber k may become relevant for nonequili-
brium wave fields, especially for conditions when long-wave
swell induces a larger penetration depth of the Stokes shear
(Kukulka et al. 2013).

To test the scaling relations by PWP86, we performed a pa-
rameter space study using H15, consisting of 200 model runs,
in which we varied R from 107 to 102 and f from 0 to 4.95
(or, equivalently, T},/T from 0 to 0.79).

We especially focused on the model performance in high-
latitude regions (7,,/Ty > 0.5), which are not well explored at
the moment and for which the model assumptions of PWP86
are uncertain. We again assume surface absorption (7 = 0),
and that the daily average of the total buoyancy flux is zero
(Bo/Bmax = —0.466, T},/T,, = 0.4). The roughness length is set
to 2, = 0.01.

In Fig. 9, we show simulation results for the nondimen-
sional DWL thickness h, bulk buoyancy b, and bulk velocity
V att = T,/2,i.e., at midday. These quantities are normalized
by the PWP86 scaling relations in (27), (28), and (29), respec-
tively, to reveal the variability of the model parameters
ay, a, and as. Figure 9 shows that the performance of the
PWP86 scaling is generally excellent, except for a weakly
forced regime with R 57X 107" (weak winds and strong
buoyancy forcing), where a strong variability in the PWP86
model parameters suggests that their scaling fails (blue dashed
line in Fig. 9).

A more detailed analysis showed that turbulent and molec-
ular diffusivities become comparable in this regime, and that
Ri at the DWL base becomes much larger than the critical
value for shear instability, indicating an absence of turbulent
entrainment. It is worth noting that Hughes et al. (2020) stud-
ied this regime in more detail, based on high-resolution obser-
vations and a 1D model with a simpler turbulence closure
without LT but similar radiative and atmospheric forcing pa-
rameters. From their simulations, these authors identified a
critical wind speed of Ujp = 2 m s~! below which turbulent
mixing does not occur. This is equivalent to R = 6.6 X 10~*
for the buoyancy forcing used in their study, and therefore
consistent with the more generally applicable nondimensional
threshold suggested by our simulations with a more advanced
turbulence model that also included Langmuir effects. Over-
all, this indicates that molecular effects become significant in
this regime, suggesting that the Reynolds and Prandtl num-
bers are additional relevant nondimensional parameters that
have to be considered. As the effects of these parameters are
not accounted for in any of the high-Re models used in our
study, we do not investigate this regime any further here.
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FIG. 8. Nondimensional thickness 4 for constant T,/Ty = 0.14 as
a function of R = u3/(B,, T,) for different values of (a) the time
scale ratio 7;,/T,, (b) the flux ratio By/Bmax, (¢) the nondimensional
surface roughness Z,,, and (d) the nondimensional peak wavenum-
ber k . All other nondimensional parameters are kept fixed at
T,/T, = 0.4, By/Bmax = 0.466, and 2, = 0.01, respectively. The blue
dashed line shows the critical threshold for the collapse of DWL
turbulence, R = 7 X 10™*, which is discussed in detail further
below.

We determined the model constants ay, a,, and as by calcu-
lating the mean of the PWP86-scaled model results shown in
Fig. 9, excluding regions with R < 7 X 10~*. Table 4 shows
that the revised constants suggest a more than 30% increase in
the DWL thickness (and a correspondingly smaller buoyancy/
temperature anomaly) compared to the original values by
PWP86, which is significant for many applications. Most im-
portantly, differences between DWL bulk parameters from
our GOTM simulations and those predicted by the (revised)
PWP86 model rarely exceed 10% (with largest deviations ob-
served at large 7,/T;) across the entire parameter range.
Table 4 also shows that simulations without LT (not discussed in
detail here) result in DWLs that are approximately 10% shal-
lower and have a correspondingly larger buoyancy contrast.

The PWPS86 scaling relations were originally proposed to
predict DWL properties at the solar radiation peak (t = 7,/2).
More relevant for many applications, including the interpreta-
tion of SST snapshots from satellite data, atmosphere—ocean
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FIG. 9. DWL properties as functions of R =u?/(B_, T,) and T,/ T, = f/(2m). Shown are midday values of (a) DWL thickness,
(b) DWL bulk buoyancy, and (c) DWL bulk velocity, normalized by the PWP86 scalings in (27)—(29). This implies that the results shown in
(a)—(c) correspond to PWP86 model constants a;. The blue line shows the critical value of R below which DWL turbulence does not occur.

coupling, and ecosystem applications, are, however, often the
DWL properties at the peak of the DWL buoyancy or tem-
perature anomaly in the afternoon. The timing of this peak
cannot be determined from the PWP86 scaling. We therefore
identified the (nondimensional) time #y,ax/7), of the maximum
buoyancy anomaly numerically from our simulations.

Scaling our simulations at ¢ = f,,,x with the expressions of
PWPS86 (see section 2 of the supplemental material) suggests
that the PWP86 scaling also provides an excellent representa-
tion of the DWL bulk properties during the buoyancy peak in
the afternoon, provided the model coefficients a;, a,, and as
are appropriately adjusted. The values in Table 4 show that
the DWL thickness and the buoyancy anomaly have increased
by 29% and 47%, respectively, compared to midday, illustrat-
ing a strong modification of the DWL during the early after-
noon. The small variability of the model coefficients in Table 4

TABLE 4. Model constants a,, a,, and a3 of the PWP86 model
appearing in (27)—(29). The original constants of PWP86 were
converted to our notation according to: a; = 0.45 X 22 = 0.63,
a, =15 x27¥ =053, and a3 = 1.5 X 272 = 1.06. The factor
1/2 arises from the relation T, = 2Py, where P is the heating
period in the notation of PWP86. The ranges given in the table
correspond to the maximum deviations across the entire parameter
range. Standard deviations (not shown) are considerably smaller.
Here, t,,, is the time of maximum buoyancy anomaly. All simulations
were conducted for the case 1) = 0.

t=T,2

[ = Imax

PWP86 With LT Without LT With LT Without LT

a; 063 084 x0.07 07501 1.08=*0.03 1.01 = 0.05
a, 053 038 *£0.03 042 *=0.05 0.56 £0.05 0.59 = 0.05
a; 106 1.15*0.15 1.30 %02 1.3 =05 1.3 =05
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supports the applicability of the PWP86 scaling also for this
case, except for the diurnal jet, which shows a strong depen-
dency on T)/Ty especially for large values of this parameter.
We attribute this to the effect of the pronounced inertial oscil-
lations at high latitudes that are not well represented by the
scaling of PWP86. The good performance of the scaling of
PWP86 for the depth and bulk buoyancy at this point in time
is a surprising result, as we found that the model assumption
of a constant bulk Richardson number Ri, = bhIV® = 0.65,
which is the basis of PWP86, is not valid any more at high lati-
tudes due to the decrease of V in the afternoon.

Figure 10a shows that the timing of the afternoon buoyancy
peak is relatively robust, generally observed between 1500
and 1630 local time with a shift toward later times for larger
T,/Ty. We attribute this shift to the suppression of entrain-
ment of colder bottom waters due to stronger rotation effects
at higher latitudes and/or a larger total buoyancy flux for
larger 7). A similar shift toward later times is observed if the
shortwave absorption scale 7 is increased (Figs. 10b,c), which
results in a larger DWL thickness and therefore more time re-
quired to heat up the DWL to its maximum temperature.
Overall, however, the buoyancy/temperature peak is observed
in the same range 1500-1630 local time for all absorption
scales we investigated.

d. Effect of penetrating shortwave radiation

To investigate the first-order impacts of penetrating short-
wave radiation in the scaling of PWP86, we carried out a pa-
rameter space study similar to that shown in Fig. 9. Now,
however, we varied R and #) over the physically relevant
ranges R = 10*-1072 and 4 = 0-5 at two different latitudes.
We chose T,/Ty = 0.14 and 0.74, corresponding to our stan-
dard tropical and high-latitude cases from section 4, while
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FIG. 10. Nondimensional time ¢ = #,,/T), for varying R and T},/T (the contour line labels show the time in hours of the day) for (a) 1) = 0,
(b) h =2,and (c) 1) = 4.

keeping the other nondimensional parameters constant at
T,/T, = 0.4, Bo/Bax = —0.466, and Z, = 0.01.

For the scaling, it appears physically more intuitive to relate
the shortwave penetration depth 1 to the DWL thickness #,
which yields m/h (rather than 4} = n/L) as the key nondimen-
sional parameter. Figure 11c shows that n/k always stays well
below 1 for the range of 7 chosen in this study, which means
that all the heat from the surface buoyancy flux is absorbed
well within our definition of the DWL depth. Following the
suggestion of PWP86, we parameterize the increase in thick-
ness A due to an increase in n by multiplying the correspond-
ing PWP86 expression in (27) with a function J that depends
on fz/ﬁ. We suggest

J(h17) = (1 — A, e )02, (31)
where A, = 6.9 was obtained from fitting [the original prefac-
tor of PWPS86, (I) — B,)/I{, did not yield acceptable results].

The modified PWP86 scaling that includes the effects of ab-
sorption is then given as

h = a,R™2F(f)I(hIF), (32)
b = a,R™V2F(F) I (h/m) ", (33)
V = a,R"2I(h17) ", (34)

where the model constants a; remain unchanged for consis-
tency with (27)—(29). As  is unknown, (32) forms an implicit
nonlinear equation that needs to be solved numerically. Alter-
natively, 4 appearing on the right-hand side could be approxi-
mated by the original expression in (27). Table 5 shows the
maximum deviations from the standard model constants a;,
and thus the model uncertainties, based on (32)—(34). The var-
iability of the parameters in Table 5 suggests that the modified
PWPS86 scaling captures the effect of penetrating shortwave
radiation with good accuracy for the tropical case. For the
high-latitude case, however, the agreement is only moderate,
suggesting the need for a more detailed analysis of the effect of
penetrating radiation in high-latitude DWLs. For the according
plots, please see section 2 of the supplemental material.

Brought to you by University of Maryland,

Beyond its impact on the bulk DWL properties, our simu-
lations also showed that penetrating shortwave radiation
strongly affects the near-surface structure of the DWL buoy-
ancy and velocity profiles. If n > 0, many of our simulations
showed the evolution of a thin convective layer immediately
below the surface. The overall effect of this additional mixing
is a reduction of the surface buoyancy, similarly to the ob-
served reduction caused by LT (see Fig. 3), suggesting that the
two processes interact. In the following, we therefore investi-
gate the combined effects of penetrating shortwave radiation
and LT on the surface buoyancy b° and surface velocity V°,
both nondimensionalized here by the corresponding bulk values
band V.

Figures 11a and 11b shows the variability of these variables as
a function of the stability parameter R for a tropical 7;,/T; = 0.14
and different combinations of simulations with and without LT
and various values of 7). As before, the other nondimensional pa-
rameters are kept fixed at 7;/T, = 0.4, Bo/Bnax = 0.466, and
Z, = 0.01. While the bulk values show a change of only 10% re-
sulting from LT (see Table 4), the surface values are influenced
much more strongly by LT across the entire parameter range.
The ratio VO/V is reduced to roughly half when LT is included
(Fig. 11b), which is in line with the strong reduction of the surface
velocity visible in both the LES and the model of H15 in Fig. 3.
The additional mixing due to LT results in a related reduction of
the surface buoyancy only for the case with n = 0 (Fig. 11a),
while, surprisingly, LT increases the surface buoyancy for the
cases with 7 > 0. In these cases, the near-surface buoyancy is
characterized by unstable thermal stratification (convection) such
that the additional mixing associated with LT now brings warmer
(less buoyant) fluid to the surface. For comparison, the linear
DWL buoyancy profile assumed in Fairall et al. (1996) yields a
constant b°/b = 2, while the parametric profiles of Gentemann
et al. (2009) predict b°/b = 3.4-1.3 for increasing wind speeds
(similar to our results with moderate absorption coefficient
) =2and LT).

6. Discussion and conclusions

Based on state-of-the-art second-moment turbulence model-
ing, and supported by turbulence-resolving LES, we have shown
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—— A=0.0With LT —— #=0.0 w/o LT TABLE 5. Model constants a;, a,, and a3 at t = T,/2 of the
—= {i=2.0 with LT —— }4=2.0 w/o LT modified PWP86 scaling relations in (32)—(34), evaluated for two
—— fi=4.0 withLT —— /=4.0 w/o LT different latitudes.
10°N 70°N
ay 0.83 £ 0.14 0.83 £0.3
a 0.38 + 0.05 0.38 0.2
as 1.20 = 0.3 120 = 0.4

T T T T T
0.002 0.004 0.006 0.008 0.010

T
0.000

R

FIG. 11. Nondimensional DWL surface properties as functions of
R=u(B,, T,) for different 9 with and without LT. Shown are
midday values of (a) surface buoyancy scaled by bulk buoyancy,
(b) surface velocity scaled by bulk velocity, and (c) absorption co-
efficient scaled by DWL depth. The cyan dashed line shows the
critical value of R below which our DWL models are no longer ap-
plicable due to molecular effects.

that LT strongly impacts the DWL energetics, mainly by reduc-
ing the work performed by the surface stress and partly compen-
sating this effect by Stokes shear production. Surface buoyancy
and surface velocity are strongly reduced under LT, even under
weak winds, which has important implications for air-sea ex-
change in coupled models. With an average increase in DWL
thicknesses of only around 10%, the impact of LT on DWL bulk
parameters, however, turned out to be moderate. We attribute
this largely to the equilibrium wave model used in our study.
Although equilibrium wave fields are typical in many situa-
tions, it is worth noting that previous LES studies with
monochromatic nonequilibrium waves, focusing on swell
effects (Kukulka et al. 2013), have shown a stronger impact
of LT on DWL properties. Under nonequilibrium wind and
wave conditions and deviations from a fixed La = 0.3, the
scaling coefficients that were derived in section 5 may have
to be adjusted.

Dimensional analysis and the parameter space studies in
section 5 showed that the most relevant nondimensional
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parameters among those compiled in Table 3 are the follow-
ing three: the stability parameter R = u2/(B_, T,), the time
scale ratio T}/T}, and the shortwave radiation absorption scale
7) = n/L. Parameterizations that do not independently ac-
count for these parameters are unlikely to be generally appli-
cable. For example, the recent DWL model of Wang et al.
(2023) only considers a single nondimensional parameter,
l?o o ( f R)’l, and is therefore not applicable outside the range
of latitudes and optical water properties for which it was cali-
brated. Similarly, Gentemann et al. (2009) suggested a para-
metric temperature profile with a direct dependency on the
wind speed, but neglected the changes in entrainment at high
latitudes. An interesting topic of future research might there-
fore be the development of parametric DWL profiles with
a dependency on the relevant nondimensional parameters
R, Th/Tf, and ﬁ

As shown in section 5, however, the three key parameters
identified above do appear independently in the frequently
used DWL scaling relations of PWP86. We showed that their
model reliably predicts the most important DWL bulk param-
eters across a wide parameter range with our different sets of
revised model coefficients that include the deepening of the
DWL due to LT and other aspects of our more advanced turbu-
lence model. We suggest a simple model extension to also ac-
count for the effects of penetrating shortwave radiation, which,
however only yielded good agreement with our simulations for
tropical DWLs, pointing at future work for a reliable description
of high-latitude DWLs. One caveat of PWP86 applies to the low-
energy regime with R = u2/(B_, T,) <7 X 10~*, where molec-
ular effects become important, and the high-Reynolds number
models and parameterizations used in this study are no longer
applicable. Direct numerical simulations appear to be the only vi-
able approach to explore this parameter range, which is relevant
especially for very thin DWLs with weak wind forcing and strong
buoyancy forcing.

The excellent performance of the simple PWP86 scaling re-
lations was a somewhat unexpected result as our parameter
space also included high-latitude DWLs for which the PWP86
modeling assumption of a constant bulk Richardson number
formally breaks down. In view of increasing ice-free areas at
high latitudes and strong DWL temperature anomalies al-
ready observed at high latitudes (Jia et al. 2023; Eastwood
et al. 2011), it is likely that the physics of these DWLs (e.g.,
Sutherland et al. 2016) will receive increased attention in the
future.
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APPENDIX A

Second-Moment Turbulence Models

The turbulent diffusivities v, v$, and v” appearing in

(10) and (11) are assumed to be related to the turbulent ki-
netic energy k and a turbulence length scale / according to

vy =c kPl v = kPl vl =kl (A1)

The stability functions c,,, ci, and cZ are essential for the
representation of the effects of shear, stratification, and LT
on the anisotropy of turbulence.

Our analysis in sections 4 and 5 is based on the stability
functions of H15 that constitute an improved version of an
earlier model by Harcourt (2013) and are considered state of
the art for the integration of LT effects in second-moment
closure models. Note that the stability functions in (Al) are
presented using the notation of the generic length scale
(GLS) framework (Umlauf and Burchard 2003). They are re-
lated to their equivalents in Mellor-Yamada notation (see
H15) as ¢, =225, ¢§ = 2285, and ¢, =225,

H15 showed that if LT effects are included, c,, ci, and cﬁ
are polynomial functions of the nondimensional time-scale
ratios Nkle, Skle, S.kle, and S;kle, where S, and S, defined
in (15) represent the direct impact of Stokes shear on the
stability functions that was ignored in earlier models of LT
[the full expressions for the stability functions are shown
in (33) of H15]. One example of these earlier models is
the one of KCO04 that is based on the original stability
functions of Kantha and Clayson (1994), ignoring LT ef-
fects. In this case, we have vf =0, and the expressions for
the shear production terms in P and P; in (13) and (14)
simplify accordingly.

Following work by KC04 and H15 on the parameteriza-
tion of LT effects on the turbulent length scale /, we com-
pute this quantity from a modified Mellor-Yamada-type
transport equation for the variable k/. These authors sug-
gested to include an extra Stokes production term, analo-
gous to the TKE budget in (12), in the original k- equation
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of Mellor and Yamada (1982), leading to an expression of
the form:

dkl
— =D, + lcy P + ¢, P, + ¢;G — c,Fe),

o (A2)

where the wall function F =1 + CF[I/(KLZ)]Z (here, « is the
von Karman constant and L, the distance from the surface)
is required to reproduce the logarithmic wall layer distribu-
tion close to the surface. D; summarizes the vertical trans-
port terms, and c¢;—c;4 and cr denote nondimensional model
constants (or functions) discussed in more detail below. The
conversion relations between our notation and that origi-
nally used by KC04 and H15 are summarized in Table Al.
The dissipation rate & follows from the cascading relation

o K2
&= (C“ T, (A3)
with c‘; denoting the value of c, in the logarithmic wall
layer (Umlauf and Burchard 2005).

As an alternative to the transport equation for k/ in
(A2), we also computed some of the solutions based on the
k-® model by Umlauf et al. (2003), solving (12) combined
with an equation of the form
—=D, + %(%P + e P+ ;G —c8), (Ad)
where o denotes an inverse turbulence time scale de-
fined as

w=(ch) ek, (A5)
Similar to (A2), the transport equation for w in (A4) in-
cludes a Stokes production term recently suggested by Yu
et al. (2022) to account for LT effects. The term D, de-
notes again the turbulent transport terms, and c¢,1—C,4 are
nondimensional model constants (see Table Al).

The transport terms Dy, D;,, and D, appearing in (12),
(A2), and (A4), respectively, are modeled by downgradient
expressions:

d( 0k ] ,akl) a( oo
=—|vf=| D,=—(vi—) D,6=—|v'— A6
ko oz (V‘ az)’ Loz (V‘ az) e az\"raz) (A6)

TABLE Al. Nondimensional model constants as in (12), (A2),
and (A4). The asterisk is only for KC04; for H15, these change
according to (A7). The dagger symbol indicates cﬁ*“’ =c, /oy,
with oy, = 2.0.

GLS notation KC04 and H15 notation )
cn 0.9 E1 = 2C1 1.8 Cwl 0.55
Cp 0.5 Ez = 2C2 1.0 Cw2 0.83
C3 2.4 E3 = 2C3 4.8 Cwa— —-0.52
Cia 3.0 E6 = 2C4 6.0 Cwpa 0.15
cr 1.45 Ey = 2cr 2.9 — —
ck 028 S, =27""ck 0.2% t
c, 028 S, =27"¢, 0.2* t
<, 055 B, =2"%(c%)7° 166 0.55
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where vF = ckk!2l, v = L k"1 and vy = cok'?l are turbu-
lent diffusivities, and c’,‘u ciL, and ¢y the corresponding sta-
bility functions.

The model parameters ¢;; and cp, and similarly ¢, and
Co2 for the k—w model (all compiled in Table Al) are well
constrained by classical data for unstratified shear layers
and decaying turbulence (e.g., Umlauf and Burchard 2003).
The parameters c;;3 and c,3 determine the entrainment rate
in stratified turbulent boundary layers. Their values follow
from a condition on the so-called steady-state Richardson
number, Rig = 0.23, corresponding to the value of the
Richardson number Ri in the entrainment layer at the base
of the turbulent surface layer (Umlauf and Burchard 2005).
Note that ¢3 = 2.4 is close to the value ¢;3 = 2.5 used by
H15. We also follow the suggestion by H15 to limit the ver-
tical length scale by the Ozmidov scale, L, = (eN~3H)2,
Likewise, we use E,=1.33(1+ 0.5La ?)!® =29 with a
Langmuir number of La = 0.3 to account for the modified
near-surface slope of the turbulent length scale due to LT.
For our simulations without LT effects, this expression re-
duces to the traditional value E; = 1.33.

The most important model parameters in (A2) and (A4)
in the context of LT are those multiplying the Stokes shear
production terms, respectively. For the k-/ equation, we
adopt H15’s value Eg = 6, corresponding to ¢y = 3 in GLS
notation. Note that this value is close to the revised Eg = 7.2
obtained from comparison to field measurements (see Kantha
et al. 2010) of KC04. For the A~ model, we follow Yu et al.
(2022) and choose ¢4 = 0.15.

For H15, the stability functions for the transport terms in
(A6) are defined as

S, =8, =1[02%+ (0.415,)"]"%,

, (A7)

to account for the enhanced transport due to LT (here, Sy is
the stability function for the turbulent diffusivity of heat, cﬁ in
our notation). In the original model of Kantha and Clayson
(1994) without LT effects, and in KC04, the stability functions
reduce to constants. KC04 suggested S;/S, = 3.7 but, similar to
Harcourt (2013), we find that S; = §, = 0.2 is more in line
with the LES results. For the k~~» model, the stability functions
cﬁ and ¢, are chosen proportional to ¢, (see Umlauf et al.
2003) with constant proportionality factors expressed in terms
of the turbulent Schmidt numbers o and o, (see Table Al).

Finally, we use the following boundary conditions for
(12) and (A2):

)
k=(uo—)2atz=0,%=0atz=—oq (AS8)
c
I
[ = kz,at z =0, =0atz=—oo, A9
0

az

where z, is the surface roughness length. For the upper
boundary, these boundary conditions follow from the classi-
cal law-of-the-wall relations (see Umlauf and Burchard
2005). Please note that we do not consider the injection of
TKE by breaking surface waves. A more detailed discussion

Brought to you by University of Maryland,

SCHMITT ET AL.

1053

of how z, affects the class of models used in our study with
and without wave breaking can be found in Umlauf and
Burchard (2003).

APPENDIX B

Large-Eddy Simulations

The three-dimensional Craik-Leibovich equations for the
grid-filtered Eulerian velocity components U; and buoyancy
B are numerically solved in the LES as follows:

aw; _
ox; ’
DU, oTl U,
Tll = (U + w)lfy + eujo, — a_xl + Bz +v ax%l
87355
ax; ’
sgs
DB _ _ 0B »PB_ 997 (B1)
Dt Tox; axf ox;

Here, oy is the vorticity and D/Dt = 0/t + U;dlox;. The gen-
eralized pressure (IT) is defined as
p . 2e

1 )
=2+ 24 (U, + wl — U,
Py 3 2

where p is the dynamic pressure and e is the subgrid turbu-
lent kinetic energy. A Poisson equation derived by taking
the divergence of the momentum equation in (B1) is solved
to obtain the modified pressure (p/py + 2e/3) using a multi-
grid method.

To compute the subgrid stresses 7,° = —v (0U,/ox; + U fox,)
in (B1l), we use the subgrid parameterization in Ducros et al.
(1996) to obtain the subgrid viscosity v

Vi = 0.0014C1’<3/2Af(ﬁ(23))1/2 (B2)
where the Kolmogorov constant Ck is set to be 0.5 and A
is the grid filter width. Here, F(23) is the second-order struc-
ture filtered function obtained after applying a high-pass fil-
ter in the horizontal directions to eliminate the larger scales
of the field as follows. First, the high-pass filter is applied
three times sequentially to the LES velocity to obtain an
explicitly filtered velocity, denoted by U. Then, the second-
order structure function F 53) is calculated from the filtered
velocity field U using the four neighboring points in the
horizontal directions as follows:

O —lag O D . — O 1P
(Fz )i’i’k - Z(”UHLj,k Ui,j,k” Uik Ui,j,k” e
+

||Ui,j+1,k - Uf,j,kﬂz + ”U,‘,jfl,k - Ui,j,k||2)~ (B3)
The subscripts i, j, and k in the equation above indicate the
grid indices in the x, y, and z, directions, respectively. A
unity subgrid Prandtl number is used to calculate the subgrid
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buoyancy flux Q7¥. Further details of the numerical method
used in the LES can be found in VanDine et al. (2020) and
Pham et al. (2023).

The computational domain is a rectangular box with di-
mensions of 64 X 64 X 72 m in the x, y, and z directions,
respectively, using a grid size of 256°. The grid is uniform
in the horizontal directions with a spacing of 0.25 m. We
use a fine vertical grid spacing of 0.05 m at the surface, and
mildly stretch the grid at a rate of 3% in the region below.

The LES is initialized with zero velocity and a fixed buoy-
ancy value throughout the domain. Periodicity is enforced at
the horizontal boundaries. The wind stress components, 7"
and 'rg, and the surface buoyancy flux B, are applied at the
top surface as implemented in the second-moment turbu-
lence modeling approach. Homogeneous Neumann boundary
conditions (zero gradients) are used at the bottom boundary
for the horizontal velocity components and buoyancy while
the vertical velocity component is set to zero at the bottom.
A sponge layer is set up in the bottom 20 m to absorb possi-
ble fluctuations excited by turbulence in the surface layer.
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1 Empirical Wave Model

Based on a simple model spectrum, Li et al. (2017) showed that the vertically averaged Stokes

velocity,
1 0
Us = — sd * ; 1
T Z/z usdz (1)

can be described in the following form:

0.151 0.0591
s ~ul<0.71 T
U, ué{m 5+< i > ) 2(kp, 2)
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where

Ty(kp,z) = 2¢ekr® (3)

2k, |2ferfe ( 2kp|z|) (4)

and k; = 2.56k, describes the peak wave number including wave spreading effects. From (1), it is
clear that the local Stokes velocity follows from

TQ(kpaZ)

Ousz

Us =779, (5)

which we use to compute the Stokes shear in the Stokes shear production term of the k and ki
transport equations.




2 Additional Figures
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Figure 1: Same as Fig. 3 in the main paper but using the k¥ — w model. Comparison of LES and GOTM
simulations for (a,c,e,g) buoyancy and (b,d,f,h) u-component of the velocity at the times indicated in Fig. 2 of
the main paper. Dashed lines show LES results with (black) and without (gray) LT. Colored lines correspond
to different second-moment models as indicated in the legend. Inlays panels in (c-f) show enlarged views of the
near-surface region.
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Figure 2: As in Fig. 1 but for (a,c,e,g) total (resolved plus subgrid-scale) turbulent momentum flux (u'w’) and
(b,d,f,h) gradient Richardson number Ri.
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Figure 3: Non-dimensional bulk buoyancy b and velocity V as a function of R = u?/(BmaxTh) for different
values of (a,b) the time scale ratio 7},/T}, (c,d) the flux ratio Bo/Bmax, (e,f) the non-dimensional surface
roughness %o, and (g,h) the non-dimensional peak wave number lAcp. Parameters not varied are kept fixed at
Tn/T, = 0.397, Bo/Bmax = 0.466 and 29 = 0.01, respectively. The blue line shows the critical threshold for
the collapse of DWL turbulence, R = 7 - 10~%.
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Figure 5: Parameter space for varying R = u2/(BmaxTh) and ) at 10°N (T /T = 0.14). Shown are midday

values for (a) h, (b) b and (c) V divided by the proposed scaling. For these runs, T},/T, = 0.4, Bo/Bmax =
—0.466 and 2o = 0.01 are kept constant. The blue line again shows R = 7-107%.
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Key Points:

 Field observations reveal both diurnal warm layers and surface-layer fronts in the
mixed layer under intense solar heating and weak winds.

e The layer below diurnal warm layers within a front remains marginally unstable,
making it prone to turbulence from small disturbances.

e Frontal dynamics deepen the mixed layer, allowing diurnal shear to reach greater
depths at night compared to conditions without a front.
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Abstract

Previous studies have highlighted the individual importance of diurnal warm layers
(DWLs) and surface-layer fronts within the surface boundary layer (SBL) in regulating en-
ergy, momentum, and gas exchange between the atmosphere and the ocean. This study
investigates the interactions between DWLs and surface-layer fronts using field observations
and numerical turbulence models. Our study provides the real-ocean relevance of the coex-
istence of DWLs and surface-layer fronts in the SBL in an eddy-rich tropical ocean subjected
to intense solar heating and weak winds. We found that the presence of a DWL isolates
the deeper layers of the SBL from diabatic and frictional surface forcing, causing these lay-
ers to quickly become non-turbulent while remaining in a state of marginal stability. This
condition suggests that small perturbations from local processes, such as internal tides and
waves, can easily trigger instability and turbulence. Additionally, frontal dynamics were
observed to deepen the SBL, allowing near-surface diurnal shear associated with DWL dy-
namics to penetrate to greater depths during nighttime, compared to conditions without a
front, thereby facilitating the vertical transport of heat and tracers. Our findings underscore
the necessity of accurately representing the interactions between DWLs and surface-layer
fronts to enhance the precision of ocean circulation and climate models.

Plain Language Summary

The oceanic mixed layer, the uppermost part of the ocean, plays a crucial role in
regulating the exchange of heat, momentum, and gases between the ocean and atmosphere.
Within this layer, surface fronts — areas of rapid temperature and salinity changes in space
— can generate strong currents and enhance mixing. Diurnal warm layers (DWLs) also
form at the surface during the day due to solar heating, creating a thin and stable layer
that produces turbulence near the surface but suppresses it in the waters below. Although
both surface fronts and DWLs are key to ocean dynamics, they have often been studied
independently. Our study is the first to observe the coexistence of DWLs and surface-
layer fronts in the mixed layer under intense solar heating and weak winds in a tropical
ocean. Field observations and numerical models show that the layer beneath DWLs within
a front can become turbulent from only small perturbations. Additionally, frontal dynamics
deepen the mixed layer, allowing nighttime turbulence to reach greater depths. These
findings underscore the need to incorporate surface fronts and DWLs in models to improve
predictions of ocean circulation and heat and nutrient transport, crucial for understanding
climate dynamics.

1 Introduction

Submesoscale fronts and filaments — i.e. horizontal scales of 0.1-10 km and tempo-
ral scales of hours—days — are frequently observed in the surface boundary layer (SBL)
and have been extensively studied due to their significance in oceanographic processes.
From a physical perspective, submesoscale fronts and filaments play crucial roles in energy
transfer and dissipation. They act as intermediaries between larger mesoscale eddies and
small-scale dissipative motions by breaking the constraint of large-scale quasigeostrophic dy-
namics through submesoscale frontogenesis (Gula et al., 2022; Taylor & Thompson, 2022).
Additionally, they facilitate rapid SBL restratification by creating overturning circulations
that flatten the isopycnal structure through mixed layer instabilities (Boccaletti et al., 2007;
Fox-Kemper & Ferrari, 2008; Johnson et al., 2020). From a biological perspective, these
features significantly impact the vertical transport of tracers. Strong ageostrophic motions
associated with submesoscale fronts and filaments induce large vertical velocities, redis-
tributing water properties such as momentum, buoyancy, heat, and biogeochemical tracers.
This redistribution profoundly influences marine ecosystems (Lévy et al., 2018; Yu et al.,
2019; Qu et al., 2022).
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Frontogenesis is a key process that develops and intensifies submesoscale features by
rapidly sharpening horizontal density gradients and their associated horizontal velocity shear
(McWilliams, 2021). This process involves mesoscale straining (Hoskins, 1982; Capet et al.,
2008; Shakespeare & Taylor, 2013; Gula et al., 2014) and ageostrophic secondary circulation
(Gula et al., 2014; McWilliams et al., 2015). Submesoscale frontogenesis breaks the con-
straint of large-scale quasigeostrophic dynamics (Gula et al., 2022), making submesoscale
flows prone to flow instabilities such as inertial instabilities (Grisouard, 2018; Peng et al.,
2020) and symmetric instabilities (D’Asaro et al., 2011; Thomas et al., 2016), which promote
a downscale transfer of mesoscale energy toward dissipation scales (Taylor & Thompson,
2022).

Both numerical and observational studies have shown that submesoscale processes in
the SBL are influenced by atmospheric forcing (Thomas, 2005; Dong et al., 2022). These
processes include cooling, evaporation, and downfront winds inducing destabilizing Ekman
transport (Thomas & Lee, 2005), thereby sustaining frontal instabilities. Recent studies have
highlighted the significant impact of diurnal forcing on submesoscale kinematics, including
changes in vorticity, divergence, and strain (Dauhajre et al., 2017; Dauhajre & McWilliams,
2018; Sun et al., 2020), as well as on submesoscale dynamics, instability, and turbulence
(Peng et al., 2021; Shang et al., 2023; Zheng & Jing, 2024). This underscores the important
role of diurnal forcing in controlling submesoscale features within the SBL.

An important process in the SBL is the formation of diurnal warm layers (DWLs)
that introduce a complex interplay of processes within the SBL. DWLs form in the top
few meters below the sea surface by absorption of penetrative solar radiation under mild to
moderate winds, and weak surface-wave activity (Spigel et al., 1986; Thompson et al., 2019;
Wijesekera et al., 2020). DWLs have been shown to cover a large fraction of the tropical
ocean, and exhibit temperature contrasts of up to several degrees Celsius compared to the
deeper parts of the surface layer (Kawai & Wada, 2007). These layers enhance near-surface
stratification, suppressing mixing while trapping wind-induced momentum and forming “di-
urnal jets.” These jets, in turn, generate turbulence through shear instability, leading to
substantial modifications of upper ocean and sea surface temperatures and instantaneous
air-sea turbulent heat fluxes (Moulin et al., 2018; Hughes et al., 2020).

While both DWLs and submesoscale fronts in the SBL are important elements of ocean
systems, these two processes have been investigated and understood largely independently
of each other. The interaction between DWLs and submesoscale fronts remains mostly
unexplored to date. To address this gap, we investigate the variability and interaction of
submesoscale fronts and DWLs using both in-situ observations and a turbulence closure
model at resolution sufficient to resolve DWLs and submesoscale motions in the SBL. Our
study region is the tropical Australian Northwest Shelf (Figure 1), a region of high solar
radiation and strong submesoscale fronts, and hence an ideal site to study the coupling
between submesoscale processes and DWLs.

The paper is structured as follows: Section 2 describes the data and methods employed
in our study, followed by an overview of DWLs and fronts in Section 3. Sections 4 and 5 in-
clude a detailed analysis of frontal dynamics, instability, and turbulence using observational
and modeling datasets. Finally, our main findings are summarized in Section 6.

2 Study area and methods
2.1 Study area

Our study area is located approximately 50 km off Barrow Island on the Australian
Northwest Shelf (approximately 114.7°E, 20.7°S, time zone: UTC + 8, see Figure 1a). The
local inertial frequency is f = -5.1 x 107° rad s~!, corresponding to a local inertial period
of Ty = 2m /| f| = 34.0 h. This site is energized by tidal forcing and frequently exhibits a rich
tapestry of interwoven submesoscale eddies, filaments, and fronts (Brink et al., 2007). The
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Figure 1. (a)Map of the Australian Northwest shelf sea and deeper Indian Ocean with satellite
SST (in color) and surface geostrophic currents (arrows) from 6 October 2020 at 20:00 LT; (b)
same as (a) but with satellite chlorophyll-a (in color) from 5 October 2020; (¢) expanded view of
the study area marked in (a) and (b) with satellite SST from 7 October 2020 at 06:00 LT (in color).
Colored markers show the glider-based SST along the glider track (black line) from 5 October at
12:00 LT to 11 October 2020 at 00:00 LT. Ship-based SST (color markers) and near-surface velocity
at 14-m depth (arrows) on 7 October at 05:00 — 11:20 LT are shown along the box-shaped ship
track. Isobaths (dashed lines) are indicated in meters. The magenta point shown in all panels

indicates the location of the mooring. BAR in (a) denotes Barrow Island.

data used in this study covered several diurnal cycles from 5 October 2020 at 12:00 LT to 11
October 2020 at 00:00 LT (time will be expressed in local time, LT, throughout). We used
data from an autonomous underwater glider and a long-term mooring both of the Australian
Integrated Marine Observing System, complemented by ship-based measurements on the
R/V Solander (Figure 1a,b).

2.2 Field measurements

Underwater glider observations. A Slocum glider, equipped with a Sea-Bird SBE41
CTD and WETLabs optical sensors sampling at 0.5 Hz, transited across the frontal region
(Figure 1c), providing dive profiles of temperature, salinity, and chlorophyll-a, including
the thin near-surface region affected by DWL activity. The irregular glider-based CTD data
were optimally interpolated onto a two-dimensional (depth-time) grid, using 12-minute time
intervals for the period of 5-11 October, and 0.5 m vertical bins between depths of 0 and
100 m. A Gaussian weighting function was used to compute the weighting of each salinity
and temperature data contribution to the gridded values, which were then converted into
conservative temperature, ©, and absolute salinity, S 4, according to the international TEOS-

115°E

SST (°C)
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10 standard for seawater (Millero et al., 2008; Feistel et al., 2010). The glider operations
were managed by Australia’s Integrated Marine Observing System (IMOS).

Mooring observations. One mooring was deployed initially, and, on October 7, replaced
by a second mooring at the same location at a local depth of around 200 m inside the
frontal region on 5-10 October, as indicated by the pink dot in Figure lc. The moorings
were consisted of instrument chains equipped with a combination of two temperature sensors
(BlueZone Group AQUAloggerP, Australia or Seabird SBE 39, United States), one CTD
sensor mounted at 30 m depth (Seabird SBE 37, United States), and three fast-response
thermistors (Seabird SBE 56, United States, with 0.1-Hz sampling rate), distributed at
intervals of 7-10 meters from 23.5 m depth down to a depth of approximately 200 m (the
mounting depths are shown in Figure 5b). Data from the moored temperature loggers
were converted to potential density using a ©-S,4 relationship based on CTD data from the
glider in the vicinity of the mooring (see details in Appendix A). An upward-looking 150-
kHz ADCP (Ocean Surveyor, RDI Workhorse) provided velocity estimates between 19 m
and 155 m depth at an average ping interval of 2 s in 8 m vertical bins. All sensors on
the moorings, including the ADCP and temperature loggers, were operated and quality-
controlled by IMOS, ensuring the reliability and consistency of the data used in this study.

To ensure consistent effective resolution in both time and the vertical direction, both
velocity and temperature data were 1-hour low-pass filtered and interpolated to common
time steps t; at 1-hour intervals. Velocity data were then vertically interpolated onto the
positions z; of the moored temperature loggers, spaced at 10 meters interval. We used
centered finite differencing to compute the square of the buoyancy frequency, N? = 9b/0z,
where b = —g(pg — po)/po is the buoyancy based on the potential density py and the
constant reference density py = 1023 kg m~3. Similarly, the (squared) vertical shear, S? =
(0u/02)? + (0v/0z)?, was derived from the horizontal velocity components u and v by
vertical finite differencing.

Ship-based measurements. Velocity data were obtained from a ship-based 150-kHz
ADCP (Ocean Surveyor from RDI Workhorse) on 7 October along the ship track shown
in Figure 1lc. The ADCP sampled the water column in 8 m vertical bins at 0.5 Hz, with
the uppermost bin located at approximately 14 m depth. For noise reduction, these data
were averaged over intervals of 3 s before further processing. Underway near-surface tem-
peratures were obtained from an SBE21 thermosalinograph (water inlet at 2 m depth) at
10 s intervals, yielding a horizontal resolution of approximately 50 m.

Satellite data. The large-scale distributions of SST and chlorophyll-a in our study area
were derived from the geostationary satellite Himawari-8 and MODIS satellite products at
2 km and 1 km spatial resolution, respectively. In addition, we used surface velocity data at
25 km resolution from OSCAR (Dohan, 2021). Hourly Himawari-8 SST data (also available
at the 10-minute resolution, albeit noisier) are used to derive the lateral buoyancy gradient
M? = [(db/dx)? + (db/dy)?]*/?, where b is the buoyancy as defined above, and = and y are
the east and north directions, respectively. This complements the one-dimensional mooring
data by providing high-resolution snapshots of the SST lateral structure in both space and
time.

Meteorological data. We used hourly air-sea reanalysis data (Hersbach et al., 2020),
provided by the German Weather Service, except for the wind data that were collected every
30 minutes from a weather station on Barrow island (Figure 1a), approximately 50 km from
our experimental site. This station, operated by the Australian Bureau of Meteorology,
allowed us to capture the rapid variability of the local winds. As described in more detail
in Section 2b of Peng et al. (2020), the magnitude 7 of the surface wind stress and the net
surface heat flux Q,e; were computed based on these data using the COARE 3.5 routines
(Fairall et al., 2003; Edson et al., 2013). From this, the surface buoyancy flux By (positive
for buoyancy loss) was computed.
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2.3 Estimation of turbulent diffusivity

To estimate mixing parameters from our mooring data, we used a fine-structure mixing
length model for the turbulent vertical diffusivity, K, = 0.09 L% S, where S is the total
vertical shear and Lz = 6/(d/dz) the Ellison length scale, which we interpret as a measure
of the scale of the vertical turbulent overturns (Ivey et al., 2018, 2021). Here, 6 is the
root-mean-square of the turbulent temperature fluctuations and df/dz is the background
temperature gradient, computed based on the 1-minute low-pass-filtered temperature (suf-
ficient to remove turbulent fluctuations in temperature signals). Estimates of S were derived
from 10-minute averaged ADCP data which was additionally smoothed using a three-point
rolling time average. We used a wavelet decomposition (Jones et al., 2020; Percival &
Walden, 2000) to remove internal-wave contributions to 0. We calculated the gradients
for S and df/dz with second-order central differencing with first-order differencing at the
edges of the data ranges. The model assumes that turbulence is generated by mean shear S
only, and that the fluid has a background stable density stratification characterized by N.
Finally, we rejected the model results during periods when the local stratification was very
weak (N2 < 3 x 1075572) and estimates of Ly were unreliable.

2.4 Scaling of diurnal warm layers

Following Schmitt et al. (2024), we used a revised version of the classical DWL scaling
relations by Price et al. (1986), estimating the DWL bulk buoyancy anomaly b and thickness
H at midday as functions of the peak radiative buoyancy flux Bpax, the surface friction
velocity u. = 1/|7%|/po, the heating period T} during which By < 0, and water clarity
represented by the short-wave absorption scale 7:

H = 0.85R~V2F(§)J(H/n) B“% (1)
b=0.38R™Y2F(f)J(H/n) Bl‘:la" : (2)

Here R = u2/(Bumax1h) is a non-dimensional forcing ratio and F(f) and J(H/n) are func-
tions of the non-dimensional products f = [T}, and H/n. For the scaling estimates discussed
later on, we assume 77 = 1 m, which is consistent with the clear waters found at the study
site. For more details refer to Schmitt et al. (2024).

2.5 Numerical model

We complemented the field observations with one-dimensional vertical model simu-
lations using the General Ocean Turbulence Model (GOTM) (Umlauf et al., 2005), here
extended to include background horizontal density and pressure gradients to represent the
presence of a front with infinite width (see Figure 2). This idealized geometry makes it
possible to account for some of the key physical processes in two-dimensional fronts with
the help of a one-dimensional (vertical) model.

Here, Z is the cross-front direction (pointing towards denser water), § the along-front
direction, and z the vertical coordinate pointing upwards with z = 0 at the surface. The
model solves the one-dimensional transport equations for momentum and buoyancy for an
infinitely deep water column,
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where u and v are the Reynolds-averaged velocities in the z- and gy-directions, b the
buoyancy (defined above), g the gravitational constant, ¢ the surface elevation, and v and
v® the (negligibly small) molecular diffusivities of momentum and buoyancy, respectively.
G denotes the vertical turbulent buoyancy flux, I, the radiative buoyancy flux (positive
downward) due to penetrating shortwave radiation, and 7, and 7, the vertical turbulent
momentum fluxes (normalized here with pg). The horizontal buoyancy frequency, a measure
for the strength of the front, is defined as

ob o
M =——=—-f-2>0, 6
0% / 0z (6)
where v, denotes the geostrophically balanced velocity of the frontal jet (Figure 2). The
penetration of shortwave radiation is treated with a 2-band absorption assuming Jerlov type
la for clear waters (Paulson & Simpson, 1977).

As boundary conditions for the momentum equations in (3) and (4), we prescribe
the components of the wind stress, 7;° and 7,”, at the surface. Similarly, for the surface
boundary condition in (5), we prescribe a constant non-solar surface buoyancy flux, B,
and a sinusoidal variability in the daytime penetrating shortwave surface buoyancy flux,
Bsw = —Iy(z = 0), with a peak at noon and zero fluxes before 06:00 and after 18:00 local
time, as in Schmitt et al. (2024). Here, Qs accounts for the long-wave, latent, and sensible
heat fluxes. B is defined as positive for surface buoyancy loss (cooling) while By is
negative for surface buoyancy gain (heating) in our study. The net surface buoyancy flux is
the sum of these two components: By = Bps+ Bsw. At 2 — —o00, zero-flux conditions for the
turbulent fluxes of momentum and buoyancy are applied (practically, the lower boundary
conditions are imposed at some finite value of z that is sufficiently far below the surface to
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not affect the results). The surface forcing, though strongly idealized, is able to realistically
capture the DWL evolution (see Schmitt et al., 2024).

The turbulent momentum fluxes are computed from down-gradient expressions of the
form

T = {(W'w') = —Vt@ , Ty = (') = *Vt@ . (7)

0z 0z

where primes and brackets denote turbulent fluctuations and ensemble averages, re-
spectively, and v, the vertical turbulent diffusivity of momentum. The vertical turbulent
buoyancy flux is computed from

b

G = () = S0 = N? 0
with the vertical turbulent diffusivity ©? and the squared buoyancy frequency N2 = 9b/0z.
The turbulent diffusivities v; and v{ are calculated within GOTM using the turbulent ki-
netic energy k, a turbulent length scale [, and so-called stability functions that depend
on non-dimensional parameters describing the stability of the flow. These quantities are
computed from a Mellor-Yamada-type (Kantha & Clayson, 1994) two-equation turbulence
model described in detail in a recent study by Schmitt et al. (2024). These authors showed
that the model described above provides an excellent representation of DWLs by comparing
the output to Large Eddy Simulation (LES) results.

3 Frontal structure and dynamics
3.1 Background conditions and atmospheric forcing

A high-resolution map of the satellite altimetry-derived geostrophic currents from 6
October shows that, at the time of our measurements, the study area was characterized
by several mesoscale eddies with horizontal scales of 100-200 km interacting with the shelf
and the surface temperature field (Figure 1a). The strain field associated with these eddies
formed frontal features with substantial lateral SST gradients along their edges, consistent
with the classical view of frontogenesis due to mesoscale straining (Hoskins, 1982; Capet et
al., 2008; Shakespeare & Taylor, 2013; Gula et al., 2014). Elevated concentrations of near-
surface chlorophyll-a (Figure 1b) appear to be correlated with the position of these frontal
features, indicative of the important role of fronts in local primary productivity (Lévy et
al., 2012; Mahadevan, 2016).

Our survey was conducted in the proximity of one of these fronts near Barrow Island
(black box in Figure 1a). The regional SST structure on 7 October is depicted in Figure lc,
showing that our research vessel followed a box-shaped track which crossed the front several
times. Near-surface measurements across the front revealed a cross-front density contrast
of 0.13-0.22 kg m™3 and a cross-front buoyancy gradient of M? = 1.5-2.1 x 1077 s72
(Figure 3c). These values might slightly underestimate the precise frontal buoyancy gradient
as the ship track wasn’t always perfectly normal to the front.

The temporal evolution of the cross-front buoyancy gradient becomes clearer using
estimates of M? based on satellite SST gradients at the mooring location, using the same
fixed T-S relationship described above (Figure 3c). The front started to intensify on 5
October, and peaked in strength close to M? = 2 x 1077 s~2 shortly after the start of 6
October. The value of M? fluctuated around 1.5x 10~7 s=2 over the following days until it
began to decay late on 8 October. The SST-based values of M? were comparable to those
of our ship-based near-surface measurements (blue stars in Figure 3c). It is worth noting
that while the M? from SST shows the shape and temporal variability of the front, it may
underestimate the frontal gradients in the deeper layers, as discussed below. For a more
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Figure 3. Time series of (a) wind stress magnitude and meridional, 73/, and zonal, 75, compo-

nents, (b) surface buoyancy flux (positive for buoyancy loss), and (c) surface buoyancy gradient,

derived from satellite (line) and ship-based (stars) data. Time axis corresponds to local time.

detailed view of the evolution of the front during this 5-day period, please refer to the SST
animation (Movie S1 in the supplemental material).

Throughout the 5-day survey period, the total surface buoyancy flux By (positive for
buoyancy loss) exhibited a distinct diurnal pattern: typically at a minimum near By =
—4 x 1077 m? s73 around midday due to the strong solar heating (Figure 3b), while
the nighttime buoyancy loss induced by atmospheric cooling typically fell within the range
By = 09 —1.6 x 1077 m? s73. The wind stress was variable during this period, with
the largest values observed early on 6 October with wind speeds around U;g = 14 m s !,
subsequently decaying to moderate to weak values (Ujg = 2 — 10 m s™1) for the remaining

days (Figure 3a).

3.2 Spatial structure

Glider observations on 5-10 October (trajectory in Figure 1c) provide a detailed view of
the spatial structure of the frontal region and the near-surface DWL activity (Figure 4b,c,e).
From two (strongly oblique) crossings of the frontal region, the glider data show that the
front extends down to a depth of approximately 80 m with a lateral density contrast of
0.1-0.25 kg m~3, largely controlled by temperature differences (Figure 4d). These findings
are consistent with the ship-based near-surface measurements described above.

Of particular interest is the formation of stably stratified DWLs over the frontal region,
observed near the surface at high vertical resolution (Figure 4e). These observations indi-
cate that strong morning winds interrupted the formation of DWLs on 5 and 6 October,
respectively. On these days, weak near-surface thermal stratification was only identified in
the afternoon as the winds weakened. From 7 October onwards, more robust DWLs formed.
We compared our observations to the DWL scaling relations recently suggested by Schmitt
et al. (2024), as detailed in Section 2.4. Based on this scaling, the expected midday DWL
thicknesses ranged from 19 m on 6 October to 3 m on 9 October, corresponding to bulk
DWL temperature anomalies of 0.1 and 0.7°C, respectively. These estimates agree closely
with the glider observations (Figure 4e), providing further support for the predictive capa-
bilities of the DWL scaling model proposed by Schmitt et al. (2024).
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Figure 4. The evolution of (a) 10-m wind speed (blue) and shortwave radiation (black), (b)
glider-based conservative temperature, (c) absolute salinity, (d) near-surface density, and (e) near-
surface temperature anomaly, relative to the 15-m reference level. Black lines in panels (b) and (c)
denote isopycnals (potential density) at intervals of 0.025 kg m~3. Grey lines and white contours
in panel (e) denote glider dive profiles and near-surface temperature anomaly at intervals of 0.2°C,
respectively, and blue stars indicate the scaling of diurnal warm layer depth (which is out of range

on 6 October and thus not shown). Local time applied.

DWLs enhance near-surface ocean stratification, thus acting as a barrier to the direct
transfer of momentum from surface forcing down to greater depths. The implications of
these DWL-related effects will be explored in more detail below.

3.3 Temporal evolution

The satellite-derived SST shows that the moving frontal region reached the mooring
location from the west on 6 October, intensified on 7 October, and then gradually weakened
and lost contact with the mooring by 9 October (see the animation of the temporal evolution
in the supplementary material and the projection of the cross-front buoyancy gradient,
M?, onto the mooring location in Figure 5a). The temperature and vertical stratification
in the near-surface region, inferred from the moored temperature loggers (Figure 5b,c),
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Figure 5. Mooring data showing the evolution of (a) lateral buoyancy gradient (based on satellite
SST) and net surface buoyancy flux, (b) temperature, (c) square of the buoyancy frequency, (d)
square of the total shear. Thick black lines in (c) and (d) indicate the depth of the SBL based on a
density threshold of Ap > 0.04 kg m™>. Red lines in (b) mark the lower edge of the DWLs based on
the glider data, which is defined as the depth at which the near-surface temperature anomaly A©
has reduced to 0.05 °C. Thin black lines in (b)-(e) denote isopycnals (potential density) at intervals
of 0.025 kg m™*. Nominal depths of the moored temperature and CTD loggers are indicated by

black squares in (b). Time axis corresponds to local time.

revealed a deep, well-mixed, and relatively cold surface layer on 5 October and the first half
of 6 October, consistent with the nearly collocated glider observations during this period
(Figure 4b). Strong winds in the first half of 6 October (Figure 3a) kept the water column
well mixed despite strong diurnal heating and the increasing horizontal density gradient
induced by the front (Figure 5a).
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With increasing solar heating towards midday on 6 October and a decreased wind stress
in the afternoon (Figure 3a) a weak DWL with a thickness of 7 m developed (Figure 4e),
sheltering the deeper part of the SBL from atmospheric forcing. As a result, the SBL quickly
shoaled and restratified while the front propagated across the mooring site (Figure 5). A
continued surface-layer warming trend until approximately noon of 7 October, followed by
a subsequent cooling and SBL deepening, indicated the advance and subsequent gradual
retreat of the frontal region at the mooring location, consistent with the animated SST
patterns in the supplementary material. After 9 October, as the influence of frontal dynamics
diminished (reduced values of M?), the SBL returned to its original depth.

The dynamical impact of the front becomes especially evident from an analysis of the
development of the vertical shear at the mooring location (Figure 5d). Strong vertical
shear S? = O(107° — 10~*) s~2 was present almost throughout the entire SBL during 7-8
October, when the SBL was characterized by stable stratification and pronounced lateral
buoyancy gradients. Especially interesting were two periods with strong vertical shear in
the SBL: in the first half of 7 October and in the second half of 8 October (shown in more
detail in Figure 6a). This shear persisted even during daytime, when most of the SBL was
isolated from direct wind forcing due to DWL-induced near-surface stratification, indicating
that processes other than the surface stress maintained the high vertical shear levels at
depth. Figure 6a-c shows that most of the shear was contributed by the v-component of
the velocity, consistent with the direction of a frontal jet oriented in the along-front (south-
north) direction (Figure 1c). Similarly, on late 8 October, when the front gradually rotated
by about 45 degrees to a southeast-northwest alignment (see supplementary material), the u-
component of the vertical shear became increasingly important. In both cases, the frontal jet
and the associated shear (Figure 6) were in the along-front direction, consistent with what
would be expected for a frontal jet in the Southern hemisphere, suggesting that thermal
wind shear was the likely source of the observed vertical shear.

This is further supported by the following observation: to explain the observed time-
and SBL-averaged shear, $° = 31x10°° s~2, by the presence of a thermal wind shear,
S2 = M*/f?, a lateral buoyancy gradient of approximately M? = 3 x10~7 s~2 would
be required. This value is indeed of the same order of magnitude as the satellite-derived
M? =1.4x107" s72, although the latter seems to slightly underestimate the relevant lateral
buoyancy gradient at depth. In view of the complex structure of the frontal region with
locally sharpened density gradients (see Fig. 4b,c), it is, however, likely that our satellite-
derived values of M? are not a reliable proxy for the horizontal density gradients in the
deeper parts of the front, indicating the limitations of satellite derived M? to fully capture
the dynamic nature of the subsurface frontal region.
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4 Interactions of diurnal warm layers and surface-layer fronts
4.1 Observations: frontal stability and mixing under diurnal warm layers

The frontal dynamics on 7-8 October detailed in Section 3.3 provide a unique opportu-
nity to explore frontal stability and mixing in the presence of DWLs. During 7-8 October,
when the frontal shear was most pronounced, the SBL exhibited gradient Richardson num-
bers Ri = N2/S% < 1 and, locally, even below Ri < 0.25 (cyan line in Figure 7d). This
indicates conditions favorable for shear instability and, in view of the relevance of thermal
wind shear discussed above, other types of frontal instability, such as symmetric instability.

To ensure the robustness of our Ri estimates, we first cross-validated the N2 estimates
from the mooring data (which involved numerous assumptions) against an independent
glider data set, as detailed in the appendix. This comparison yielded a correlation coefficient
of r = 0.91, suggesting that our mooring-based estimates of N2, used to compute Ri, are
reliable, with minimal impact on Ri. Second, on a more qualitative level, the observed
trends in Ri followed the variability of the lateral buoyancy gradients M? (Figure 7a,d)
and the presence of DWLs, indicating that the Ri estimates reflect actual frontal conditions
and are not dominated by measurement artifacts. Lastly, higher vertical resolution velocity
measurements would likely result in larger frontal shear values, leading to even smaller Ri.
We thus believe the relatively low values of Ri we observed are reliable, providing robust
evidence for the presence of shear instability.

Quality-controlled turbulence data from 7-8 October, obtained from the moored instru-
mentation at 35 m and 55 m depth, showed that turbulent diffusivities increase with depth,
different from what would be expected for surface-driven turbulence, with peak values ex-
ceeding k, = 1073 m2s~'. These higher diffusivity values at 55 m depth were associated
with the lower values of Ri (Figure 7d), indicative of the importance of locally evolving
instabilities that were not directly driven by surface forcing.

Increased turbulence at 55 m depth was observed during the daytime on 7 and 8 Octo-
ber, when this layer was within a weakly stratified SBL, but isolated from direct atmospheric
influences by the development of DWLs. The data from 7 October shows that the variabil-
ity of turbulence was strongly influenced by the 12-hour vertical excursion of the SBL base,
likely associated with semidiurnal internal tides (Figure 7b). On 8 October, the SBL was
deeper and less affected by tidal excursions of the SBL base, indicating two distinct dynam-
ical regimes: One occurs in the central part of the SBL, where turbulence is suppressed by
near-surface stratification due to the DWL. The other occurs in the deeper layer of the SBL,
where frontal density gradients and strong vertical shear are sufficient to trigger instability
and turbulence, which, if sustained, can result in weaker local vertical stratification.

The relatively low gradient Ri and enhanced turbulence in the upper ocean over this
period with strong frontal shear cannot be attributed to the surface forcing due to the strong
diurnal stratification (details in Section 3.3), suggesting that the turbulence was likely driven
by a variety of local processes, including frontal instability (such as symmetric and inertial
instability), local shear instability, or other local dynamics such as internal tides. However,
the limitations of our data set preclude further in-depth investigation, hence we undertake
an idealized simulation considering only DWLs, fronts and conditions in the near-surface
layers.

4.2 Simulations: Interactions of frontal and diurnal warm layer dynamics

To obtain a better understanding of the frontal dynamics affected by the presence of
DWLs observed on 7-8 October under conditions of intense solar heating and weak winds,
we used the numerical model described in Section 2.5. Three simulations were carried out
for this study: DWL only (Sp), front only (Sr), and DWL and front (Spr). The simulations
utilized a 60-second time step and resolved an 80 m deep water column with 500 grid cells,
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Figure 7. Time series at the mooring location of (a) wind stress magnitude |7%| and its merid-
ional, 7n, and zonal, T, components and surface buoyancy flux Bo; (b) vertical stratification; (c)
square of the total vertical shear; (d) gradient Richardson number; (e) the estimated turbulent
diffusivity using a turbulence model based on the fine-scale temperature and shear data. During
periods when the local stratification was very weak, estimates of L are unreliable and hence no
estimates of eddy diffusivity can be made. Note that Ri has been multiplied by a factor of 4 to ease
comparison with the critical gradient Richardson number (blue), namely Ri = 1/4 or equivalently,
N? = $?/4. Black lines in (b) - (d) are the depth of the surface boundary layer (as in Figure 5). Red
lines in (b) - (d) mark the lower edge of the DWLs based on the glider data. Time axis corresponds

to local time.

thus achieving a vertical resolution of 0.16 m. Each simulation ran for 3 days, with the first
day as spin up time. The results shown in Figure 8, Figure 9, and Figure 10, show days 2
and 3 of the model runs. All simulations were initialized with constant vertical stratification,
N? =175 x 107° s72, chosen to match the observed environmental conditions (Figure 7b),
and forced by a constant downfront wind stress of 0.05 N m~2, corresponding to wind speeds
of approximately 5 m s~!. This wind forcing provides an idealized representation of the

periods with stronger winds with a clear downfront component on 7-8 October (Figure 7a).
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Table 1. Simulations and parameters for Spr, Sr, and Sp, including the cross-front buoyancy

gradient M?, diurnal forcing, downfront wind stress 7%, vertical stratification N?, and balanced

Yy
Richardson number Ri,

- M? (s7)  Diurnal forcing 7 (Nm™2) N?(s7?) Ri

Spr 3.0x1077 on 0.05 75x 1075 2.2
Srp 3.0x1077 off 0.05 75x107% 2.2
Sp 0 on 0.05 7.5 % 107° -

Depending on the scenario, an additional surface buoyancy forcing (simulations Sp and
Spr) and/or a horizontal buoyancy gradient (simulations Sg and Spr) were applied as
summarized in Table 1.

For the interpretation of the following simulations, it is helpful to recall that a non-zero
cross-front buoyancy gradient introduces a new energy source for turbulence in the form
of a frontal jet, and the possibility of different frontal instabilities (Thomas et al., 2013;
Taylor & Ferrari, 2010). Frontal instability is expected to occur in baroclinic fronts if the
Ertel potential vorticity (EPV), ¢, and the Coriolis parameter, f, attain opposite signs
(Thomas et al., 2013). In our simulations with zero relative vertical vorticity and a straight
geostrophically-balanced front (Figure 2), this condition reads:

fa= 1 (k+xu) Vb= 2824 2 <o, )

were u is the three-dimensional velocity vector, k the upward unit vector, and b the buoyancy
(defined as above). Two types of instability can develop in this case: gravitational instability
for N? < 0 and symmetric instability (SI) for stable stratification and a sufficiently large
M? provided 99/0z > 1. The latter is the case especially in balanced fronts, where 99/0z =
—M?/ f according to (6). In this case, the condition in (9) is equivalent to a threshold of the
balanced Richardson number, Ri, = N2f2/M* < 1. It is important to note that, similar
to all other existing turbulence models of this type, the second-moment closure model used
in our study does not represent SI. As shown in the following, in situations where SI is
expected, the modeled shear will therefore increase until the threshold for shear instability
is reached (modeled Ri = 1/4). This also implies that the model may predict non-turbulent
regions with fq < 0 that would otherwise be amenable to SI.

Our first example, simulation Sp, incorporates a time-dependent surface buoyancy
flux to simulate the diurnal heating cycle without the presence of a front. As shown in
Figure 8a, the net surface buoyancy flux, By, is the sum of a daytime penetrating shortwave
flux, Bsw < 0, with a sinusoidal variability, and a constant non-solar surface flux, B,s > 0.
Similar to the data shown in Figure 3a and Figure 5, the net surface buoyancy flux was
chosen to peak at By = -4.5 x 1077 m2s~3, while the constant non-solar buoyancy flux
is Bys = 1 x 1077 m2s™3 (corresponding to the total flux at nighttime). The heating
period with a negative net buoyancy flux spans T, = 10 hours at a tropical latitude of
20.7°S. During the day, strong near-surface stratification develops (Figure 8b), inducing
a night-day temperature contrast of approximately 0.3-0.4°C (Figure 8a). The evolution
of the DWL is accompanied by the formation of diurnal shear at the lower flank of the
diurnal jet, generating turbulence driven by shear instability (Figure 8c-e¢). In the late
afternoon and at nighttime, the SBL is additionally forced by convection, and the diurnal
shear bands gradually propagate downward, reaching the base of the SBL at a depth of
approximately 20 m around midnight. Note that the model predicts a state of marginal
instability (Ri ~ 1/4) inside these downward-propagating shear bands, in agreement with
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Figure 8. The GOTM simulation Sp: Evolution of (a) net surface buoyancy flux and temper-
ature at z = -5 m, (b) vertical stratification, (c¢) vertical shear, (d) 4 times gradient Richardson
number, (e) turbulence energy dissipation rate, and (f) Ertel potential vorticity. Dashed lines
marked in (b) and (c) denote N? = 107* s72 and S? = 1073 s72, respectively, as reference for
comparison with GOTM simulation Sp. White areas in (b) and (d) indicate regions with negative

stratification.

recent LES discussed in Schmitt et al. (2024). EPV is extracted from the SBL by the
buoyancy loss at the surface during nighttime conditions (Taylor & Ferrari, 2010), bringing
the EPV close to the instability threshold of fg = 0 (Figure 8f). In regions with fq < 0, or,
equivalently, N? < 0, gravitational instability develops.

For the front-only simulation Sg, no surface buoyancy flux was applied but the setup
now included a horizontal buoyancy gradient and was initialized with a velocity field in
thermal wind balance, as depicted in Figure 2. The lateral buoyancy gradient we selected
is M? = 3 x 1077s72, consistent with the discussion of the thermal wind shear at the
end of Section 3.3. These parameters correspond to a balanced Richardson number of
Ri, = N2f?/M* = 2.2, which is stable with respect to SI (see above). With a downfront
wind forcing, a cross-front Ekman transport is triggered, advecting colder waters laterally on
top of warmer waters and inducing a persistent cooling trend near the surface (Figure 10a).
This results in the formation of a thin convective layer near the surface and a turbulent
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Figure 9. Same as Figure 8 but for the GOTM simulation Sg.

layer associated with weak but nonzero vertical stratification in the lower part of the SBL
(Figure 9b,e), where fq decreases to below zero for this simulation (Figure 9f). This two-
layer frontal structure, characterized by an upper convective layer and a marginally stable
lower layer with negative EPV, is reminiscent of the results from Taylor and Ferrari (2010)
based on LES. This confirms the suitability of the model setup for this study, however, with
the caveat that our model cannot produce SI but instead generates turbulence through shear
instability in the layer below the convectively unstable surface layer. As discussed above,
this is reflected in Richardson numbers around Ri = 1/4, consistent with shear instability,
rather than Ri = 1 that would be expected for SI in the deeper region below the convectively
unstable surface layer (Figure 10d). For this reason, we also find persistent negative fg¢ in
this region (Figure 10f). The step-wise entrainment processes visible in Figure 10 reflects
the effect of inertial oscillations with a period of Ty = 34 h (see Thomas et al., 2016).

Of particular interest in this study is simulation Spp, which integrates the setups of
both simulations Sp and Sg. Despite the idealized nature of the simulations, the model
demonstrates strong alignment with our observations. Simulation Spr replicates diurnal
variations in vertical stratification and shear associated with DWL dynamics near the sur-
face, and the key features of vertical frontal stratification [N? = O(1075 — 107%5) s72]
and vertical shear [S? = O(107*% — 107%) s72] in the subsurface layers of the SBL (Fig-
ure 10b,c), closely matching our observations (Figure 7b,c). The first insight gained from
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this simulation is that the presence of the DWL shields the subsurface layer from direct
wind forcing, leading to restratification. This is evident from the reduction in SBL depth to
50 m on day 3 and the suppression of SBL turbulence below the DWL (Figure 10) compared
the simulation Sp without surface heating. This underlines the role of DWLs in shaping
frontal SBL turbulence.

Closer inspection of differences in DWL properties between simulations Spg and Sp re-
veals a reduction in the near-surface magnitudes of N2 and S? (dashed lines in Figure 10b,c
and Figure 8b,c) and a reduction of the day-night temperature variations (Figure 10a and
Figure 8a) when a front is present. This suggests that frontal dynamics can play an addi-
tional role in modulating the development of DWLs by mixing near-surface momentum and
density through additional frontal turbulence. Despite the lower near-surface S2, diurnal
shear persists, with the Richardson number remaining below Ri = 1/4 at the base of DWLs.

Interestingly, the DWLs in this simulation are characterized by extended regions with
fq < 0 (Figure 10f), which, according to (9), can be traced back to the strongly ageostrophic
downfront shear, 09/0z > —M?/f, associated with the diurnal jet. This suggests that
DWLs in frontal regions may be unstable with respect to a mix of shear instability and SI.
The marginally unstable and strongly turbulent shear layer at the DWL base propagates
towards the base of the SBL during the afternoon and evening hours (Figure 10c,d,e),
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consistent with the typical view of the diurnal cycle of DWLs (Price et al., 1986; Wijesekera
et al., 2020). Tt is noteworthy that simulation Spr indicates that a deeper SBL, created
by frontal dynamics, allows diurnal shear to reach deeper layers compared to conditions
without a front (Figure 8).

Simulation Spr shows a region with negative potential vorticity in the deepest part
of the SBL even during daytime conditions, when these regions are isolated from direct
atmospheric forcing by the presence of DWLs (Figure 10f). The temporal evolution suggests
that these conditions are remnants of the downward propagating negative-PV regions at
the DWL base during nighttime (see above). These regions, characterized by Richardson
numbers in the range Ri = 0.25 — 1, remain unstable to SI and would be, in the real
world, prone to turbulence and mixing from small perturbations. This may provide an
explanation for the enhanced turbulence in the lower part of the SBL seen in our mooring
data (Figure 7d). However, in our idealized simulations, there is no clear evidence of frontal
turbulence arising from frontal instability (Figure 10e) due to the sheltering effects of DWLs.
One of the main conclusions from the GOTM simulations therefore is that even in the
presence of a DWL, the underlying regions of the SBL remain close to marginal instability
and may become sporadically turbulent if an additional disturbance or energy source, e.g.
due to internal tides, becomes available. This seems to be the case in our moored turbulence
measurements discussed in Section 4.1.

5 Discussion and conclusion

In this study, we combined high-resolution near-surface glider data and mooring data
in a frontal region to study the impact of diurnal forcing (DWLs) on frontal dynamics
and mixing. To help interpret these data, we included the effect of an idealized front in
a vertical ocean turbulence model. Test simulations with diurnal buoyancy forcing (and
no fronts) and purely wind-forced fronts showed that the model, although highly idealized,
was able to reproduce the key features of DWL and frontal dynamics. More specifically,
our simulations with a front forced by downfront winds (but no surface buoyancy forcing)
predicted a vertical SBL structure in good qualitative agreement with previous LES studies
(Taylor & Ferrari, 2010). This structure consists of a weakly stratified, convective upper
layer and a significantly stratified, vigorously turbulent lower layer (Figure 9), which has
been shown to host symmetric instability (SI) and associated turbulence (Taylor & Ferrari,
2010; Thomas et al., 2016). Although our model cannot directly simulate SI, it does indicate
conditions favorable for SI (fq < 0), and predicts strong turbulence in this lower layer
(Figure 9e,f).

Adding diurnal buoyancy forcing to this setup showed that the presence of a DWL
isolates the deeper layers of the SBL from diabatic and frictional surface forcing, and thus
from the most relevant sink of EPV (Taylor & Ferrari, 2010). As a result, the deeper regions
of the SBL quickly become non-turbulent (Figure 10e), different from our simulation without
diurnal buoyancy forcing (Figure 9¢). However, as one of our most important findings, our
results show that the deeper regions of the SBL remain in a state of marginal stability
(fq = 0, Figure 10f), suggesting that small perturbations from other local processes (e.g.,
internal tides and waves) can easily trigger instability and turbulence. Once triggered, this
type of turbulence can feed on the frontal jet as an additional energy source.

These model results are largely consistent with our observations, showing that the ther-
mal wind shear in the frontal region creates conditions favorable for SI and shear instability
(Ri < 1) in the lower part of the SBL also during daytime when DWLs are present (Fig-
ure 7d). These deeper SBL regions, however, only show sporadic turbulence (Figure 7e),
suggesting that they are often close to marginal stability, similar to our simulations. En-
hanced turbulence is visible especially in the lowest part of the SBL, where the significant
internal-tide motions present at the field site may trigger frontal turbulence.
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Another important insight gained from the simulations is that frontal dynamics deepen
the SBL, allowing diurnal shear associated with DWL dynamics to reach greater depths
compared to conditions without a front (Figure 8e and Figure 10e). This process exhibits
some analogy with the triggering of deep-cycle turbulence in the equatorial ocean by the
downward-propagation of shear bands induced by the presence of DWLs (Moum et al.,
2022), with the caveat that rotation effects play a more important role in our case. Our
simulations also show that both DWLs and the downward propagating shear bands are
characterized by strongly negative EPV (fg < 0) due to the strong ageostrophic shear
associated with the diurnal jet. This finding suggests that DWLs located in frontal regions
may be hotspots of SI, which deserved further investigation. This mechanism may contribute
to the redistribution of heat and nutrients within the ocean. Vice-versa, our simulations also
showed that frontal turbulence may feed back on DWLs by reducing near-surface vertical
shear and stratification through additional turbulence (Figure 8a, Figure 10a), resulting in
an overall reduction of DWL amplitudes. Field observations to substantiate this effect are
so far lacking, however.

Our study highlights the complex interactions between DWL and frontal dynamics in
the SBL. These processes, which are often not fully resolved in current ocean and climate
modeling systems, can play a critical role in the SBL dynamics and turbulence, as well as
the vertical transport of tracers. The cross-front density gradients, solar heating rates, and
wind speeds observed in our study are representative of many tropical regions (Figure 3a,b),
suggesting that the processes by which they interact may be common in tropical oceans that
experience strong solar heating and weak winds, particularly in eddy-rich environments. Our
study represents a first step in this direction, providing essential insights for developing more
accurate turbulence parameterizations in ocean and climate models that do not resolve both
DWLs and fronts (e.g., Fox-Kemper et al., 2008; Bodner et al., 2023).
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Appendix A Reconstruction of ® — S, relationship and its assessment

Due to the lack of full-depth salinity measurements from the mooring data, we recon-
structed the conservative temperature-absolute salinity (© — S4) relationship using CTD
data obtained from a glider operating near the mooring site. The reconstruction was based
on glider data collected within the depth range of -32 m to -28 m (Figure Ala), carefully
selected to closely match the depth of the mooring’s available CTD data at -30 m. This
alignment was critical for ensuring a robust comparison and validation of the reconstructed
© — S, relationship. The validation of this relationship was carried out through two inde-
pendent processes using both mooring and glider data.

First, a comparison between the estimated and observed ©® — S4 values at the 30-m
depth was performed (Figure Alb,c). This comparison resulted in a mean RMSE of 0.034
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g kg™" and a standard deviation of 0.007 g kg™", indicating strong concordance between the
estimated and observed salinity values. Second, to evaluate the applicability of the © — S4
relationship across different depths, it was applied to the upper 60 m of CTD data collected
by the glider to compute the square of the buoyancy frequency, N2, across the entire SBL
(Figure Ald). To ensure the robustness of our Ri estimates, we first cross-validated the N2
estimates derived from the mooring data against an independent glider dataset, as detailed
in the appendix. This comparison yielded a correlation coefficient of r = 0.91, indicating
that our mooring-based N? estimates, which are used to compute Ri, are reliable and have
minimal impact on the accuracy of the Ri values. This underscores the precision of the
method.
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Figure Al. (a) Glider data collected at depths between -32 m and -28 m (black circles) and the
corresponding derived linear © —S4 relationship (red line); (b) cross-validation of the glider-derived
linear © — S4 relationship against mooring © and S data at a depth of -30 m; (c) comparison
between the estimated Sa derived from moored temperature data at -30 m using the © — Sy
relationship and the observed mooring Sa data at the same depth; and (d) extended comparison
of the estimated square of the buoyancy frequency N? based on glider temperature data of upper

60 m against observed N? from glider CTD measurements at corresponding depths.
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Key Points:

« Based on high-resolution atmosphere and ocean models, we observe a decrease in
surface heat loss underneath atmospheric cold pools.

» Despite the presence of diurnal warm layers, the simulated surface fluxes are dom-
inated by a diurnal reduction of the mean trade winds.

» A shear-dispersion mechanism induced by the diurnal jet causes anisotropic hor-
izontal dispersion with diffusivities of order 10-100 m? s—!.
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Abstract

In the tropical ocean, diurnal heating and the formation of atmospheric convection
cells associated with local precipitation events, cold pools and wind bursts, have been
shown to impact air-sea exchange and the structure of the ocean surface layer. Here, we
use a high-resolution regional ocean model, forced by an atmospheric Large Eddy Sim-
ulation (LES) that explicitly resolves these processes in a realistic scenario in the trop-
ical north-east Atlantic Ocean, to study their impact on the ocean surface layer and pa-
rameterized air-sea fluxes. We find that the oceanic heat loss is, unexpectedly, reduced
in the presence of cold pools by on average 30 W m~2 due to the higher air humidity,
weaker mean winds, and increased cloud cover. Our results also show that the total non-
solar heat flux is dominated by the diurnal cycle of the trade winds, rather than by di-
urnal heating. In the ocean surface layer, local wind bursts, rain layers, and cloud shad-
ing induce a strong lateral variability in the strength and depth of Diurnal Warm Lay-
ers, questioning the local applicability of available bulk parameterizations. From a se-
ries of numerical tracer experiments, we identify a new shear-dispersion mechanism, in-
duced by the Diurnal jet, that is reflected in an extreme anisotropy of horizontal disper-

sion with diffusivities of order 10-100 m? s~ 1.

Plain Language Summary

We investigate the response of the ocean surface layer to heating by the sun and
the presence of cold pools, which are cold pockets of dense air that form when rain evap-
orates underneath a precipitating cloud, sink and cause wind burst at the ocean surface.
To study these processes in a model, high vertical and horizontal resolutions are needed.
Our ocean model simulates an area of 200x200 km situated in the trade wind zone, forced
at the surface by a high resolution atmospheric simulation. We study the surface fluxes
at the air-sea interface and find that the ocean loses less heat underneath cold pools be-
cause of higher air humidity, weaker mean winds, and increased cloud cover. Further-
more, we find that the diurnal decrease in mean wind is the most important factor in
the strength of the total surface flux. In the ocean surface layer, the diurnal jet, an in-
crease in surface velocity due to the daily heating of the near ocean surface, causes strong
horizontal dispersion in a preferred direction. Wind bursts, rain layers, and cloud shad-
ing also alter the structure and mixing of the surface layer, but on small time scales and
of overall less importance for oceanic transport.

1 Introduction

Forcing from winds, heating, cooling and rainfall have an immediate impact on the
oceanic surface layer, controlling the distributions of energy and momentum, and mod-
ifying the exchange with the atmosphere. Under weak wind and wave conditions, solar
radiation heats up the uppermost layers of the ocean, generating Diurnal Warm Layers
(DWLs) with a typical thickness of a few meters (Price et al., 1986; Fairall et al., 1996).
Similarly, high precipitation rates change the mixed layer salinity and lead to the for-
mation of thin Rain Layers (RLs) on top of more saline waters.

Both processes, DWLs and RLs, trap momentum through the generation of sta-
ble near-surface stratification. This results in an acceleration of these uppermost layers,
referred to as ”Diurnal jet” or "slippery layer” (Shcherbina et al., 2019). It also isolates
the layers underneath this energetic region from surface forcing, thereby suppressing ver-
tical mixing (Hughes et al., 2021; Moulin et al., 2018; Drushka et al., 2014; ten Doeschate
et al., 2019). While the impact of these processes on the vertical mixing of the surface
layer has been measured and modeled quite extensively, the three-dimensional structure
of DWLs and RLs induced by small-scale atmospheric forcing and the consequences for
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surface-layer dynamics and horizontal transport have rarely been investigated so far. This
will therefore be a central topic of our work.

Vice-versa, the atmosphere may respond to the surface layer conditions, in partic-
ular changes in sea surface temperature (SST) (Shevchenko et al., 2023), sea surface salin-
ity (SSS) (Lee & Hong, 2019) and surface velocity (Renault & Marchesiello, 2022). E.g,
some studies have found an increase of the heat flux from the ocean to the atmosphere
associated with the presence of DWLs, ranging from 2-5 W m~2, estimated from an ob-
servational study byMatthews et al. (2014), to 5-25 W m~2 on global average from cou-
pled high-resolution global simulations (Shevchenko et al., 2023). Brilouet et al. (2021)
find diurnal signals of up to 100 W m~2 in their modeling study of atmosphere-ocean
interactions in the tropics.

A similar change in surface flux is predicted during rain layer formation due to the
presence of atmospheric cold pools (Shackelford et al., 2022). The evaporation of rain
drops inside atmospheric convection cells induces a downward motion of cold air, gen-
erating atmospheric cold pools with a lateral scale of O(10) km. These regions of cold
air spread out radially when reaching the ocean surface, thereby triggering wind bursts.
There is evidence that both wind bursts and cold air lead to an increase in latent and
sensible heat fluxes towards the atmosphere (Brilouet et al., 2023). However, most model
studies lack the resolution needed in both atmosphere and ocean to resolve these small-
scale processes. It therefore remains unclear how the complex patterns associated with
atmospheric convection impact the ocean surface layer and affect ocean surface fluxes
under realistic conditions.

Here, we use a ultra high-resolution, realistic atmospheric Large Eddy Simulation
that explicitly resolves shallow atmospheric convection in a tropical region that was the
focus of the recent EUREC*A field campaign (Bony et al., 2017; Stevens et al., 2021).
From this simulation, we derive the surface forcing fields to run a high-resolution regional
ocean model, which we use to investigate the imprint of small-scale atmospheric features
on the three-dimensional structure of the ocean surface layer and atmosphere-ocean fluxes.
This is the first study that can quantitatively evaluate these small-scale processes, typ-
ically not resolved, in a realistic setting over a large area. Section 2 introduces the at-
mospheric simulations and the ocean model. Section 3 then focuses on the influence of
the above mentioned processes on the exchange between ocean and atmosphere. In Sec-
tion 4, we discuss the influence of DWLs, RLs and wind bursts on vertical mixing and
horizontal dispersion in the surface layer, before we draw some conclusions in Section
5.

2 Model Formulation
2.1 The Atmospheric Forcing

The atmospheric forcing fields were derived from a Large Eddy Simulation (LES)
for the tropical North-West Atlantic Ocean (Fig. 1a), based on the ICOsahedral Non-
hydrostatic (ICON) model (Schulz & Stevens, 2023; EUREC4A community, 2023). The
model follows the setup described in detail in Dipankar et al. (2015) and was initially
validated through a set of nested simulations over Germany in Heinze et al. (2017). It
runs on an icosahedral grid with a very high resolution of 312 m, therefore requiring nei-
ther deep nor shallow convection to be parameterized. Also, no subgrid-scale cloud frac-
tion parameterization is necessary. The 312 m simulation is one-way nested into a 624 m
ICON LES, with the SST interpolated continuously from hourly ERA5 SKT data (see
Schulz and Stevens (2023)). The 624 m simulation is initialized and forced hourly by a
storm-resolving simulation (ICON-SRM) with 1.25 km horizontal resolution. More de-
tails on the models can be found in Schulz and Stevens (2023).
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Figure 1. Overview map showing the size and location of the model domains off the coast of

South America. The black box in (a) represents the ocean model grid with an increase in grid

size towards the boundaries

(only every 10th grid line shown). The red box marks the bound-

ary of the ICON-LES with 312 m resolution. The inset (b) shows an enlarged view of the ocean
model domain with an example snapshot of the air temperature at 2 m height on 8 February at
09:50 local time. Black arrows in (b) show the wind speed at 10 m above the surface, representa-
tive of the constant trade winds that were present during the entire simulation period. Dark and

light blue squares in (b) mark the initial locations of the near-surface tracers discussed in Section

4.
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The LES was designed to complement the EUREC*A field campaign (Bony et al.,
2017; Stevens et al., 2021), focusing on the interplay between clouds and convection in
the downstream winter trades of the tropical North Atlantic during January-February
2020. Comparisons to observations in Schulz and Stevens (2023) showed that the 312 m
ICON-LES only slightly underestimates the observed average cloud amount and reliably
captures the variability and the diurnal cycle of the clouds. Precipitation was found to
be overestimated, but the variability was in good agreement with the observations. For
the study presented here, a sub-region of the 312 m LES with a size of ~200x200 km (see
black square in Fig. 1a) was selected to force a high-resolution numerical ocean model
for the 8-day period from 1 February 2020 00:00 UTC to 8 February 2020 00:00 UTC.

Local time corresponds to UTC-4 h with the solar maximum at 11:30 local time.
Characteristic of this time frame are solar radiation maxima of 800 W m~2, constant east-
erly trade winds ranging typically from 4 to 10 m s~! (the arrows in Fig. 1b show an ex-
ample of the wind field), and small, frequently occurring atmospheric cold pools asso-
ciated with sporadic wind bursts and precipitation events with rain rates of 4-18 mm h=!,
lasting for an hour or less.

2.2 The Ocean Model

In order to efficiently simulate the response of the ocean surface layer to the high-
resolution atmospheric forcing, a custom configuration for the open-source General Es-
tuarine Transport Model GETM (www.getm.eu) was designed. GETM solves the shallow-
water Boussinesq equations with an explicit free surface, coupled to transport equations
for temperature and salinity, on a surface-following high-resolution numerical grid. The
model domain covers the area 12.65-14.35°N and 55.35-53.65°W (see Fig. la). Inertial
periods in this area range from 54.6 h (f = 0.32-107* s71) to 48.4 h (f = 0.36-10~* s71).
The central part between 55-54°W and 13-14°N is resolved by 430 m. Towards the lat-
eral boundaries, the resolution is linearly coarsened to 3.9 km. Since high-resolution bound-
ary data were not available, double periodic boundary conditions are applied. This type
of boundary conditions, combined with the gradually coarsening numerical grid, turned
out to be sufficient to exclude any significant impact of spurious boundary effects on air-
sea fluxes and small-scale processes in the ocean surface layer that were the focus of our
study. To reliably resolve the complex vertical structure of DWLs and RLs (Schmitt et
al., 2024), the upper 200 m of the ocean are simulated by 300 layers with the vertical
resolution gradually increasing from 0.13 m at the surface to 1.43 m at depth. The lower
boundary is sufficiently below the surface mixed layer and the pycnocline to not have
a significant effect. In this study, the model time step is 1 min and the temporal reso-
lution of atmospheric data 5 min. Details of the numerical implementation can be found
in Burchard and Bolding (2002) and Klingbeil et al. (2018).

We follow the usual convention that u and v denote the velocity components in the
zonal and meridional directions, respectively, and that z is the vertical coordinate (pos-
itive upward) with z = 0 at the surface. The model is initialized with horizontally uni-
form temperature and salinity profiles based on the horizontal average of the HY COM
+ NCODA Global 1/12° analysis data (HYCOM Consortium, 2024) between 13-14°N
and 55-53°W on 1 February 2020 at 00:00 UTC. Fig. 2 shows the initial conditions, sug-
gesting a mixed layer of approximately 40 m depth, capped by a shallow halocline. The
rationale behind these horizontally homogeneous initial conditions is that they allow us
to exclusively focus on the imprint of the small-scale atmospheric forcing on the atmosphere-
ocean fluxes and small-scale processes in the ocean surface layer. These effects would have
been more difficult to identify from a model initialized with more complex hydrographic
fields, including, e.g., mesoscale and submesoscale features.

The vertical turbulent diffusivities of momentum, v, and tracers, v°, are computed
from an algebraic second-moment turbulence closure, based on the turbulence kinetic
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Figure 2. The initial profiles of temperature, salinity and density.

energy, k, and dissipation rate, ¢, from a k—e two-equation turbulence model (Umlauf

& Burchard, 2005; Canuto et al., 2001). Technically, GETM is coupled to the General
Ocean Turbulence Model (GOTM; http://wuw.gotm.net) that is described in detail

in Umlauf et al. (2005). In the context of this work, it is worth pointing out that a re-
cent high-resolution numerical study of Schmitt et al. (2024) showed, by comparison with
LES of the ocean surface layer, that this type of turbulence model provides an excellent
representation of the vertical structure and dynamics of DWLs.

The horizontal diffusivity of momentum, K, is determined from a Smagorinsky-
type model of the form

K = C’MAal:Ay\/((?mu)2 + 0.5(0yu + 0,v)% + (9yv)? (1)

where Az and Ay are the horizontal grid resolutions in the zonal and meridional direc-
tions, respectively. The constant Cy; = 0.11 is related to the constant Sm in Tab. 1 of
Fox-Kemper et al. (2008) via Cy/v/2 = (Sm/7)? and thus equivalent to Sm = 0.88,
which is close to their selected Sm = 1. Based on the horizontal momentum diffusiv-

ity in (1), we computed the horizontal diffusivities of heat and tracers by assuming a con-
stant horizontal Prandtl number, Pr; = 2, as in Holt and James (2006). Simulations
with Pr; = 1 showed no significant differences.

2.3 Computation of the Air-Sea Fluxes

The wind stress components, 7,/ and 7./, and the non-solar heat flux, Qys, are com-
puted from the Coupled Ocean—Atmosphere Response Experiment (COARE) version 3.0
bulk algorithm (Fairall et al., 2003; Kara et al., 2005). Although these parameterizations
are a standard in most ocean modeling applications, they are briefly summarized in the
following to support the interpretation of the results presented below.
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The non-solar surface heat flux Qs is defined as pointing downwards (positive val-
ues indicate ocean heating). Qys is the sum of the sensible heat flux Qsen, the latent heat
flux Q)at, and the net long-wave radiation Q1y:

Qns = Qsen + Qlat + Qlw . (2)

The sensible heat flux acts to reduce the gradient between the SST and the 10-m
air temperature 7,:
Qsen = pacpaCHUIO (Ta - SST) 5 (3)
where p, is the air density, c,, the specific heat of air, Cy the transfer coefficient of sen-
sible heat and Uy = (u2, + v3,)/? the wind speed (relative to the ocean surface cur-

rents) at 10 m above sea surface with — and y—components u1y and v1g (Fairall et al.,
2003; Kara et al., 2005).

Similarly, the latent heat flux has a tendency to reduce the gradient in humidity
between the ocean surface and the atmosphere via moisture evaporation:

Qlat = 7Lpwa 5 (4)

where L is the latent heat of evaporation, pg, the density of fresh water, and E the rate
of evaporation. Expressed in bulk parameters, this becomes

Qlat = paLCLUlO (Qa - qs) (5)

with the transfer coefficient of latent heat C,, the specific humidity ¢, at T,, and the
saturated humidity ¢s at SST (Fairall et al., 2003; Kara et al., 2005). Lastly, the net long-
wave radiation is the combination of the outgoing and incoming long-wave radiation. It
typically tends to cool the ocean and is assumed proportional to SST*—T r‘;d. Here, Tiaq
refers to the effective radiative temperature of the atmosphere, which includes adjust-
ments for the effects of cloud cover, atmospheric humidity and dew point depression on

T, (Josey et al., 2003).

The surface short-wave net radiation QY is calculated based on the fractional cloud
cover C' (here derived from the atmospheric LES), following the model by Rosati and
Miyakoda (1988):

Q% = Qo (1 — 0.62C + 0.00198)(1 — @) , (6)

with the total radiation, Qi.t, reaching the surface under clear skies, the solar noon al-
titude, 8, and the albedo, a. For the penetration of short wave radiation into the ocean,
we use the two-band absorption model of Paulson and Simpson (1977),

Qul2) = Q4 [Ae*/™ + (1 = A)ex/] | (7)

where 77 and 7y are attenuation lengths representing the long-wave and short-wave bands,
respectively, while A describes the relative amount of red light incident on the sea sur-
face. In this work, we prescribed A = 0.65, 71 = 0.8 m and 172 = 19 m to approxi-
mate a 1% light level at 25 m depth, shown to be characteristic of the region (Pitarch

et al., 2021).

3 Impact on Air-Sea Fluxes

The flux formulas presented in the previous section show that all non-solar heat
flux components are directly influenced by changes in temperature caused by DWLs, RLs
and cold pools. In addition, both latent and sensible heat fluxes depend on the wind speed
and are therefore modified by the wind bursts surrounding cold pools. However, most
model studies, even regional ones, do not use an atmospheric forcing with a resolution
high enough to include these processes, which is why their effect on the air-sea energy
exchange remains unclear. Here, we will therefore analyze the effects of cold pools, DWLs,
RLs and wind bursts on the components of the non-solar surface heat flux Q,s over the
8 days modelled in this high-resolution study.
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marks the region shown in Fig. 5.
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3.1 Spatial Variability

For the definition of cold pool areas, we follow the approach in Brilouet et al. (2023)

based on the temperature anomaly,

2,m = T2m - <T2m> 5

where (-) indicates the mean over the high-resolution central model area between 13-14°N
and 55-54°W marked in Fig. 3, and primes the deviation from the mean. Cold pool ar-

eas are defined as regions where

Fig. 3a shows an example snapshot of 75, on February 5 at 23:00 local time. This
example shows a typical situation found at any time in our data set, and represents all
the relevant processes we want to discuss. The cold pools are clearly visible as negative
temperature anomalies and, if they are in their earlier formation stages, coincide with
significant wind bursts and weak rainfall (see Fig. 3b and d).

Considering only the wind in regions with cold pools, we define the cold-pool wind

anomaly,

Uep = Uro — (Ur0)ep »

T, < —0.3°C.
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Figure 4. The model domain on 5 February, 23:00 local time with (a) the total non-solar heat

flux, (b) sensible heat flux, (c) latent heat flux, and (d) net long-wave radiation. Gray lines mark

the center area of high model resolution. The black box in (c) marks the region shown in Fig. 5.

where (U1g)ep = ((u10)2, + (v10)2,)'/? is the magnitude of the winds averaged across

all cold pool areas. This definition highlights areas of positive and negative wind anoma-
lies within cold pools, which influence the strength of the non-solar heat fluxes under-
neath cold pools as discussed in more detail in the following. Due to the constant trade
winds present in this study, all cold pools are moving from east to west. In the follow-

ing, we will therefore refer to the western edges as the ”leading edges” of the cold pools,
and similarly to the eastern edges as the ”trailing edges”. The largest positive wind anoma-
lies, visible as red areas in Fig. 3c, are located on the leading edges of the cold pools, whereas
negative wind anomalies are observed on their trailing edges. This is in line with find-
ings of Brilouet et al. (2023), and can be explained by the superposition of radially ex-
panding wind burst and (nearly) constant easterly trade winds.

The impact of the small-scale atmospheric variability on the surface heat fluxes be-
comes clearer from Fig. 4, showing @, and its components for the same time step. Here,
more negative values indicate a stronger oceanic heat loss (cooling). Interestingly, the
highest heat losses with the most negative Q. are found in areas without cold pools in
the northern part of the high-resolution central model area, as well as at the leading edges
of the cold pools, where trade winds and cold-pool wind bursts are aligned (U., > 0
in Fig. 3c).

The largest contribution to Qs with approximately 60% of the total heat flux comes
from the latent heat flux Q¢ shown in Fig. 4c. The behaviour of @1, is similar to that
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of Qns, which are both most negative (largest cooling rates) on the leading edges of the
cold pools, where cold-pool wind bursts and trade winds align. In these regions, we have
U, > 0, which is reflected in a larger heat loss according to (5). This is evident more
clearly from Fig. 5, which shows an enlarged view of a selected cold pool from Fig. 4c,
overlaid with the contours of the wind anomaly Uc'p. This figure also shows that on the
trailing sides of the cold pools, where wind bursts oppose the trade winds, we find Uép <
0 and thus a reduction of the cooling rate. The net effect of these opposing trends in-
side cold pools is unclear and will be investigated in more detail in the next section.

The long-wave heat flux (Fig. 4d) has the second largest contribution to the total
surface heat flux with approx. 35%. The loss of long-wave heat from the ocean is reduced
underneath cloud cover, which is shown by the bright yellow pattern in Fig. 4d. Cloud
cover mostly coincides with the presence of cold pools, but is not strictly limited to it,
as also seen by the presence of high clouds in the time series analysis that follows this
section.

Lastly, the sensible heat flux Qsen (Fig. 4b) has the smallest contribution to total
Qns (approx. 5%). The strongest sensible heat loss with the largest negative values is
inside cold pool areas. Over the entire model run, the mean atmosphere temperature T,
is approx. 1°C colder than the SST. The drop in air temperature within cold pools there-
fore leads to a larger T, —SST difference and increases the sensible heat loss. Largest losses
coincide here with the presence of precipitation, often found at the center of the cold pools.

3.2 Diurnal Variability and Net Impact of Cold Pools

To understand the mechanisms determining the temporal variability of the heat
fluxes, in the following we analyze the non-solar surface heat flux components within and
outside cold pools over the entire model run. We only include the central area of high
resolution (marked in Fig. 3 and 4 by the gray square) in this analysis to exclude bound-
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ary effects and under-resolved cold pools in the surrounding halo region with gradually
expanding grid spacing. Furthermore, we exclude the first 24 hours, i.e. one diurnal cy-
cle, of spin-up time from our analysis.

Fig. 6 shows the mean fluxes over different areas of the central model area. From
the first two panels, it becomes clear that the mean (Q,s) is dominated by changes in
mean wind speed over the 8 day model run. Throughout the simulation period, SST shows
a clear diurnal signal that is indicative for the prevalence of DWLs even during periods
with strong winds > 8 m s~! observed in the second half of the simulation period. DWL
amplitudes range from 0.1 to 0.4°C and match well with the DWL scaling relations re-
cently derived by Schmitt et al. (2024) (red crosses in Fig. 6a). This scaling, based on
Price et al. (1986), calculates DWL depth, bulk temperature and bulk velocity for two
points in time, midday and the diurnal maximum, across a large physical parameter space,
taking surface fluxes, latitude, waves and water type into consideration. In this simu-
lation, the diurnal maximum occurs between 14:00 and 14:30 local time, which is 2.5 to

3 h after the solar maximum, about half an hour earlier than the predicted timing in Schmitt

et al. (2024). The difference could be due to variations in the wind speed, which were
not taken into account in the idealized model of Schmitt et al. (2024).

As mentioned earlier, the mean atmosphere temperature T, is approx. 1°C colder
than the SST. For this reason, an increase in the SST due to diurnal warming increases
the T, — SST difference and is therefore expected to increase the heat loss due to the
latent and sensible heat flux components of the total surface flux. However, we observe
the opposite instead. This peculiar behavior is explained by the reduction in mean wind
speed by 2-3 m s~! during daytime (Fig. 6a), which over-compensates the effect of in-
creased SST according to the transfer functions in (3) and (5). A decrease in wind speed
during daytime is a common feature in the trade wind zone and has also been observed
during the EUREC*A campaign (Savazzi et al., 2022). The mechanism behind it is not
fully understood, but is believed to arise either because of pressure variations, solar at-
mospheric tides (Ueyama & Deser, 2008), or a stronger organization of the inner trop-
ical convergence zone at nighttime, resulting in stronger trade winds (Ruppert & Ho-
henegger, 2018). As a result, we can not clearly distinguish the influence of DWLs and
the associated diurnal increase in SST on the heat fluxes our simulations.

To systematically investigate the effect of the wind burst triggered by the cold pools
on the non-solar heat flux @, we first distinguish between cold pool areas with U, >
0 (wind bursts aligned with trade winds) and areas with U, < 0 (wind bursts oppos-
ing trade winds). Fig. 6b shows that the alignment of wind bursts with the trade wind
has a strong effect on Q,s, with an averaged difference of approximately 40 W m~2 be-
tween cold-pool regions aligned with and opposing the trade winds, respectively. This
difference is typically larger than the averaged sensible heat flux shown in Fig. 6c.

However, when averaging over all cold pool areas (blue line in Fig. 6b), the oceanic
heat loss due to non-solar fluxes is generally smaller compared to the areas outside of
cold pools (green line) by on average 30 W m~2. This is in contrast to Brilouet et al.
(2023), who find no clear impact on @, for their entire cold pool population or, when
looking at only active cold pools, an increase in heat loss of approximately 30 W m™2.
In the following, we analyze the reasons for this unexpected decrease we observe by in-
specting the different flux components.

The average Q1,¢ in Fig. 6d behaves similarly to the total surface flux, with a clear
increase in heat loss in the areas where U, > 0, However, when averaging over all cold
pool areas, there is either no difference to the outside area, or a significant reduction.
When averaged over the entire time series, the difference between the blue and the green
lines, representing the reduction of oceanic heat loss by Q. in the presence of cold pools,
is 15 W m 2. This reduction is explained by the higher air humidity ¢, within the cold
pools that decreases evaporation and therefore, according to (5), the magnitude of Q)at.
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Moreover, in our simulations, the mean wind, which increases heat loss, is higher out-
side of the cold pool areas because of slackening winds in the wake of a cold pool. This
finding is supported by the climatology of trade wind cold pools presented in Vogel et

al. (2021), who also note the occurrence of pronounced negative values of the wind speed
anomaly after the passage of a cold pool.

Cooling due to the sensible heat flux Qsen (Fig. 6¢) is clearly increased within cold
pools by an average of 9 W m~2 compared to the ambient regions. Here as well, the strongest
heat loss is on the leading edge where U, > 0. In contrast, there is a strong reduction
of surface cooling by the net long-wave heat flux Qi inside cold-pool areas (Fig. 6e) be-
cause of the effects of cloud cover and humidity on Ty,4. The average reduction over all
days, i.e. the difference between the green and blue line in panel (e), is 24 W m~2, which
cancels out the 9 W m~2 heat loss increase of Qs.n and leaves a total average oceanic
heat loss reduction of 15 W m~2 in the presence of cold pools for Qiy+Qsen. As a side
note, the overlap of all averages between 4-5 February in Fig. 6e is explained by the pres-
ence of high clouds that block nearly the entire model area, independently of the 10-m
winds and cold pools regions. This shows that Q) is not only influenced by cold pools,
but also by more complex atmospheric patterns at high altitudes.

Overall, we conclude that the presence of cold pools results in a net reduction of
ocean surface cooling associated with the non-solar heat flux Q5. Three different effects
contribute to this surprising behavior: (i) areas with cold pools are characterized by higher
humidity, reducing that latent heat loss shown in Fig. 4c and Fig. 6d; (ii) areas with cold
pools also have higher cloud cover, increasing atmospheric long-wave back radiation, and
therefore reducing the net long-wave heat loss to the ocean as shown in Fig. 4d and Fig. Ge;
and (iii) the cold pool areas are typically characterized by lower mean wind speeds in
our study, thus reducing the latent heat loss (Fig. 4c and Fig. 6d). The increase in sen-
sible heat loss in the presence of cold pools and the increase on the leading edges due
to positive wind anomalies is hereby negligible. In additions to changes in the non-solar
heat fluxes, we also observe a reduction in the surface short wave radiation in areas with
cold pools by on average 25% due to cloud shading.

4 Impact on Ocean Surface Layer Processes

In addition to changing both the solar and non-solar fluxes at the air-sea interface,
the presence of diurnal heating, rain and cold pools can also impact small-scale processes
in the ocean surface layer. While the influence of stabilizing DWLs and RLs on verti-
cal processes has been observed and modelled quite extensively (Shackelford et al., 2022;
Moulin et al., 2018; Brilouet et al., 2023), the three-dimensional structures and processes
that affect mixing and dispersion in the ocean surface layer, requiring high-resolution mod-
els and atmospheric forcing fields, has received much less attention. To address this gap,
in the following, we will analyze the impact of small-scale atmospheric forcing on trans-
port and mixing in the ocean surface layer.

4.1 Variability of Mixing Coefficients

The example shown in Fig. 7Ta,b again highlights the extreme small-scale variabil-
ity in wind forcing and the effect that precipitation has on the surface salinity, where mul-
tiple small RLs of varying intensity form. Having investigated the effect that this vari-
ability has on the surface fluxes in the previous section, we will now focus on the impact
of this forcing on small-scale processes in the ocean surface layer. Fig. 7c shows that wind
burst leave a clear imprint on the near-surface horizontal subgrid diffusivity K, that,
according to (1), can be traced back to burst-induced shear in the near-surface currents.
Similarly, also the near-surface vertical diffusivity v, is increased in areas with high K,
due to an increase in vertical shear instability underneath wind bursts (see Fig. 7d). This
increased vertical mixing takes place at the outer edges of the cold pools, while, at the
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same time, near-surface stratification induced by RLs in the center of the cold pools re-
duces v¢. The overall impact of these partly competing effects on horizontal and verti-
cal mixing and dispersion is unclear and will therefore be the focus of the following in-
vestigations.

The small-scale atmospheric forcing also leads to an unexpected lateral variabil-
ity in DWL temperature and thickness distribution, as evident in Fig. 8a that shows a
meridional cross-section (indicated by the dashed line in Fig. 7) across our study area.
The small-scale variability in the atmospheric forcing is reflected in an extreme variabil-
ity of the DWL thicknesses from 3 m to 10 m, approximately, and a factor two variabil-
ity in DWL bulk temperatures. In view of the excellent agreement between regionally
averaged DWL bulk parameters and those predicted by available DWL bulk parameter-
izations (see Fig. 6a), this is a surprising finding, suggesting a limited local applicabil-
ity of these parameterizations in regions with a strong variability in the atmospheric forc-
ing. The small-scale variability in DWL properties is also directly mirrored in a variabil-
ity of the horizontal and vertical mixing coefficients (Fig. 8c,d), with possible consequences
for ecosystem processes. The impact of the stronger RLs on the mixing coefficients can
be clearly discerned (Fig. 8b,d) but, due to the weakness of the precipitation events in
our study, only has a small and transient effect in the uppermost part of the surface layer.

It is worth noting that any low-pass filtered surface forcing, which would resem-
ble the typical atmospheric forcing fields used in regional or high-resolution global mod-
eling studies, would not capture the lateral variability discussed above. To investigate
the overall impact of the small-scale variability in the surface-layer properties and pro-
cesses on mixing and dispersion, we conducted several tracer release experiments that
will be described in the following.

4.2 Tracer Experiments

Four tracer patches with an initial size of 3.56 km x 3.56 km in the horizontal were
released in the surface layer at different locations of the model domain (dark blue squares
in Fig. 1b) at the start of the simulation to gain information about the spatial variabil-
ity of tracer dispersion. Initial tracer concentrations inside these patches were set to ¢y =
1 in the upper 30 m of the water column, slightly shallower than the initial mixed layer
depth (see Fig. 2). All tracers were vertically mixed over the entire mixed layer depth
within the first hour after initialization due to strong nighttime convection, suggesting
that their subsequent evolution represents the surface-layer bulk dispersion character-
istics. The horizontal scale of the initial tracer patches was chosen to represent a grid
size typical for regional and high-resolution global models. Our goal here is to use our
ultra high-resolution simulations to gain insights into ocean processes that would be ”sub-
grid” in such coarser-resolution models in terms of both atmospheric forcing fields and
ocean surface-layer processes.

Fig. 9a shows an example of the temporal evolution of the (normalized) vertically
integrated tracer concentrations C' = [edz/ [ ¢odz for one of the tracer patches over
the simulation period of 8 days (all four tracer patches behaved similarly during this pe-
riod). Here, for greater clarity, the shape of the evolving tracer cloud is approximated
by elliptical fits (details below). Despite prevailing winds from easterly and north-easterly
directions during the simulation period, we find that all tracer patches were advected
north-west, clearly indicating the relevance of Ekman effects. The total advected distance
was 47.3 km when averaged over all tracer patches, corresponding to an average advec-
tion speed of 0.073 m s~'. The mean advective tracer transport was super-imposed by
inertial oscillations with a period Ty ~ 50 h and inertial displacements of 2-3 km. Most
importantly, however, all tracer patches experienced a strongly anisotropic spreading in
the horizontal with the largest spreading rates found along a direction oriented approx-
imately 15-25 degrees to the right of the mean wind direction. In the following, we will
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Figure 8. Cross section along 54.8°W with (a) temperature, (b) salinity, (c) horizontal sub-
grid diffusivity, (d) vertical turbulent diffusivity.
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analyze the reasons for this anisotropic spreading and estimate the corresponding hor-
izontal diffusivities.

Our analysis will be based on the equation for two-dimensional anisotropic diffu-
sion of the (normalized) vertically-integrated tracer concentration,
oC 0 oC 0] oC
—_— - Ki— | — = |Ky—| =0,
ot 0z { 833} ay [ Y 0 ]

(11)

where K; and K are the spatially constant diffusivities in the time-dependent direc-
tions of & and ¢ (that are generally different from the zonal and meridional directions
z and y). Assuming that the normalized tracer concentration in each patch has a total
mass M and a Dirac delta distribution at time ¢ = 0 (our initial tracer distributions
are only an approximation to this), the diffusion equation in (11) has a known solution

of the form
M 72 y?
C=— — 12
2mo50y <P ( 202 205 ’ (12)

corresponding in shape to an anisotropic Gaussian distribution in & and ¢ with variances
0; = 2K;t and o} = 2Kt respectively. From these relations, it is clear that the dif-
fusivities can be computed from the observed spreading rates according to

13033 _

Kip= A 13

To obtain estimates for the variances 02 and ag (and thus the diffusivities K; and
Ky), we fitted a 2D Gaussian distribution to the (normalized) depth-integrated tracer
concentration C for each time step. The fitting algorithm uses a non-linear least-squares
approach, which provides estimates for o; and oy, the positions of the centers of the tracer
patches (reflecting bulk advection), and the rotation angles of the ellipses’ major axes.

The time evolution of the fitted 2-0 confidence ellipses for Tracer 1 (marked with
”1” in Fig. 1b) is shown in Fig. 9a as an example for all tracers. Since the tracer is re-
leased as a square patch initially, the Gaussian distribution fit starts off as a circle with
equal standard deviations oz = o3. Within the next days, however, the ellipses start
to stretch and rotate out of the wind direction, while the entire tracer patch is advected
north-west. Over the 8 days of the model run, Fig. 9b indicates very little growth in the
y-direction when compared to the strong spreading observed along the major Z-axis. The
growth of o3 occurs intermittently with the largest spreading rates observed each day
during the afternoon and evening hours, followed by a nighttime plateau with strongly
reduced (and sometimes even slightly negative) spreading rates.

To investigate this peculiar spreading behavior in more detail, we focus on the tracer
distributions during two selected points in time on 2 February, on which the diurnal vari-
ability of tracer spreading was particularly pronounced: (i) in the afternoon at 16:00, when
the tracer spreading was strongest and (ii) at midnight, when the tracer spreading had
stopped and the nighttime plateau in the spreading curves was reached. These two points
in time are marked in Fig. 9b.

Fig. 10a,b shows the surface tracer concentrations, cs, at these two points in time.
Also shown are, for comparison, the Gaussian fits to the tracer clouds at the surface and
at z = —30 m. At 16:00, the Gaussian ellipses indicate a strong relative displacement
by approximately 2.4 km between the tracer patches at the surface and at 30 m depth,
respectively, along the ellipse’s major axis. The reasons for this displacement become clearer
from Fig. 10c, showing the vertical distributions of the tracer concentrations and cur-
rent velocities interpolated onto the major axes from Fig. 10a. Fig. 10c shows a clear
signature of the diurnal jet in the upper approximately 10 m, indicating the trapping
of momentum inside the DWL that is still fully developed at 16:00 (see SST anomalies
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in Fig. 6a). In our simulations, the diurnal jet forms at approximately 10:00 local time,
and reaches its maximum velocity roughly 6 hours later, at around 16:00. The observed
horizontal displacement of surface tracers by 2.4 km after 6 hours requires an average

bulk velocity of 0.11 m s™! relative to the underlying waters, which is consistent with

the velocities shown in Fig. 10c. At the same time, vertical mixing is confined to the DWL
(Fig. 10e), suggesting a decoupling of the laterally advected tracer inside the DWL from
the underlying waters.

While the tracer distributions at any given depth level are hardly distorted, this
differential advection process is clearly reflected in a stretching of the vertically integrated
tracer patch in the direction of the diurnal jet, or, mathematically, in an increase in o,
as observed in Fig. 9b. In the evening hours, the radiative buoyancy forcing ceases, and
eventually nighttime convection starts to support wind-driven near-surface turbulence,
and thus entrainment and DWL deepening (see Schmitt et al., 2024). As the vertical dif-
fusivity increases (Fig. 10f), the DWL expands downward and the tracer is homogenized
across the entire surface layer. Vertical mixing, however, does not change the horizon-
tal distribution of the vertically integrated tracer concentrations, which explains the night-
time plateau in the horizontal spreading rates found in Fig. 9b.

In addition to this stretching of the tracer patch, Fig. 9a,b also shows a rotation
of the major axis of the tracer patch to the right of the mean wind direction (average
winds during the lifetime of the DWL on this day were almost perfectly from East). As
shown by the following simple computation, this angle reflects the Ekman-induced veer-
ing of the diurnal jet out of the wind direction. It is easy to show (see, e.g., Hughes et
al., 2020) that the transports into the wind direction, ¢, and to the right to of the wind,
V), are given as
. T
o] sin( ft) and 1% o] [cos(ft) — 1] , (14)
where 7% is the wind stress and py a constant reference density. Integrating the trans-
ports in (14) in time yields an expression for the angle ¢ between the wind stress and
the direction in which the tracer has been displaced by the diurnal jet,
i o er -
tan ¢ = Jo Yt _ sin(ff) — /i : (15)
fg uds  cos(ft)—1

T’LU

Z/{:

where # is the time that has passed since the formation of the jet. The expression in (15)
predicts ¢ = 13 degrees for £ = 6 hours. The observed angle at which the near-surface
tracer cloud was displaced between the formation of the diurnal jet at 10:00 and 16:00
(Fig. 10a) was 14.8 degrees, in fair agreement with the prediction. Eq. (15) predicts a
nearly linear increase of ¢ with time, suggesting an increasing veering of the ellipse’s ma-
jor axes out of the wind direction also at later times. This is consistent with increased
rotation angle visible at midnight (Fig. 10b) after the DWL has ceased to exist.

Overall, the above results show that horizontal tracer spreading is largely a result
of a DWL-induced shear-dispersion mechanism, combining differential tracer advection
due to the presence of DWLs during daytime with nighttime vertical mixing. To quan-
tify this process, we applied a discretized version of (13) based on the 24-h averaged vari-
ances shown in Fig. 9b. The results, averaged over all four tracer patches, are compiled
in Tab. 1, showing that K; is O(10) m? s, i.e. 10-30 times larger than K, emphasiz-
ing the strongly anisotropic nature of DWL-induced tracer dispersion.

There is also a significant increase in 02 during nighttime on 6-8 February when
wind speeds exceeded 8 m st (see Fig. 9b ). This nighttime spreading is obviously not
DWL-induced and can be traced back Ekman-driven shear-dispersion in the unstrati-
fied near-surface region. We computed a diffusivity of K; = 7.3 m? s~! based on the
increase of o from 6 February 23:00 to 7 February 11:00 (blue area in Fig. 9), when Ekman-
driven shear dispersion was particularly pronounced. This value is almost an order of
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Table 1. 24-hour averaged horizontal diffusivities, averaged over all 4 tracers patches shown in
Fig. 1b.

K; m? s7!] Ky [m? s71]

Day 1 18.0 0.85
Day 2 17.66 0.81
Day 3 16.47 1.53
Day 4 28.71 1.4
Day 5 29.53 0.5
Day 6 23.68 0.23

magnitude smaller than the DWL-induced K; = 55.6 m? s~! for the previous day (yel-
low area, 11:00-23:00 local time), underlining the relevance of DWLs for lateral disper-
sion in the surface layer.

For a simple parameterization of the diffusivities caused by the diurnal jet over a
period of 24 h, we suggest

1002  1d(1/2)* I+ AD2—12 1A+ Al LAl
Y20t 2 dt At T8 At T 4Ar
where [ is the length of the major axis and Al the increase of [ caused by the diurnal jet
transport over At = 24 h (in the last step, we assumed Al/l < 1). Al can computed
if the representative jet bulk velocity T and duration # are known. For example, T = 0.05 m s~
and ¢ = 12 h with an initial { = 4 km (similar to Day 2 shown in Fig. 10) gives K; =
25 m? s~! which is close to the fitted K; = 18.0 m? s~! in Tab. 1. If the bulk veloc-
ity is unknown, it can be approximated using the DWL bulk scaling in Schmitt et al. (2024)
that incorporates the surface buoyancy forcing, latitude and water clarity. While this
simply analysis provides a robust order-of-magnitude estimate of the tracer spreading
rates along the main axis, the minor-axis spreading rates are more difficult to quantify.

As small-scale processes not associated with the diurnal jet do not have a significant im-
pact on tracer spreading, as shown in the following, it is likely that tracer spreading in
this direction is associated with the veering of the diurnal jet out of the wind direction
after DWL formation.

- (16)

In order to quantify the impact of the small-scale atmospheric variability (especially
regarding the effect of cold pools and associated wind bursts and RLs) on horizontal tracer
dispersion, we conducted another short-term tracer release on 8 February between 08:00
and 20:00 local time. This period was characterized by an unusual cold pool distribu-
tion, which turned out to be ideal for this purpose. From midday to late evening, all cold
pools remained confined to the northern half of the model domain while the southern
part of the domain was cloud- and cold pool-free (see Fig. 1). One tracer was therefore
released in the northern part of the domain where it experienced several cold pool and
wind burst crossings, while, for comparison, the other tracer was released in the south-
ern part where it was not influenced by any cold pools (see the light blue squares in Fig. 1b).

Despite these different settings, there was no visible difference in tracer patch evo-
lution, and calculated 12-hour average horizontal diffusivities based on the fitted nor-
mal distributions (not shown) resulted in very similar values. We found the explanation
for this in the horizontal resolution of our model and the time scales of the relevant pro-
cesses. Fig. 11 shows two snapshots of the northern tracer patch and the surface veloc-
ities 10 minutes apart during the crossing of a cold pool. While the wind bursts asso-
ciated with the cold pool showed a clear imprint on the surface velocities, the lifetime
of these velocity anomalies, corresponding to the duration of the cold-pool crossing, was

too short to have a significant effect. On average, the burst-induced velocities of O(0.1) m s~!
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Two snap shots 10 minutes apart of (a,b) surface tracer concentration, (c,d)

only persisted for 10-15 minutes at the location of the tracer patch, corresponding to an
advective length scale of approximately 0.1 m s~! x 15 % 60 s= 90 m, which is not re-
solved in this model configuration. Beyond their potential direct advective impact, burst-
induced velocity anomalies also induce small-scale horizontal strain, which, according to
(1), will be mirrored in an increased subgrid-scale dispersion rate. The increase in Ky,

at the surface due to the cold pool crossing is again very pronounced (Fig. 11e,f), but

of a smaller magnitude than the DWL-induced diffusivities derived earlier (Tab. 1). We

conclude that tracer dispersion is only marginally influenced by cold pools.
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5 Discussion and Conclusions

Based on a high-resolution regional ocean model for the tropical north-east Atlantic
Ocean, we investigated the ocean surface layer’s response to ultra high-resolution atmo-
spheric forcing fields from LES, explicitly resolving atmospheric convection, cold pools
and associated local rain patches, wind bursts, and cloud shading effects. These LES ac-
companied a large-scale field campaign in the study area (Bony et al., 2017) and pro-
vide a realistic, high-resolution representation of the key atmospheric processes in this
region (Schulz & Stevens, 2023).

From these simulations we found an overall reduction of the oceanic heat loss un-
derneath cold pools by 30 W m~2, which is explained by the higher air humidity, reduc-
ing the latent heat loss, a reduction in mean winds induced by a cold-pool blocking ef-
fect, and stronger long-wave back radiation from increased cloud cover. Our result con-
trasts a recent publication by Brilouet et al. (2023), who find no clear influence of cold
pools on their surface fluxes, or, in the case of active cold pools surrounded by wind bursts,
an increase in heat loss by 30 W m™2. We suspect that these different findings can be
explained by the magnitude of the background wind field, which is one of the main drivers
of the latent and sensible heat fluxes. Simulations in Brilouet et al. (2023) were located
in the tropical Indian Ocean with mean background winds of approximately 1-2 m s=!,
significantly smaller than typical wind speed anomalies induced by cold pools. Their cold-
pool wind bursts therefore had a stronger relative impact compared to our study with
5-11 m s—! background trade winds. This suggests that the influence of cold pools on
the surface heat fluxes is not universal, and may differ regionally, depending on back-
ground wind conditions.

The radiative and atmospheric forcing in our simulation became most clearly vis-
ible in the evolution of DWLs in the upper few meters of the surface layer, similar to many
other studies of the tropical ocean. Previous investigations in other tropical regions like
the Indian Ocean suggested that the increased atmosphere-ocean temperature contrast
induced by the presence of DWLs increases the ocean heat loss to the atmosphere (Matthews
et al., 2014; Brilouet et al., 2021). While this effect seems obvious from the flux param-
eterizations summarized in section 2.3, we did, however, not see a clear signature of it
in our simulations. A more detailed analysis showed that the evolution of DWLs in our
simulations co-occured with a slight reduction of the trade winds during daytime (Fig. 6a),
which over-compensated the impact of the DWLs on the heat flux (Fig. 6b). The un-
derlying mechanisms for this reduction in wind speeds are not fully understood at the
moment but the phenomenon is widely observed in the trade wind zone (Savazzi et al.,
2022). This suggests that the impact of DWLs on the air-sea fluxes may be overestimated
in studies ignoring this effect.

While the impact of DWLs on the air-sea fluxes turned out to be not significant
in our simulations, we found that the small-scale variability in the atmospheric forcing
(cold pools, wind bursts, rain patches) induces a strong lateral variability in DWL prop-
erties, most notably a factor-3 variability in DWL thicknesses and a factor-2 variabil-
ity in DWL temperature anomalies. This lateral variability is also seen in the vertical
diffusivities with possible ecosystem implications.

Additional simulations focusing on the lateral dispersion of km-scale tracer patches
in the surface layer showed that the small-scale atmospheric variability only had a neg-
ligible effect on the tracer spreading rates. These simulations, however, also revealed a
new shear-dispersion mechanism with an advective component associated with the di-
urnal jet and a mixing component associated with nighttime convection. This mecha-
nism, which is likely a subgrid-scale process even in regional and high-resolution global
simulations, results in an extreme anisotropy of horizontal tracer spreading, determined
by the direction of the diurnal jet, with net horizontal diffusivities of 16-30 m? s~ along
the major axis. For comparison, diffusivities associated with baroclinic mixed layer in-
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626 stabilities in the vicinity of submesoscale surface layer fronts are in the range 1-100 m? s—!

627 according to Fox-Kemper et al. (2008), which is of the same magnitude. Tracer spread-
628 ing due to classical Ekman-induced shear dispersion at nighttime is almost an order of
629 magnitude weaker than DWL-induced shear dispersion. The increased horizontal trans-
630 port and mixing in the presence of a DWL, which is not resolved in most regional model
631 studies and has not received much attention yet, also has implications for the transport
632 of particles like e.g. micro plastics and other marine debris (van Sebille et al., 2020).

633 This study solely focused on the response of the ocean surface layer to prescribed
634 atmospheric forcing. While this approach has highlighted a number of new processes as-
635 sociated with the small-scale atmospheric variability that is not resolved in typical forc-
636 ing fields used in ocean modeling, it does not account for potential feedbacks between
637 the ocean and the atmosphere. Future studies with focus on atmosphere-ocean interac-
638 tions will require a coupled model system, e.g. Bauer et al. (2021) and Brilouet et al.

639 (2023).

640 6 Open Research

641 The LES simulation output that accompanies the EUREC*A campaign is freely

642 available and can be easily accessed via the EUREC*A-Intake catalog via doi: 10.5281/zen-
643 0d0.8422322 as described at howto.eurecd4a.eu (EUREC4A community, 2023). The GETM
644 source code used for this work is archived at doi: 10.5281/zenodo.12805570 (Klingbeil,

645 2024). The Global Ocean Forecasting System (GOFS) 3.1 41-layer HYCOM + NCODA

646 Global 1/12° Analysis output is publicly available at http://hycom.org (HYCOM Con-

647 sortium, 2024). Funding for the development of HYCOM has been provided by the Na-

648 tional Ocean Partnership Program and the Office of Naval Research. Data assimilative

649 products using HYCOM are funded by the U.S. Navy. Analysis and plotting scripts are

650 archived at doi: 10.5281/zenodo.13323002 (Schmitt, 2024). For the fitting in Section 4,

651 the scipy.optimize.curve_fit function created by the SciPy community was used.
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Abstract This manuscript presents a study of oceanic diurnal warm layers (DWLs) in kilometer-scale
global coupled simulations and their impact on atmospheric convection in the tropics. With the implementation
of thin vertical levels in the ocean, DWLs are directly resolved, and sea surface temperature (SST) fluctuations
of up to several Kelvin appear in regions with low wind and high solar radiation. The increase of SST during
the day causes an abrupt afternoon increase of atmospheric moisture due to enhanced latent heat flux (LHF),
followed by an increase in cloud cover (CC) and cloud liquid water (CLW). However, although the diurnal

SST amplitude is even exaggerated in comparison to reanalysis, this effect only lasts for 5-6 hr and leads to an
absolute difference of 1% for CC and 0.01 kg m~2 for CLW. This can be explained by the fact that the low wind
over the SST anomalies dampens their potential effect on the LHF and hence clouds. All in all, the impact of
DWLs on convective CC is found to be negligible in the tropical mean.

Plain Language Summary The diurnal fluctuations of sea surface temperature (SST) have

been extensively studied for the last decades, but the assessment of the importance of this phenomenon for
atmospheric convection on the global scale has come within reach only very recently, thanks to the development
of simulations with a horizontal resolution of O(1 km). In this manuscript we show that we can indeed observe
an impact of SST fluctuations on moisture in the atmosphere. However, the impact on the amount of clouds in
the tropics is found to be short-lived and its magnitude negligible on average.

1. Introduction

Diurnal sea surface temperature (SST) anomalies and their interplay with the atmosphere and in particular with
the diurnal cycle of convection have been an object of study for many decades. In this study, we investigate this
connection for the first time using simulations that can explicitly resolve both the diurnal temperature variations
in the ocean and convection in the atmosphere on a global scale.

Diurnal variations in SST have already been described in Sverdrup et al. (1942). Since then, there have been
numerous studies describing the physics and the conditions of appearance of diurnal SST variations, the seminal
work by Price et al. (1986) being the first detailed description of this phenomenon. Under low-wind conditions
and with sufficient insolation, a stable near-surface layer forms during the day in the upper layers of the ocean
(until the depth of O(10 m)) that leads to a surface warming of up to 5 K (see Wick and Castro (2020)). In the
absence of solar radiation during the night, the stratification dissolves as vertical turbulent mixing takes overhand,
until a homogeneous mixed layer is restored. The physics of this phenomenon is described in detail in a mono-
graph by Soloviev and Lukas (2013). This stratified, warm layer is known as diurnal warm layer (DWL) and it
is ubiquitous in all latitudes, causing SST fluctuations of 0.2 K or more in the entire Northern hemisphere and
beyond during boreal summer (see Gentemann et al. (2003)). A comprehensive discussion of its definition and
properties can be found in a review by Kawai and Wada (2007). In particular, the authors of the review point out
that the presence of DWLs in observations as well as in single column simulations leads to stronger latent and
sensible heat fluxes. As surface fluxes connect the surface to the atmospheric boundary layer and since changes
in boundary layer properties affect the development of convection, the question of the impacts of DWLs on
atmospheric convection arises.

Investigating this question in models requires both fine enough vertical resolution in the ocean, to resolve DWLs,
and fine enough horizontal grid spacing in the atmosphere, to resolve atmospheric convection. With the devel-
opment of deca- to kilomelter scale simulations in a coupled configuration (Hohenegger et al. (2023)) such inves-
tigations are becoming possible. Prominent among the newest studies are the papers by Voldoire et al. (2022)
and Brilouet et al. (2021). In Voldoire et al. (2022), a single column coupled model has been considered, while
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in Brilouet et al. (2021), a one column ocean model has been coupled to an atmospheric large-eddy simulation
model integrated over a limited area. Both experiments are based on or validated with the data from the Dynam-
ics of the Madden Julian Oscillation (DYNAMO) campaign, during which diurnal SST differences of several
Kelvin were observed. Voldoire et al. (2022) showed that the impact of DWLs on the boundary layer depth,
atmospheric moisture and precipitation seems to be small. In contrast, de Szoeke et al. (2021) argued that in the
observations from the DYNAMO data set, convection is enhanced on days with large SST differences. Finally,
Voldoire et al. (2022) conjectured that a single column model cannot capture horizontal interactions that might
lead to a larger impact.

To the authors' knowledge, there is yet no study extending the question of interactions between DWLs and atmos-
pheric convection to a realistic, global framework with resolved convection. And yet, atmospheric convection
plays a key role in the energy and water cycle in the tropics, therefore describing the driving mechanisms of
convection and assessing their importance is crucial.

The present study aims at closing this gap and at analyzing the impact of DWLs on atmospheric convection in a
global, coupled ICON simulation with 5 km horizontal resolution and decimeter grid spacing in the first oceanic
layers. This allows us to resolve DWL and convection, to assess their interactions, also by resolving horizontal
gradients, and to analyze the global impacts of DWLs. We are particularly interested in understanding whether
the presence of DWLs enhances CC in a time frame of several days and if so, whether this happens through a
direct moistening by the latent heat flux (LHF) or by enhancing spatial gradient in SST and mesoscale circula-
tions. Moreover, the global nature of our simulation allows to zoom in on different areas and encompass other
meteorological and sea conditions than the ones of the DYNAMO campaign.

The manuscript is structured as follows. In Section 2 we describe the setup of the experiments, and in Section 3
we analyze the representation and properties of DWLs in global ICON simulations. In Section 4 we quantify
the effect of DWLs on surface fluxes, atmospheric moisture and clouds, and finally in Section 5 we present the
conclusions of our work.

2. Experimental Setup

To study the effect of DWLs, we conduct global coupled simulations with the ICON model in its Sapphire
configuration. The Sapphire configuration targets simulations with a horizontal grid spacing finer than 10 km.
For our simulations, we use a setup similar to the simulation called G_AO_5 km in Hohenegger et al. (2023),
with small deviations that will be described below. The model is fully coupled, and at the horizontal reso-
lution of approximately 5 km it is at the boundary of resolving convection. Although the cloud amount
associated with shallow convection is expected to be overestimated (see Vial et al. (2019) and Hohenegger
et al. (2020)), it has been demonstrated in Vial et al. (2019) that both amplitude and shape of the diurnal cloud
cycle remain similar for horizontal resolutions varying between 150 m and 2.5 km in ICON simulations. This
setup allows us to directly assess how an SST anomaly influences convection, to study possible interactions
between clouds and DWLs in a highly realistic context, and to analyze global implications of including DWLs
into models.

The main prerequisite for resolving DWLs in ocean simulations is high vertical resolution of the upper oceanic
layers (cf. Brilouet et al. (2021)). The introduction of the z* ocean coordinate into the ICON model (detailed in
Singh and Korn (in preparation)) allows running global experiments with an unprecedented vertical resolution.
For the purposes of this article, we conducted two simulations. One has 128 ocean vertical levels, starting at 2 m at
the surface and gradually growing with depth, which is also the setup in G_AO_5 km in Hohenegger et al. (2023).
This simulation plays the role of the reference simulation. The other has 139 ocean vertical levels, starting with
0.5 m and gradually increasing and blending into the reference setup from 45.4 m depth (see Figure A1 in Appen-
dix A). To determine layer thicknesses necessary for resolving DWLs, while keeping the total number of layers
as low as possible, we ran test simulations with the one dimensional ocean model GOTM (Umlauf et al. (2005)).
The vertical grid that we chose is sufficiently coarse to obtain a numerically stable global run and produces
DWLs whose temperature field is indistinguishable in its depth, magnitude and overall vertical structure from
a run with a 10 cm uniform grid (compare Figure A2 in Appendix A and Figure 1). We run both simulations
for 30 days starting 21 January 2020 and with the coupling and radiation time steps of 12 min, the atmosphere
time step of 30 s, and the ocean time step of 80 s. Both simulations have identical initial conditions, whereby the
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depth /m

0 12

20.28 generation of the initial ocean state is described in Hohenegger et al. (2023).

5653 We call the runs with 128 and 139 ocean levels S ., and S_ 1, respectively.

20.16 3. Representation of Diurnal Warm Layers

/°C

20:107% In this section we describe the features of DWLs as represented in our simu-

20.04 lations and compare them to known properties derived from measurements,
reanalysis, and limited-area decameter-scale simulations. As our main focus
19.98 is on tropical convection, we concentrate our analysis on the tropics which we

36 48 define here as the area comprised between 40°N and 40°S.

local time / h

Figure 1. 48 hr simulation of diurnal warm layers in GOTM with 139 3.1. Occurrence and Magnitude
ocean vertical levels (see Figure A1 for the detailed vertical resolution), as
will be used in ICON, for an idealized heat flux with a maximal radiation of First we diagnose DWLs and assess their occurrence and magnitude. Rigor-

600 W m~2, a constant wind speed of 8 m s~', and a time step of 80 s. ously speaking, DWLs are defined via vertical temperature gradients (see

e.g., Matthews et al. (2014)), as they represent a temperature anomaly sitting

on top of the ocean mixed layer. Instead of the temperature gradient, the
diurnal SST amplitude (DSA) is often used as a proxy (e.g., in Voldoire et al. (2022)), because, as mentioned
in Bellenger and Duvel (2009), in the tropics one can assume that horizontal advection happens at longer time
scales, and the temperature changes in the upper ocean can be attributed to DWLs. We also adopt this approach,
formally defining DWLs as places with DSA larger than 0.1 K, which corresponds to non-zero depth of a DWL
in Matthews et al. (2014). Care is required when following this approach, as SST in our model is defined as the
temperature in the uppermost layer. In S_, it is the average temperature over 0.5 m and in S_ , the average
temperature over 2 m. Since in this study our main interest is the response of the atmosphere, and since this
is the temperature that the atmosphere sees, we do not correct for this difference in our analysis.

In our simulations, DWLs are ubiquitous: Even spots with DSA of over 1.5 K cover 5% of the tropical ocean area.
Comparing DWLs in our simulations and in ERAS5 reanalysis, we can see in Figure 2 that for the last 10 days of
January the spatial distribution of DWLs is in moderately good agreement with each other, with a correlation
coefficient of 0.51. The areas with large DSA are well represented by both simulations, but in the less active
areas DWLs seem to appear more often in our simulations than in ERAS, creating a higher average. The major
hot spots of DWLs are in the Indian ocean south of the equator, along the western coasts of America and Africa,
and in the southern part of the Pacific, both in our simulations and in ERAS. Similar areas are also identified
in the January climatology map of Bellenger and Duvel (2009). The discrepancy between the DSA pattern in
simulations and ERAS might be due to the divergence in atmospheric conditions over 10 days as well as to local
biases in near-surface winds (not shown). A striking feature of our simulation is that, while for S_ ., the DSA
field appears nearly homogeneous and the extremes are underestimated compared to ERAS, as expected from
the use of thick ocean vertical layers, the amplitudes in S, ,,,; are much larger than in the reanalysis, with values
twice as high. Our values are in contrast with observations as summarized in Kawai and Wada (2007), where the
average DSA values during the boreal winter rarely surpass 1 K. Since Kawai and Wada (2007) employed the
skin temperature to diagnose DWL, we can conclude that DSA is overestimated in S, ;. This is confirmed by
further observations. The PIRATA buoys located at 0°N10°W and 0°NO°E at 1 m depth have each measured DSA
of under 0.7 K in the same period, and the average DSA measured during the EUREC*A field campaign in the
area 56.5°W—59°W and 12°N—14.5°N is about 0.15 K, while in S_ ;.
0.71 K respectively. A possible cause for the overestimation is insufficient vertical mixing in the upper layers of

the values at these locations are 1.8 and

the ocean. As this study concentrates on the atmospheric effect of the DWLs, this problem does not jeopardize
the analysis, and if anything indicates that the simulated effects will be too strong.

Another important feature is that in S_,,, DWLs tend to avoid areas with high CC: on a given day, 24% of
cells over the ocean have a CC of 0.9 or higher, while for cells where DWLs develop this number reduces to
13%. However, there are also many areas with a low CC and yet no significant DWLs, as shown in Figure 3.
For instance, out of all arcas with CC below 0.3 on a given day, only 9% developed DWLs with DSA of 1.5 K
or higher. This is a consequence of a property well documented in observational studies. Indeed, as explained in
Soloviev and Lukas (2013), shortwave radiation and surface wind are the two principal driving factors of DWLs,
where high shortwave radiation and low wind speed favor the appearance of DWLs. The previously mentioned
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Figure 2. Magnitude of the diurnal SST amplitude (max—min), averaged between 22 and 30 January 2020 in (a) S_,,o;» (b)
S, pwr» and (¢) ERAS. The white rectangle in (b) designates an area in the Indian ocean that is analyzed in Section 3.1, and
the black rectangle designates the EUREC*A campaign area.
areas with low CC but no DWL correspond to high-wind zones. The relationship of DWLs with downward short-
wave radiation and near-surface wind speed will be further explored in Section 3.2.
As to the horizontal extent of DWLs as simulated by Sy, , there are two observations to be made. As shown
in Figure 4a, there are many small clusters of DWLs, but the total area they cover is practically negligible:
although 177 clusters out of 799 are of size <625 km?, the total area covered by them amounts to only 0.3%
of the entire area covered by DWLs. On the opposite end of the histogram in Figure 4a, one can see that there
are a few clusters of size 10° km?. They form predominantly in the high DSA areas from Figure 2 (not shown).
40°N
20°N
0
20°S
a0°s L=
0,500 0.625 0.750 0.875 1.000
Cloud cover
Figure 3. Cloud cover on a particular day (23 January 2020) in S, . Red shaded areas correspond to diurnal warm layer
regions with DSA of over 1.5 K.
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Figure 4. Diurnal warm layer (DWL) statistics for S, : (a) clusters of DWLSs to the threshold of 1.5 K on a particular day (23 January 2020) ordered in a histogram
of cluster sizes, (b) normalized histogram of DWL episode lengths to different thresholds for the box 70°E—75°E and 5°S—10°S (see white box in Figure 2) over a

period of 30 days.

Depth/ m
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Moreover, for each particular grid cell, the DWLs do not seem to be persistent: for instance, in a region with
very high DSA in the Indian ocean (between 70°E—75°E and 5°S—10°S, see the white square in Figure 2b)
during a period of 30 days no episode of DSA >0.6 K lasted longer than 10 days, and 80% of all episodes
lasted 5 days or less (see Figure 4b). Expectedly, the persistence time becomes shorter if a higher threshold
for DSA is considered. This result is similar to the findings in the ERA40 forced simulation in Bellenger and
Duvel (2009), where they showed that the DWL episode duration decays faster than exponentially. The lack
of persistence applies even to large clusters that can completely change their location from 1 day to the next
(not shown).

3.2. Structure of DWLs and Preconditions for Their Formation

For a deeper understanding of how the known properties of DWLs are captured by S_,,,; we focus on a study
of this phenomenon in the tropical northern Atlantic region off the coast of Barbados, more precisely in the
box 56.5°W—=59°W and 12°N—14.5°N corresponding to the region of the EUREC*A field campaign (Stevens
ct al. (2021)).

First, we examine the vertical structure of a DWL produced in the simulation S, 1y, . As shown in the anomaly
profile (Figure 5), the incoming heat quickly accumulates in the upper layers during the day, as the warming
of the upper layers creates a stable stratification if the mixing is slow, which is the case under low wind condi-
tions. During the night, the DWL slowly dissipates until a single mixed
layer is restored. As mentioned before, in this region, the heat anomalies

07 are overestimated: a typical DSA in glider observations is approximately
- 0.15 K (see Hohenegger et al. (2023), Figure 11c), while in S, in a

calm period it is around 0.3 K. The time of the maximum and minimum is
captured accurately compared to these observations (between 14 and 17 hr
LT and between 5 and 8 hr LT respectively).

Another analysis demonstrates that the dependency of DSA on insolation
and surface wind observed, among others, in satellite measurements in
Gentemann et al. (2003), are reproduced in ICON simulations as expected,

3

-0.15

Figure 5. Sea water temperature (3 hr mean output) averaged over 3 days over
the box 56.5°W-59°W and 12°N-14.5°N, time anomaly.

9

12 15 18 21 24
Local time / h

namely higher DSA correlates with lower winds and higher downward short-
wave radiation at the surface. The scatterplot in Figure 6a shows a relation-

0.00 0.15 ship similar to the formula
T/K

U= forU < 4-5Sms™',
DSA ~
U~ forU > 4-5Sms~',
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Figure 6. 2D histograms ol sea surlace temperature amplitude and (a) 10 m wind speed as well as (b) shortwave radiation over the box 56.5°W (o 59°W and 12°N (o
14.5°N in S,y - The blue and red lines in (a) indicate the interpolation of U~" and U~ to higher and lower wind speeds respectively. The red line in (b) is the linear

regression fit between the variables.

suggested in Soloviev and Lukas (2013) for 10 m wind speed U, although the threshold appears to be located at
6—7 m s~! rather than at 4-5 m s~!. Also the linear dependence on shortwave radiation described in Matthews
pwr, (Figure 6b). In particular, the slope of the linear regression between
DSA and surface downward shortwave radiation in ICON is 0.0023 K W~! m?, which is indeed close to the slope
0l 0.0021 K W~! m? found in Matthews et al. (2014). The large scattering of points in Figure 6b is caused by the
joint influence of wind speed and radiation on DWLs.

ctal. (2014) seems to be confirmed in S

4. Effect of DWLs on Convection

The previous section shows that DWLs are frequent in the tropics, they cover large areas and persist over several
days. We can therefore hypothesize that they might have an effect on atmospheric convection, either by creating
horizontal air temperature gradients, or by enhancing the moistening of the overlying air. Moreover, as DSA in
S, pwy is overestimated, the effect of DWLs is expected to be too strong.

To assess the impact of DWLs on convective clouds, we need to compare the values of relevant variables in places
where DWLs develop to places where they do not develop. A clean way to accomplish this without having to
account for other sources of variability is to compare the differences between these values in S, and S_ ., at
places where DWLs of a certain magnitude are present in S_ ;. A key point in this analysis is to only include
the first 4 days after the start of the simulation into the investigation to ensure that the two simulations remain
close and do not diverge due to the chaotic nature of the atmosphere. Figure 7 shows that both simulations indeed
remain highly correlated during the first several days, and this correlation is well above a simple measure of

persistence, computed here as 1-day lag correlationin S_ ..

To conduct our analysis, we proceed as follows. As we are interested in the temporal evolution of the effects of
DWLs, we move the entire output to local time. The analysis then starts at a given point on the first full day,
making sure that at every grid cell a spin up period of at least 12 hr can be discarded. The ocean is then subdivided
into 0.25° X 0.25° disjoint squares, and for each square the hourly maximal SST difference between S_,,; and
S during a day, denoted by ASST, is computed. Based on this first day of the analysis that we also call the
detection day, two groups can be formed: one called the “no DWL difference” group, where ASST stays below
0.1 K, and another one where ASST lies between certain thresholds 7', and 7,, which we call the “DWL differ-
ence between 7, and 7,” group. Note that the plot of ASST yields a map very similar to Figure 2b (Figure B1 in
Appendix B), and thus can be used as a proxy for identifying DWL areas. We use this proxy from now on to cover
a larger variety of cases and to obtain a cleaner comparison.

control
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Figure 7. Temporal evolution of the global correlation between S_ ., and S_y, (black line) and of S_ ., with itself shifted by 24 hr (green line) for (a) near-surface
wind, (b) cloud cover, and (¢) incoming shortwave radiation at the surface. The vertical line at 6 hr LT designates the approximate beginning of the formation of diurnal

warm layers.

The subsequent analysis consists in comparing the two groups to each other, focusing on the time series of the
differences in relevant variables over the days 1-3, with day 1 being the detection day, see Figure 8 for an example
of the differences in SST. Statistically, it is supported by #-tests for equality of means for independent samples
with different variances. We consider groups with 7, and T, increasing in steps of 0.1 K, every T, = T, = 0.1 K
group having at least 1,695 cells, a sufficient number to ensure the robustness of the results. The size of the
squares is chosen in accordance to the cluster sizes discussed in Section 3.1 (see Figure 4), as a mesoscale anal-
ysis is sufficient to capture a possible effect of DWLs, and also because the temperature and moisture changes
produced by one isolated output cell are not expected to have a large effect and would be quickly mixed in the
atmosphere. Moreover, we make the assumption that the effects in cloudiness are localized. Indeed, the impact
of DWLs on CC via moistening is a local effect, and the mesoscale circulation created by SST gradients would
also result in cloud formation over DWLs. With this assumption, the samples can be treated as independent. We
analyze the results over 3 days, because we want to study the overall duration of the atmospheric reaction in
the areas where there were DWLs and catch possible reinforcement phenomena under realistic persistence condi-
tions of DWLs. To avoid capturing temporally correlated events, we also refrain from treating the output shifted
by a day or more as additional samples.

4.1. Impact on Latent Heat Flux and Related Quantities

First we investigate whether higher ASST leads to more moisture in the air
over DWL areas. This will help understand whether cloud formation may be

1.6

14

impacted over DWLs. In particular, we are going to concentrate on differ-

— ASST <0.1 ences in LHF and column water vapor path (WVP) to measure the effects on
—w LSST D20\ evaporation and column moistening respectively, as shown in Figure 9.
—— ASST 0.6-1.0
ASST1.0-1.5 The first observation concerning the plots (a, b) in Figure 9 is that the differ-
A SST 1.5-2.0

ences between S, and S_ . in the “no DWL difference” group after
the detection day revolve around zero, as expected and further justifying our
approach. This is not the case for the “DWL” groups. Differences are clearly
appearing and are of larger magnitude, the stronger the DWL is.

0.4 The LHF is increased when DWLs are present, with a peak around noon on

every day, as expected from the diurnal cycle in SST. WVP is always higher
0.2 over DWLs. The difference decreases in the morning hours of the detection
0.0 day and increases rapidly thereafter. The dip could be caused either by a dip

in LHF, by an increase of precipitation or by a weakening in convergence of

00

Figure 8. Time series of S, -S

36 48 60 72 moisture. As LHF is increased and there is no excessive rain over DWLs (not

Local time / h

shown), the dip must be due to weaker convergence, which might be caused

for different ASST. by a weakening of surface wind required for DWL formation. The increase of
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Figure 9. Time series of S, [y, -S, o and #-test significance levels in bins of 0.1 K for latent heat flux (a, ¢) and water vapor path (b, d). On panel ¢ and d, white means

not significant.

WVP after 12 hr LT reflects the increase in moisture due to increased LHF. One can trace the propagation of the
moisture response to DWLs in Figure 9, since the onset and duration times of the effects are different: while LHF
reacts immediately and is tied directly to differences in temperature (see Figure 8), the effect on WVP is delayed
by several hours and persists over the following days without losing its magnitude.

Figures 9c¢ and 9d confirms that the differences observed visually are highly significant even on the third day
and even for small ASST with p-values smaller than 0.005, except for the nighttime values of LHF. However, an
important point is that the absolute differences are rather small, especially for smaller ASST: For instance, for
ASST between 0.6 and 1.0 K, the maximum difference of LHF is below 15 W m~2 and WVP is below 0.2 kg m~2.,
One can compare these values with global averages of the two quantities over the ocean, which are ca. 130 W m~2
for LHF and ca. 34.6 kg m~2 for WVP. The order of magnitude of LHF changes is similar to that found in the
single column configuration in Voldoire et al. (2022).

In Acquistapace ct al. (2022), the authors described an observational case study in the EUREC*A region that
compares the atmospheric response to a mesoscale cold patch with 1 K difference to other parts of the ocean in
this region. Although this difference in SST is comparable to the differences caused by DWLs, the impact on
the LHF in this study is much higher than the values shown in Figure 9a and has on average 70 W m~2 higher
values in the subcloud layer over the warmer area. The difference between the two studies could come from the
different height use to compute the LHF, at the surface versus in the subcloud in Acquistapace et al. (2022).
This is nevertheless unlikely as LHF only slightly increases with height (sec Sicbesma et al. (2003)). The other
explanation could be the wind. The principal difference between DWLs and an SST anomaly of a different origin
is that the appearance of DWLs requires windstill conditions, and this has an influence on LHF, as it scales line-
arly with wind. Indeed, the winds in Acquistapace et al. (2022) are about 10 m s~!, while in our case, winds in
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the 1 K difference group are on average 2.75 m s~!. Given that in the 1 K difference group the LHF difference
is 18 W m~2 (see Figures 8 and 9), a three times higher wind would have given values similar to Acquistapace
et al. (2022). We can conclude from this simplified calculation that the wind is an important inhibition mecha-
nism for the possible effect of SST anomalies caused by DWLs on the atmosphere.

4.2. Impact on Cloudiness

The variables we consider for analyzing the impact of DWLs on clouds are total CC and cloud liquid water
(CLW) path (CLW). In our configuration of the ICON model, the CC values are binary, so the values over 0.25°
boxes represent the fraction of the gridpoints in that box covered by clouds.

The responses of CC and CLW shown in Figure 10 are very similar to each other. The “no DWL difference” time
series is fluctuating around zero after the detection day, but on the detection day itself there is a peak at midday. In
contrast, the DWLs regions exhibit dips at the same time, and the magnitude of these dips is positively correlated
with the ASST amplitude (see Figures 10a and 10b and Figures 10e and 10f). This illustrates the prerequisite for
DWLs to exist mentioned in Section 3.1: The appearance of DWLs is generally favored by a lower cloud amount.
Subsequently we can observe the cloud response to the formation of DWLs on the detection day: after about 12 hr
LT, the difference between S_,,,; and S, in both CC and CLW over DWLs starts to grow, and by 15 hr LT the
peak of discrepancy is reached. This growth is statistically significant starting from an SST amplitude of 0.3 K,
and the effect persists longer for higher values of ASST, namely until 20 hr LT for ASST of 1.5-2.0 K and until
18 hr LT for ASST of 0.3-1.0 K for CC. Moreover, the effect seems to last longer for CLW, although the values
of both variables fall back below the zero line already during the night. In total, the increase of cloud following
the formation of a DWL lasts up to 5-6 hr.

A behavior similar to the first day, that is, less CC and CLW in Sy, compared to S, in the morning and rise
of these quantities in S, 1, in the afternoon, can be observed also on the second and third day after the detection
day (Figures 10a and 10b), however, the deviation is barely significant: most of the time, the p-value is above
0.05, especially for higher values of ASST (Figures 10c and 10d). This means that the increase of the quantities
is often not homogeneous enough to be interpreted as systematic (see Figures 10c and 10d). A crucial factor here
is the absolute magnitude of the differences: In extreme cases, for ASST between 1.5 and 2.0 K, the deviation
of CC reaches 0.03 and that of CLW 0.02 kg m~2 on the detection day. On the following day the corresponding
maximal values fall to 0.01 and 0.01 kg m~2, while the averages are 0.001 and 0.002 kg m~2 respectively (see
Figures 10a and 10b). We can compare those to the average values of CC and CLW over DWLs, 0.65 for CC and
0.11 kg m~? for CLW. The average increase in CLW is about 1% and the increase in CC is about 0.2% on the day
following even very large ASST. We can therefore conclude that the effect on the cloud water content is higher
than the contribution of DWLs to CC change, but the effects are very small.

The morning/midday dip of CC and CLW over DWLs even overcompensates the subsequent rise of these quanti-
ties. Figure 11 shows mean CC differences between S_,,,, and S_ ., as a function of ASST on the detection day.
For ASST above 0.1 K the simulation S, has lower values of CC than S and only for ASST below 0.1 K
the reverse is true, such that on average, S, . The effect of DWLs appears to
be dominated by the variability of the model. All in all, we can conclude that DWLs do not increase the global
mean of CC or CLW path.

contro!
control®

has slightly less cloud than S

‘control®

We continue the analysis by looking at deep and shallower clouds separately, as one might expect to see more
effects associated with one type of clouds. We differentiate between deep and shallow clouds by taking the outgo-
ing longwave radiation at the top of the atmosphere of 240 W m~2 as a threshold. This value is mentioned in Fu
et al. (1990) as the threshold often used to identify deep convection. The figures for shallower clouds are very
similar to Figure 10 (not shown), which can be explained by the fact that most DWLs are found outside of deep
convective regions, see Figure 2b or Figure B1. The deviation for CLW in deep clouds is somewhat larger, up to
0.03 kg m~2 on the detection day. As shown in Figure 12a for CC, the effects, despite being a bit larger, remain
very small and do not exhibit systematic significance (Figure 12c). Considering precipitation as an additional
possibility to see an impact of DWLs (Figures 12b and 12d), we see that there is no sufficient evidence to attribute
the fluctuations of precipitation, even for higher values of ASST, to anything more than chance.

The global results obtained in this section for the CC, CLW, and precipitation seem robust with respect to the
chosen large-scale area. In particular, excluding the subtropics has no effect on the amplitudes or the temporal
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Figure 10. Time series of S,y -S_, o1 £-test significance levels in bins of 0.1 K, and maximal (red) and minimal (blue) value of the deviation on the detection day for
cloud cover (a, c, ) and cloud liquid water (b, d, ).

behavior of these quantities. Moreover, the results remain quantitatively unchanged if the simulations are
compared after additional 24 hr of spinup (not shown).

The last question that we want to investigate is to what extent the presence of DWLs might affect the diurnal
cycle of convection. We focus on the example of the EUREC*A field campaign, which took place in the northern
tropical Atlantic. For this region the diurnal cycle of shallow convection has been studied in great detail in Vial
et al. (2019). In particular, it has been shown there that, in observations as well as in large-eddy simulations
(LES), the CC peaks during the day, which might make it more susceptible to SST in comparison to other regions.
In our case, both S, and S, overestimate the CC found in observations by a factor of 2, as was expected
from the resolution sensitivity study in Vial et al. (2019), but capture perfectly the time structure as well as the
amplitude of the cycle: minimum between 12 and 15 LT, maximum at 2 LT, amplitude of about 0.1 (Figure 13),
in good agreement with observations in Vial et al. (2019). The increase in CC resulting from the appearance
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0.0050{ x of DWLs occurs in the late-afternoon. If anything, CC slightly decreases at
other times. Both effects taken together tend to slightly reduce the diurnal
0.0025 1 amplitude. The fact that DWLs only have a small influence on the diurnal
I e cycle of CC is consistent with the study in Vial et al. (2019) that reproduced
§ % the main features of the cycle in LES despite using an SST with no diurnal
2 —0.0025 1 cycle.
£ Y
5 x X 5% X X x x
Y —0.0050 ] x 5 g
X x . . .
~0.0075 1 % x 5. Discussion and Conclusions
—0.0100 1 x x e 5% By introducing thin vertical levels into the global coupled ICON model, we
0.0 05 10 15 50 could directly resolve DWLs and assess their impact on the atmosphere. The

ASST

Figure 11. Diurnal mean cloud cover (CC) differences (S, py; -S onrop) @5 @
function of ASST (black crosses). The red cross is the average CC dillerence
against the average ASST.

simulations employed a grid spacing of 5 km, both in the atmosphere and
ocean, so that ocean mesoscale eddies and atmospheric convection can be
resolved explicitly. The DWLs produced by the simulation reproduce the
physical features known from observations and limited area decameter simu-
lations, but the magnitude of the diurnal SST fluctuations is exaggerated in
comparison to reanalysis, by about a factor of two.

The increase in the amplitude of the diurnal cycle of SST in regions with DWLs leads to a corresponding increase
in LHF and WVP. The effects are significant, even on days 2 and 3 following the detection of a DWL, but the
values are small: 7 W m~2 difference in LHF and 0.1 kg m~2 difference in WVP for a SST difference of 0.6 K.
In the late-afternoon of the detection day, CC and CLW content also increase, but the effects are small and lose

statistical significance within 5-6 hr of appearance. What is however significant is a decrease in CC and liquid

water content on the day of detection, around noon. This expresses the fact that DWLs favorably form in areas of
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Figure 12. As Figure 9, but for cloud cover (a, ¢) and precipitation (b, d) associated with deep convection.
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0.62 low CC, and hence high insolation. This effect compensates the subsequent
0.60 increase. All in all, resolving DWLs does not affect the mean CC over trop-
ical oceans.
0.58
- The amplitude of the observed differences in LHF is similar to findings in
% 0.56 Voldoire et al. (2022), and the impact on CC shows that convection over
é 0.54 DWLs is enhanced, as it is claimed in the observation study of de Szoeke
8 etal. (2021). Moreover, the small influence of DWLs on the CC diurnal cycle
0.52 in the tropical Atlantic supports the results in Vial et al. (2019). A surpris-
050{ ¢ ing finding of our study is that the impact of DWLs on convection remains
ot small even for a strongly enhanced diurnal SST amplitude over this particular
0.48 |~ Snoow. region as well as globally. A possible reason for this is that DWLs develop

00 03 06

12 15 18 21 00 in windstill areas, and their impact on the LHF therefore remains small, in
contrast to the observational study in Acquistapace et al. (2022) showing a

Local time / h

Figure 13. Diurnal cloud cover cycle in the box 56.5°W to 59°W and 12°Nto large atmospheric effect of a I K SST anomaly under high wind (10 m s~).

14.5°N, composite over 30 days.

In view of this crucial difference, we conclude that it is important to resolve
(sub)mesoscale oceanic structures such as eddies that result in large SST
anomalies even under strong wind conditions.

We finish the discussion by focusing on the implications and limitations of our study. In the subtropics, the
resolution of 5 km can strongly distort the representation of shallow convection. Although the similar behavior
between the different resolution simulations in Vial et al. (2019) is encouraging, we cannot exclude at the outset
that our results may be biased by a poor representation of shallow convection. Still, we could also not find any
significant effect of DWL on deep convection, which suffers less from the limitation in grid spacing.

Regarding the question of the importance of DWLs in models, one needs to differentiate between the local and
the overall impact. In our exemplary study in the northern tropical Atlantic, the presence of DWLs can reduce the
amplitude of the diurnal cycle of the CC by up to 10% (see Figure 13). In some specific cases with extraordinarily
high DSA, DWLs might indeed play a role. However, this remains a rare and local phenomenon.

The analysis in this manuscript only concerns short-term effects of DWLs. However, it is known that the mean
SST increases in DWL areas (Bellenger and Duvel (2009)). Therefore, inclusion of DWLs will have a long-term
influence on the energy budget that is not treated here, but at least for short-term effects, our study demonstrates
that DWLs do not have a global and significant impact.

Appendix A: Vertical Resolution of the Simulations

Figure A1 demonstrates the difference in vertical resolutions between Sy, and S_ ...

—— Scantral

— Siowm

Grid cell size/ m
N w H w ()} ~

[

0 25 50 75 100 125 150
Depth / m

Figure Al. Layer thicknesses for S, ,,, and S for the upper 150 m.

control
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Figure A2 shows vertical temperature profiles for a GOTM run with 0.1 m uniform vertical resolution.
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Figure A2. (a) As in Figure 1, but with uniform 0.1 m thick vertical layers. (b) Difference between the temperature profiles
in Figurc 1 and (a).

Appendix B: Average ASST as Proxy for DSA
Figure B1 shows the field of ASST on the detection day.

40°N 1

Figure B1. ASST on detection day.

Data Availability Statement

Detailed information concerning the ICON model is contained in the publication Hohenegger et al. (2023). The
ocean model GOTM is documented in Umlauf et al. (2005) and can be installed from https://gotm.net. The
ERAS data set used in this study has been provided by the Climate Data Store. The versions of ICON and
GOTM used to produce the output, the run scripts, as well as the code that produces the figures can be found in
https://hdl.handle.net/21.11116/0000-000C-1447-E.
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